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Abstract: Dark brown sediment layers are a potential stratigraphic tool 

in Quaternary Arctic Ocean sediments. They are rich in Mn, Fe, and trace 

metals scavenged from the water column and were most likely deposited 

during interglacial intervals. In this study, we combine sediment and 

pore water data from sediment cores taken in different parts of the 

Arctic Ocean to investigate the influence of early diagenetic processes 

on sediment geochemistry. In most studied cores, Mn, Co, and Mo are 

released into the pore waters from Mn oxide dissolution in deeper (>1.5 

m) sediment layers. The relationship between sedimentary Mn, Co, and Mo 

contents in excess of the lithogenic background (elementxs) shows that 

Coxs/Moxs values are a diagnostic tool to distinguish between layers with 

diagenetic metal addition from the pore waters (Coxs/Moxs<1), layers 

affected by Mn oxide dissolution and metal release (Coxs/Moxs>10), and 

unaffected layers (Coxs/Moxs from 1 to 10). Steady-state calculations 

based on current pore water profiles reveal that in the studied cores, 

the diagenetic addition of these metals from the pore water pool alone is 

not sufficient to produce the sedimentary metal enrichments. However, it 

seems evident that dissolution of Mn oxides in the Mn reduction zone can 

permanently alter the primary geochemical signature of the dark brown 

layers. Therefore, pore water data and Coxs/Moxs values should be 

considered before core correlation when this correlation is solely based 

on Mn contents and dark sediment color. In contrast to the mostly non-

lithogenic origin of Mn in the dark brown layers, sedimentary Fe consists 

of a large lithogenic (80%) and a small non-lithogenic fraction (20%).  

Our pore water data show that diagenetic Fe remobilization is not 

currently occurring in the sediment. The dominant Fe sources are coastal 

erosion and river input. Budget calculations show that Fe seems to be 

trapped in the modern Arctic Ocean and accumulates in shelf and basin 

sediments. 

The Fe isotopic signal į56Fe of the solid phase is positive (~0.2 to 
0.3‰) in samples defined as the lithogenic background without significant 
Fe enrichments. With increasing non-lithogenic Fe contents in the 

sediment, į56Fe becomes more negative, which indicates a shelf-to-basin 
export of an isotopically lighter Fe fraction. We assume that the same 

transport process is true for Mn. 
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Dark brown sediment layers are a potential stratigraphic tool in Quaternary Arctic 16 

Ocean sediments. They are rich in Mn, Fe, and trace metals scavenged from the 17 

water column and were most likely deposited during interglacial intervals. In this 18 

study, we combine sediment and pore water data from sediment cores taken in 19 

different parts of the Arctic Ocean to investigate the influence of early diagenetic 20 

processes on sediment geochemistry. In most studied cores, Mn, Co, and Mo are 21 

released into the pore waters from Mn oxide dissolution in deeper (>1.5 m) sediment 22 

layers. The relationship between sedimentary Mn, Co, and Mo contents in excess of 23 

the lithogenic background (elementxs) shows that Coxs/Moxs values are a diagnostic 24 

tool to distinguish between layers with diagenetic metal addition from the pore waters 25 

(Coxs/Moxs<1), layers affected by Mn oxide dissolution and metal release 26 
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(Coxs/Moxs>10), and unaffected layers (Coxs/Moxs from 1 to 10). Steady-state 27 

calculations based on current pore water profiles reveal that in the studied cores, the 28 

diagenetic addition of these metals from the pore water pool alone is not sufficient to 29 

produce the sedimentary metal enrichments. However, it seems evident that 30 

dissolution of Mn oxides in the Mn reduction zone can permanently alter the primary 31 

geochemical signature of the dark brown layers. Therefore, pore water data and 32 

Coxs/Moxs values should be considered before core correlation when this correlation 33 

is solely based on Mn contents and dark sediment color. In contrast to the mostly 34 

non-lithogenic origin of Mn in the dark brown layers, sedimentary Fe consists of a 35 

large lithogenic (80%) and a small non-lithogenic fraction (20%).  Our pore water data 36 

show that diagenetic Fe remobilization is not currently occurring in the sediment. The 37 

dominant Fe sources are coastal erosion and river input. Budget calculations show 38 

that Fe seems to be trapped in the modern Arctic Ocean and accumulates in shelf 39 

and basin sediments. 40 

The Fe isotopic signal 56Fe of the solid phase is positive (~0.2 to 0.3‰) in samples 41 

defined as the lithogenic background without significant Fe enrichments. With 42 

increasing non-lithogenic Fe contents in the sediment, 56Fe becomes more negative, 43 

which indicates a shelf-to-basin export of an isotopically lighter Fe fraction. We 44 

assume that the same transport process is true for Mn. 45 

 46 
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The Arctic Ocean plays an important role for the global climate because it impacts 53 

deep water formation in the North Atlantic and therefore the global overturning 54 

circulation (Aagaard et al., 1985). As the Arctic Ocean is very sensitive to climate 55 

change, research into the impacts of current global warming, sea ice melting and sea 56 

level rise has been intensified over the last decades (e.g., Lambeck et al., 2002; 57 

Anisimov et al., 2007). Sedimentary records are valuable archives of different climate 58 

conditions in the past, and the response of the Arctic Ocean to these conditions. 59 

Extraction of this information can provide unique insights into the past, and possibly 60 

future effects of changing environmental conditions in this highly sensitive 61 

environment. An important requirement for such studies is the establishment of an 62 

accurate age model for the sediments, which is an omnipresent problem in the Arctic 63 

environment (Alexanderson et al., 2014). The use of several conventional dating 64 

techniques in the Arctic (e.g., 14C dating, į18O stratigraphy) is hindered by low 65 

organic matter contents in the basin sediments, poor preservation of calcareous tests, 66 

and problematic correlations of Arctic to lower latitude oxygen isotope records due to 67 

the changing fresh water contribution from Arctic rivers (Backman et al., 2004; 68 

Spielhagen et al., 2004). An alternative potential stratigraphic tool for core correlation 69 

in Quaternary Arctic sediments are widespread, cyclically occurring dark brown Mn-70 

rich sediment layers. They seem to have formed during interglacial intervals by 71 

enhanced Mn input (Jakobsson et al., 2000; März et al., 2011; Meinhardt et al., 2014; 72 

recent review by Löwemark et al., 2014). In oxic waters Mn particles in the form of 73 

(oxyhydr)oxides are often associated with Fe (oxyhydr)oxides. During settling to the 74 

sea floor, these Mn- and Fe-rich particulates scavenge trace metals from the water 75 

column, creating parallel sedimentary enrichments in, e.g., Co, Mo, and Ni (Goldberg, 76 

1954; März et al., 2011; 2012; Meinhardt et al., 2014). The dark brown layers may be 77 

used for core correlation if they were deposited synchronously across the whole 78 
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Arctic Ocean during interglacials (Löwemark et al., 2012, 2014). However, this 79 

stratigraphic use of the brown layers is only justified when significant diagenetic 80 

modification can be excluded. Dissolution and re-precipitation of Mn or Fe 81 

(oxyhydr)oxides and other sediment components after deposition have the potential 82 

to completely erase primary Mn layers, and form new Mn layers at the redox 83 

boundary in the sediment (e.g., Li et al., 1969; Burdige, 1993; Macdonald and Gobeil, 84 

2012). These processes may disrupt the climatically forced sequence of Mn 85 

enrichments, and therefore prevent their use for stratigraphic purposes (Sundby et al., 86 

2015). 87 

In addition to these marked Mn enrichments, another prominent feature of Arctic 88 

Ocean sediments is the enrichment of Fe relative to average shale in different 89 

sediment layers. In sediment cores from the Mendeleev Ridge, many dark brown Mn-90 

rich layers have elevated Fe contents as well, although the variations in Fe contents 91 

are less pronounced (März et al., 2011, 2012; Meinhardt et al., 2014). Particularly in 92 

Mendeleev Ridge surface sediments, Fe contents in excess of the lithogenic 93 

background (Fexs) are on the same order of magnitude (by weight) as Mnxs contents 94 

(Meinhardt et al., 2014). However, despite significant progress in our understanding 95 

of Arctic Mn-, Fe-, and trace metal-rich layers, a more systematic investigation of 96 

these particular geochemical features is still missing. In this study, we combine solid 97 

phase and pore water data of sediment cores from different parts of the Arctic Ocean 98 

to determine which elements are currently influenced by dissolution/reprecipitation 99 

processes, and to what extent the location and composition of dark brown layers is 100 

modified by diagenesis. By analyzing Fe isotope ratios in selected sediment layers 101 

we will further extend our discussion of potential sources for the Fe enrichments in 102 

Arctic Ocean sediments. We also evaluate whether diagenetic processes influence 103 

the sedimentary Fe and Mn records in the same way. 104 
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 105 

2. Material and methods 106 

 107 

During R/V Polarstern expeditions ARK-XXIII/3 in 2008 and ARK-XXVI/3 in 2011 108 

(Jokat, 2009; Schauer, 2012), five gravity corer (GC) and eight multicorer (MUC) 109 

cores were collected (Fig. 1, Table 1). Shortly after core recovery, the GC cores were 110 

cut into 1 m segments. Pore water sampling was performed immediately with rhizons 111 

(polymer filter with 0.1 µm pore size, Rhizosphere; Seeberg-Elverfeldt et al., 2005) at 112 

4°C. Every 20 cm, holes were drilled into the liners of the GC cores. The rhizons 113 

were placed into the holes and syringes were attached. Pore water sampling of the 114 

MUC cores was performed in the same way on pre-drilled holes of the MUC tube (1-115 

5 cm intervals). Variable amounts of pore water were retrieved (5-10 ml) and stored 116 

at 4°C in polypropylene tubes. For later analyses of dissolved metals the pore water 117 

was acidified with distilled HNO3 to a pH of <2. Pore water for nutrient analyses was 118 

preserved by addition of HgCl2. Sediment samples were taken with a plastic spatula 119 

at a resolution of 1-5 cm and stored in plastic bags at 4°C. Sediments from all MUC 120 

cores and one GC core (248-6) were taken on board. For later on-shore sampling of 121 

GC cores 206-3, 220-7, and 237-3, plastic U-channels were used. After freeze-drying 122 

at the University of Oldenburg, the samples were finely ground (< 0.125 mm) in an 123 

agate ball mill for further analyses. 124 

Analysis of pore water ammonia was performed on board with the untreated pore 125 

water via photometry using a microtiter plate reader (Spectra Tecan; modified 126 

protocol based on Benesch and Mangelsdorf, 1972). Nitrate was analyzed on shore 127 

with a microtiter plate reader as well (Multiskan Go, Thermo Scientific; Schnetger and 128 

Lehners, 2014). Dissolved Mn (Mndiss) and S (calculated as SO4
2-) were analyzed by 129 

inductively coupled plasma-optical emission spectrometry (ICP-OES, Thermo-Fisher 130 
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iCAP 6000). Dissolved Co, Fe, and Mo (Codiss, Fediss, Modiss) were analyzed in 131 

medium resolution (4500) by ICP-mass spectrometry (Element 2, Thermo-Finnigan) 132 

with Lu and Y as internal standards. Sediment analyses of Al, Co, Fe, Mn, Mo, and 133 

Ni were performed by wavelength-dispersive X-ray fluorescence (XRF, Philips PW 134 

2400) on fused borate glass beads (detailed method in data repository of Eckert et al., 135 

2013). For ICP-OES analyses, accuracy and precision were determined with the 136 

standard NASS-5 (n = 7) and Mn-spiked Atlantic Sea Water (n = 23), and were <5%. 137 

For ICP-MS analyses, accuracy and precision were monitored with the standard 138 

CASS-5 (n = 10) and were <8% for Fe (accuracy only), Co, and Mo. Precision of Fe 139 

measurements was 27%, likely due to sample concentrations close to the detection 140 

limit. Several in-house standards (CAST, ICBM-B, Loess, PS-S, Peru) were used to 141 

determine accuracy and precision for XRF measurements, which were <4% for major 142 

elements and <9% for trace elements.  143 

The water content of each sample, determined as the difference between wet and 144 

freeze-dried sediment weight, was used to calculate the content of each sea salt 145 

constituent. All data were then salt-corrected to eliminate dilution effects resulting 146 

from sea salt enclosed in interstitial waters. Element contents are displayed in 147 

weight-% for major elements or ppm (µg/g) for trace elements, and are normalized to 148 

Al (according to Meinhardt et al., 2014). Average shale (AS; Wedepohl, 1971, 1991), 149 

which represents the mean composition of weathered upper continental crust, was 150 

used as a reference value. 151 

Element excess contents were calculated according to Brumsack (2006):  152 

 153 

elementxs = elementsample – Alsample • (element/Al)min          (1)  154 

 155 
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where (element/Al)min indicates the lowest ratio in the respective core to compare the 156 

authigenic enrichments of certain elements relative to the local terrigenous input. 157 

 158 

For analyses of Fe isotope ratios at the University of Hannover, Germany, 100 mg of 159 

each sample were dissolved in a mixture of 1.5 ml distilled conc. HNO3 and 7.5 ml 160 

conc. HF (Merck® Suprapure) in PFA vessels heated in a microwave (CEM Mars 5 161 

Express; operated at 1200 W, 190°C, for 2 h). The clear solutions were transferred 162 

into Savillex® beakers and evaporated at ~100°C. To remove potential fluoride 163 

compounds, the samples were treated subsequently step-wise with distilled hot conc. 164 

HNO3, aqua regia, and 6 M HCl overnight. Separation of Fe employed 1.8 ml AG1 X8 165 

anion resin (100-200 mesh; Bio-Rad®) loaded into columns made of polypropylene 166 

(Bio-Rad®). Iron was separated quantitatively after a slightly modified protocol from 167 

Dauphas et al. (2009) by using 3 M HNO3 instead of 0.4 M HCl for resin cleaning 168 

prior to column separation. The procedure was repeated to obtain a pure Fe fraction 169 

(see Mansfeldt et al., 2012). Concentrated distilled HNO3 and H2O2 (30%, Merck® 170 

Suprapure) were added to remove potential organic compounds leached from the 171 

resin, and dried at 105°C. The dry Fe fraction was dissolved in 1 ml 3 M HNO3. 172 

Measurements of Fe isotope ratios were carried out via high resolution-multi 173 

collector-ICP-MS (Neptune Plus, Thermo-Scientific; see e.g., Weyer and Schwieters, 174 

2003). The sample solutions were diluted to yield 3% HNO3 and ~7 ppm Fe. A Ni 175 

standard solution (NIST 986, National Institute of Standards and Technology, USA) 176 

was added to samples and standards for instrumental mass bias correction as 177 

outlined by Oeser et al. (2014). The signal intensity was ~20 V for 56Fe and ~4 V for 178 

60Ni. The interference of 54Cr on 54Fe was corrected by measurement of 53Cr. 179 

Analyses followed the standard-sample-standard bracketing method.  180 

The results are given in the delta notation:  181 



 8 

182 

56Fe (‰) = (56Fe/54Fesample)/(
56Fe/54FeIRMM-14) • 103    (2) 183 

 184 

relative to the international Fe isotope standard IRMM-14 that was analyzed before 185 

and after each sample. 186 

The average reproducibility (2 standard deviation, 2s.d.) of the measurements was 187 

±0.05‰ for 56Fe, determined by triplicate analyses of each sample (Table 1). The 188 

reference materials SDO (Devonian shale) and BCR-2 (basalt), and the in-house 189 

standard Fe-ETH (a Fe salt from the ETH Zürich; see, e.g., Kiczka et al., 2011) were 190 

used to determine the analytical accuracy of the Fe separation procedure. Results for 191 

the SDO (56Fe = 0.024‰, 2s.d. = ±0.05‰, n = 6), the BCR-2 (56Fe = 0.107‰, 192 

2s.d. = ±0.02‰, n = 3), and the Fe-ETH (56Fe = -0.711‰, 2s.d. = ±0.06, n = 6) are 193 

in excellent agreement with reference values of 0.008-0.036‰ for SDO, 0.022-194 

0.098‰ for BCR-2 (GeoRem, see references), and -0.71‰ for Fe-ETH (e.g., Kiczka 195 

et al., 2011; Fehr et al., 2008). 196 

 197 

3. Results 198 

 199 

3.1 Preliminary stratigraphy 200 

 201 

An age model for the studied sediment cores has not been published so far but there 202 

are prominent sediment features that may serve as stratigraphic marker horizons. 203 

Here we refer to distinct, wide-spread dark gray sediment layers which occur in 204 

different parts of the Arctic Ocean (Jakobsson et al., 2000; Löwemark et al., 2014). 205 

They are mostly centimeters to meters thick and interpreted as diamicts 206 

synchronously deposited by either freshwater discharges from Eurasian ice-dammed 207 
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lakes (Spielhagen et al., 2004) or the release of large quantities of icebergs from the 208 

extended Barents-Kara ice sheet (Jakobsson et al., 2014). Two distinct gray diamicts 209 

have been identified in the upper meters of several sediment cores from the 210 

Lomonosov Ridge (Fig. 2). They are characterized by generally lower Mn 211 

concentrations and elevated total organic carbon (TOC) concentrations. However, 212 

these characteristics may vary within the diamicts (Löwemark et al., 2014). In core 213 

248-6 from the Lomonosov Ridge, two distinct dark gray sediment layers are located 214 

at ~220 cm and ~480 cm depth, and we tentatively assign them to MIS 4/3 215 

(Jakobsson et al., 2001; Löwemark et al., 2012) and MIS 6 (Löwemark et al., 2012; 216 

2014), respectively (Fig. 2). There are some other layers in the sediment core with 217 

mixed grayish/brownish color, but for our age correlation we only refer to distinct very 218 

dark gray layers of more than 1 cm thickness. 219 

 220 

3.2. Sedimentary characteristics  221 

 222 

Core 248-6 is mostly composed of alternating dark brown and olive brown sediment 223 

layers. The dark brown layers generally have elevated ratios of Mn/Al, Fe/Al, Co/Al, 224 

Mo/Al, and Ni/Al (Fig. 3), which is in accordance with previous geochemical studies in 225 

Arctic Ocean sediment cores (März et al., 2011; Meinhardt et al., 2014). These 226 

elevated values demonstrate scavenging of Mn/Fe (oxyhydr)oxides and associated 227 

trace metals from the water column (Goldberg, 1954; Bertine and Turekian, 1973). 228 

Olive brown sediment layers usually have lower ratios of these elements. The dark 229 

brown layers are partly enriched in other elements such as As, Cu, and V (not 230 

shown), but in this study we focus on Co, Mo, and Ni. Between 430 and 470 cm 231 

depth, mm-thick, closely spaced (mm to cm) layers appear dark in the core but white 232 

(i.e., with a high density) in the x-ray radiographs (Fig. 4). The spacing of discrete 233 
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XRF samples is too low to resolve these layers individually but the respective 234 

sediment interval is overall enriched in Mn, Co, and Mo, especially above 465 cm 235 

(Figs. 3, 4). Some of the dense layers show dendritic, “frosted” structures in the x-ray 236 

radiograph (455 and 460 cm, Fig. 4). 237 

Core 206-3 from the Gakkel Ridge has only one dark brown sediment layer at 238 

~250 cm depth and three dark gray sediment layers (Fig. 5). In contrast to core 248-6, 239 

the dark brown layer in core 206-3 is not enriched in Mn, Co, Mo, or Ni.  240 

Core 220-7 from the Lomonosov Ridge near the North Pole has four dark brown 241 

sediment layers enriched in Mn, Co, Mo, and Ni. Two of the layers are also enriched 242 

in Fe (Fig. 6).  243 

In core 237-3 from the Canada Basin, enrichment patterns of sedimentary Mn and 244 

trace metals in the dark brown sediment layers are very similar to core 248-6, 245 

whereas the ratios of Fe/Al are almost constant plotting close to the average shale 246 

ratio (Fig. 7).  247 

 248 

3.3 Pore water characteristics  249 

 250 

In core 248-6, the NO3
- concentration has a subsurface maximum of 23 µM at 251 

~30 cm (Fig. 3), resulting from O2 reduction (Emerson et al., 1980). The NO3
- 252 

concentrations reach the detection limit at ~5 m depth, following an approximately 253 

linear concentration gradient down to ~4 m depth. Below ~4 m depth NH4
+ 254 

concentrations start to increase to the bottom of the core. Similar to NH4
+, the Mndiss 255 

concentration increases downcore from below detection limit at ~4 m depth to 256 

120 µM at the bottom of the core. The SO4
2- concentration is approximately constant. 257 

Pore water Mndiss increases concomitantly with Codiss and Modiss. The Codiss profile 258 

shows a sharp peak, whereas the Modiss profile increases smoothly from around the 259 
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Arctic seawater value (Tovar-Sánchez et al., 2010) downcore to higher 260 

concentrations.  261 

In contrast to Mn, dissolved Fe is mostly below the quantification limit in core 248-6, 262 

except for one sample where dissolved Fe is slightly increased (Fig. 3).  263 

Pore water characteristics of core 206-3 are similar to core 248-6, with NO3
- 264 

decreasing from the sediment-water interface to ~1 m depth, only very slightly 265 

decreasing SO4
2- concentrations, and broad maxima in Mndiss and Codiss (Fig. 5). 266 

Pore water concentrations of Codiss are comparable to core 248-6, but Mndiss 267 

concentrations are ten times lower, and Modiss concentrations range around the 268 

seawater value without any indication of Modiss release into the pore waters.  269 

In core 220-7 the profiles of NO3
-, SO4

2-, and Mndiss are similar to core 206-3 (Fig. 6). 270 

A narrow maximum for Codiss is recorded in the upper part of the Mn reduction zone. 271 

The Modiss profile is similar to the Mndiss profile, but broader with a deeper enrichment. 272 

Fediss
 is below detection limit. 273 

The pore water data of core 237-3 are different compared to the other three cores 274 

(Fig. 7). Nitrate only slightly increases downcore. Ammonia, Mndiss, Fediss, and Codiss 275 

are mostly below quantification limit. There is neither a decrease in SO4
2- nor an 276 

increase in Modiss with depth.  277 

 278 

3.4 Sedimentary Fe enrichments 279 

 280 

3.4.1 Iron budget 281 

 282 

To assess the potential origin of the Fe enrichments in the studied sediments, we 283 

performed an iron budget for the Arctic Ocean (Table 2). Based on the approach of 284 

Macdonald and Gobeil (2012), we used the input and output rates of water and 285 



 12 

sediment, literature values for the concentrations of the different parameters in Table 286 

2, and our own sediment data. Particulate matter was partitioned into lithogenic 287 

(FeLith) and non-lithogenic (FeNL) fractions. The lithogenic component represents Fe 288 

that is incorporated into the mineral matrix and does not participate in redox reactions. 289 

The non-lithogenic component may be mobilized by redox reactions either within 290 

sediments of the continental shelf or within sediments in the deep ocean. This 291 

fraction is of interest in terms of possible diagenetic modification in the sedimentary 292 

record. To determine FeLith and FeNL, we used data for shelf sediments from 293 

Strekopytov (2003). For simplification, we calculated the average Fexs in these cores, 294 

which we regard as FeNL (1.14%). Subtracting this value from the total Fe results in 295 

an average FeLith of 4.78%. The ratio of FeLith/ FeNL is 80/20, therefore 80% of a 296 

parameter in Table 2 accounts for the lithogenic component, and 20% for the non-297 

lithogenic component. 298 

Input and output rates of water and sediment per year from Macdonald and Gobeil 299 

(2012) were used to calculate the different Fe amounts per year for the parameters 300 

(see Table 2). 301 

Hydrothermal activity in the Arctic Ocean has been observed at the ultraslow Gakkel 302 

Ridge spreading center (e.g., Edmonds et al., 2003). However, we can only estimate 303 

the amount of hydrothermal Fe because there are no direct measurements of 304 

material fluxes. For the Pacific and Atlantic outflows we used the same 305 

concentrations as for the inflows. Particulate matter from ice and sediment export is 306 

thought to have the same concentration as material from coastal erosion. 307 

The input/output ratios of lithogenic, non-lithogenic, and total Fe in Table 2 are 0.86, 308 

0.90, and 0.87, respectively. According to these numbers, 10-15% of the Fe 309 

inventory is exported from the Arctic Ocean. Because the output term includes 310 

deposition in shelf and basin sediments, it is likely that these 10-15% are 311 
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accumulated in the sediments, rather than being exported completely from the Arctic 312 

Ocean. 313 

 314 

3.4.2 Iron isotope ratios 315 

 316 

We determined 56Fe values in 26 samples from eight different coring sites across 317 

the central Arctic Ocean, including seven surface sediment samples, nine samples 318 

from brown layers, three samples from gray layers, and seven background sediment 319 

samples (Fig. 1, Table 1). Overall, the 56Fe values in all studied samples range 320 

from -0.22 to +0.27‰ (Fig. 8, Table 1). Dark brown sediment layers show only 321 

slightly lower 56Fe values (0.045 on average) than olive brown layers (0.056 on 322 

average). The gray layers of cores 206-3 and 248-6 have higher 56Fe values 323 

ranging from 0.17 to 0.27‰. These gray layers have very low Fe and Mn contents 324 

(Figs. 3, 5) and very high ratios of FeLith/FeNL (from 27 to 125; Table 1), implying that 325 

the Fe pool is dominated by terrigenous, non-reactive Fe. All samples show a clear 326 

negative relationship between their Fe/Al and 56Fe values (Fig. 9, data in Table 1).  327 

 328 

4. Discussion 329 

 330 

4.1 Potential origin of the Mn enrichment in core 248-6 331 

 332 

Coastal erosion and river input are considered to be the two dominant sources for 333 

non-lithogenic Mn in the open Arctic Ocean today (Macdonald and Gobeil, 2012), 334 

with an intermittent diagenetic shuttling mechanism across the shelves (Löwemark et 335 

al., 2014). It is currently unknown if Mn inputs for the Arctic Ocean were different in 336 

the geological past, or if the values from Macdonald and Gobeil (2012) can be 337 



 14 

applied to calculate past Arctic Mn budgets as well. We approach this question by 338 

calculating the cumulative excess Mn (arMn248) in the open marine core 248-6 from 339 

the sediment surface to 480 cm depth (dark gray layer tentatively attributed to MIS 6 340 

in Fig. 2, with an age of ~135,000 years). This excess Mn is compared with the 341 

amount that could have been derived exclusively from river input, coastal erosion, 342 

and additional sources like hydrothermal or eolian input (arMnInput; see details in the 343 

Appendix (1.), (2.), and Table 3). The resulting average Mn accumulation rate in core 344 

248-6 over the last 135,000 years (0 to 480 cm sediment depth) is arMn248 = 1.6 • 10-345 

5 g cm-2 a-1. 346 

The Mn accumulation for the Arctic basins and submarine ridges under current input 347 

conditions amounts to arMnInput = 0.81 • 10-5 g cm-2 a-1. This value explains only 50% 348 

of the arMn248. 349 

Three different processes may have affected this high Mn accumulation in core 248-6: 350 

1) The coastal erosion and river Mn input fluxes determined by Macdonald and 351 

Gobeil (2012) for the modern Arctic Ocean were much higher in the past, especially 352 

during deglacial sea level rises when coastal erosion and the hydrological cycle were 353 

strongly intensified.  354 

2) The studied core 248-6 is not representative, i.e., it received a significantly higher 355 

input of non-lithogenic Mn than the “average” Arctic basin and submarine ridge 356 

environments. Indeed, in three other cores from different parts of the Arctic Ocean 357 

(Lomonosov Ridge, Gakkel Ridge; Fig. 1, Table 3), 100% of Mnxs in sediments 358 

younger than MIS 6 can be explained by non-lithogenic input fluxes according to 359 

Macdonald and Gobeil (2012). Overall, in three of four selected cores, the modern 360 

non-lithogenic Mn input is sufficient to explain cumulative Mnxs contents over the last 361 

~135,000 years, supporting the validity of the modern Arctic Mn budget at least for 362 

the last glacial cycle.  363 
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3) A significant fraction of non-lithogenic Mn in the sediment interval from 0 to 480 cm 364 

depth in core 248-6 is derived from deeper sediment layers where it was released 365 

during diagenesis. This latter explanation is supported by the pore water profiles (Fig. 366 

3) and specific sediment structures (Fig. 4), as will be discussed in the following 367 

sections. 368 

 369 

4.2 Diagenetic trace metal cycling in core 248-6 370 

 371 

Pore water composition can provide valuable information on the contribution of 372 

diagenetic processes to sediment geochemistry. Microbially mediated redox 373 

reactions usually alter the sediment composition after deposition by following the 374 

catabolic sequence of electron acceptors during microbial degradation of organic 375 

matter: O2, NO3
-, Mn (oxyhydr)oxides, Fe (oxyhydr)oxides, SO4

2- and CH4 (Froelich 376 

et al., 1979). The activation of a specific electron acceptor in a sediment succession 377 

depends on its availability, the energy gain of the reaction, and the microbial 378 

community present in the sediments. These electron acceptors (e.g., NO3
-, SO4

2-) or 379 

their metabolic products (e.g., Mn2+, Fe2+, NH4
+) can be detected and analyzed in the 380 

pore waters. 381 

The presence of NH4
+ in core 248-6 (Fig. 3) indicates the absence of O2. In the 382 

presence of O2 NH4
+ would be oxidized to NO3

-. Oxygen may be present down to ~4 383 

m depth, but direct measurements were not performed. Pore water Mndiss 384 

concentrations are most likely induced by dissimilatory Mn reduction below ~4 m 385 

depth (Froelich et al., 1979). Sulfate-reduction does not seem to play a major role in 386 

the upper 6 m of this core. 387 

Collectively, the pore water profiles of core 248-6 imply that: 388 

1) NO3
- has a very deep sediment penetration depth of ~5 m,  389 
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2) dissimilatory MnIV reduction below ~5 m depth is likely an important pathway of 390 

organic matter re-mineralization whereas NH4
+ may diffuse upward from deeper 391 

layers with ongoing SO4
2- reduction (Backman et al., 2006),  392 

3) the top of the MnIV reduction zone is determined by the NO3
- penetration depth. 393 

Compared to other parts of the global ocean, NO3
- pore water measurements from 394 

the Arctic Ocean are rare. Hulth et al. (1996) calculated a NO3
- penetration depth of 395 

up to 8 cm in marine sediments around Svalbard. Concentrations of NO3
- in pore 396 

waters from giant box corer sediments (max. 50 cm depth) from the Kara Sea 397 

indicate NO3
- reduction at these depths as well (Damm, 1999). 398 

One sample with elevated Fediss concentration value (Fig. 3) does not necessarily 399 

show a recent significant pore water Fe flux that may influence the solid phase Fe 400 

distribution, and is therefore considered an outlier. In the sediment interval below the 401 

NO3
- reduction zone, the redox potential seems to be sufficiently low for 402 

Mn(oxyhydr(oxide) reduction, but still too high for significant Fe(oxyhydr(oxide) 403 

reduction. 404 

Regarding diagenetic Mn redistribution within the sediments, it seems evident that a 405 

Mndiss sink is located just below 4 m depth in core 248-6 (Fig. 3). The source of Mndiss 406 

must be located at the bottom of the core or below. At ~460 cm, where Mndiss 407 

concentrations start to increase, a peak in sedimentary Mn/Al is observed, most likely 408 

caused by precipitation of Mn (oxyhydr)oxides at the Mn redox boundary upon 409 

contact with nitrate or possibly oxygen (Lovley and Phillips, 1988; Hulth et al., 1999), 410 

as suggested by März et al. (2011). Pore water Mndiss may precipitate at or adsorb on 411 

existing (oxyhydr)oxide surfaces (Murray, 1975), or form new authigenic Mn 412 

(oxyhydr)oxides (Li et al., 1969; Burdige 1993). 413 

The occurrence of dendritic structures in the x-ray radiographs has been reported in 414 

another sediment core from the Lomonosov Ridge by Löwemark et al. (2012), and is 415 
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explained to represent purely authigenic Mn precipitates (see also März et al., 2011; 416 

Löwemark et al., 2014). The thin dendritic layers have a dark brown sediment color 417 

(Fig. 4), which indicates that they may consist of Mn oxides. Mobilization of Mndiss 418 

from deeper sediment layers and reprecipitation at the Mn redox boundary may form 419 

these layers under steady-state conditions. The depth interval at which these layers 420 

form depends on oxygen penetration, which in turn depends on organic matter 421 

availability and sedimentation rate. 422 

Co and Mo seem to be diagenetically recycled along with Mn (Fig. 3; see Tribovillard 423 

et al., 2006, for background on Co and Mo redox chemistry). This process of Co and 424 

Mo release into, and removal from, pore waters in close association with the 425 

diagenetic Mn cycle, has been described in other oxic settings (e.g., Knauer et al., 426 

1982; Gendron et al., 1986; Shaw et al., 1990; Morford and Emerson, 1999). The 427 

proposed dissolution-reprecipitation process is in agreement with our pore water data: 428 

Both Mndiss and Codiss, which show elevated concentrations near the core bottom, 429 

decrease to minimum concentrations in the sediment interval around 460 cm depth, 430 

indicating precipitation of these elements within this interval (Fig. 3). Interestingly, 431 

Modiss requires a much longer diffusion pathway than Mn and Co to reach 432 

background concentrations, possibly because the sedimentary Mn surfaces are 433 

saturated with Mo. 434 

Based on pore water and sedimentological patterns in core 248-6, we conclude that 435 

the brown layer at ~445-470 cm depth has experienced, and still is experiencing, 436 

diagenetic addition of Mn, Co, and Mo. To further evaluate if these diagenetic 437 

additions have impacted the sediment geochemistry in a particular way, we compare 438 

the fractions of the excess contents of Mn, Co, and Mo in this brown layer with each 439 

other. Differences in the behavior of these specific trace metals during Mn diagenesis 440 

in the Arctic were first reported for sediments from the Mendeleev Ridge by März et 441 



 18 

al. (2011). They proposed the use of Co/Mo values to distinguish between authigenic 442 

and diagenetic Mn layers. Higher Co/Mo in layers indicate diagenetic loss of Mn and 443 

Mo from the solid phase, and lower Co/Mo indicate post-depositional addition of Mn 444 

and Mo. Their results are in accordance with the results in Fig. 10a, where Coxs/Moxs 445 

values of all Mn-enriched layers in core 248-6 are illustrated. The highest ratios 446 

of >=10 are found in those layers located in the Mn and Mo reduction zone deeper 447 

than 500 cm, whereas lowest ratios of <=1 are found in the layer at ~460 cm depth 448 

with diagenetic Mo addition, supporting the findings of März et al. (2011). Samples 449 

with Coxs/Moxs >1 and <10 are considered to be primary layers. Considering 450 

Coxs/Moxs values is therefore a promising tool for the identification of diagenetically 451 

overprinted sediment intervals when pore water data are missing. The basis for using 452 

this proxy is the different behavior of Co and Mo during diagenesis. In Mn-rich layers 453 

Mo and Co are adsorbed to the surface of Mn oxides. During partial dissolution of 454 

these layers Mo is preferentially released to the pore water compared to Co, because 455 

Co has a high specific adsorption potential to MnO2 surfaces (Murray, 1975; Murray 456 

and Dillard, 1979). The reduced Mndiss can partly re-adsorb on the remaining Mn 457 

oxides whereas Modiss remains in solution (Shimmield and Price, 1986). Therefore Co 458 

remains preferentially in the sediment layers, whereas Mo and Mn are released to 459 

the pore water. Similar observations were reported by März et al. (2011).  460 

 461 

4.3 Pore water flux calculation and Mndiss reduction rate for core 248-6 462 

 463 

We have previously concluded that at site 248-6 around 50% of the excess Mn 464 

accumulating over the past ~135,000 years (0-480 cm sediment depth) cannot 465 

exclusively be explained by external sources (Macdonald and Gobeil, 2012). The 466 

brown layer at ~445-470 cm is gaining Mn, Co, and Mo diagenetically. The question 467 
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arises if the current pore water fluxes of Mn, Co, and Mo, into the brown layer at 468 

~445-470 cm could have generated the observed post-depositional element 469 

enrichments. Therefore we performed simple pore water flux calculations (assuming 470 

steady state conditions) based on Fick’s first law of diffusion (Schulz, 2006), following 471 

an approach by März et al. (2011; 2015; see Table 4, Appendix (3.)):  472 

The resulting diffusive pore water flux JsedMn is -0.59 • 10-3 mol m-2 a-1. The calculated 473 

burial pore water flux is three orders of magnitude lower and can be disregarded 474 

(Appendix (4.)).  475 

The sediment layer at ~445-470 cm depth has a tentative age of ~120,000 years 476 

(located above the MIS 6 deposit), which is the maximum time that might have been 477 

available for diagenetic Mn enrichment. Assuming that the pore water flux was stable 478 

for the last 120,000 years, 13.5 g kg-1 Mnxs could have been produced by this flux 479 

(Appendix (5.); Table 4). However, the average Mnxs content of the respective interval 480 

is only 9.1 g kg-1, which implies that the current Mn flux into this sediment layer was 481 

only established significantly after its deposition. Under steady-state conditions, it 482 

would have taken at least ~80,000 years to accumulate the measured Mnxs content 483 

(Appendix (6.)). Even if the current Mn flux was only established at the onset of the 484 

Holocene (~12,000 years BC), it could still have contributed up to ~15% of the total 485 

Mnxs inventory between 445 and 470 cm depth at site 248-6 (Appendix (7.); Table 4). 486 

Pore water fluxes for Co and Mo were calculated as well, analogous to the 487 

calculations for Mn (Table 4). Cobalt and Mo pore water fluxes are three orders of 488 

magnitude lower than for Mn, which is in accordance with the pore water 489 

concentrations of Codiss and Modiss. After 80,000 years at steady-state conditions, the 490 

current pore water fluxes of Co and Mo can explain 61% and >100% of the 491 

sedimentary Co and Mo enrichments in the sediment layer between 445 and 470 cm, 492 

respectively (Table 4). After 12,000 years, 9% of the Co enrichment and 45% of the 493 
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Mo enrichment can still be explained by the pore water flux. The Co addition from the 494 

pore water flux is similar to that of Mn, whereas Mo is marked by an elevated 495 

diagenetic addition. These simple steady-state calculations only provide relatively 496 

rough estimates of the potential diagenetic Mn (as well as Co and Mo) contribution to 497 

a specific brown sediment layer, and more advanced reaction-transport modelling 498 

simulating non-steady state conditions would be required to better constrain these 499 

values. However, our data still confirm recent studies of relatively fast diagenetic Mn 500 

redistribution in open Arctic Ocean sediments (Sundby et al., 2015). We therefore 501 

recommend that Mn layers within the Mn reduction or precipitation zone in Arctic 502 

sediments should only be used with caution for correlation purposes, as they may 503 

have lost or gained significant quantities of Mnxs by diagenesis, respectively.  504 

To further constrain rates of Mndiss release into, and precipitation from the pore 505 

waters at site 248-6, we applied the REC (Rate Estimation from Concentrations) 506 

model from Lettmann et al. (2012, Fig. 11). For this model, we used the pore water 507 

Mndiss concentrations, porosity ĭ (estimated from Stein et al., 2004), diffusion 508 

coefficient Dsed, and sedimentation rate sr. The bioturbation coefficient Db and the 509 

bioirrigation factor were set to zero. In the interval above ~400 cm, net rates are 510 

around zero, implying neither consumption nor production of Mndiss. The rate is 511 

negative in the interval from ~400 to 480 cm, implying consumption of Mndiss, i.e., 512 

precipitation from the pore water. Below 480 cm depth, positive values indicate the 513 

production of Mndiss. The most negative rate values in the dark brown layer at ~460 514 

cm depth are indicative of an enhanced Mn oxide precipitation in this layer. 515 

 516 

4.4 Diagenetic conditions in sediment cores from different parts of the central Arctic 517 

Ocean 518 

 519 
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Having studied and discussed core 248-6 from the Lomonosov Ridge in detail, we 520 

now compare diagenetic conditions and processes at this site with other parts of the 521 

Arctic Ocean, including the Gakkel Ridge (core 206-3), the Lomonosov Ridge near 522 

the North Pole (core 220-7), and the Canada Basin (core 237-3). 523 

The fact that the dark brown layer in core 206-3 is not enriched in Mn, Co, Mo, or Ni 524 

implies that the color may rather result from higher Fe oxide contents, as indicated by 525 

higher Fe/Al (Fig. 5). The Mn redox boundary (~1 m) is located closer to the 526 

sediment/water interface compared to core 248-6 (~4.5 m), and again seems to be 527 

related to the NO3
- penetration depth. Both, the sediment interval at ~350 cm depth 528 

without brown coloration and the brown layer at ~250 cm depth, have elevated 529 

Coxs/Moxs, indicating loss of Mn (Fig. 10b). As the pore water Mndiss starts to increase 530 

at ~350 cm depth and Mn/Al is elevated here (Fig. 5), this interval seems to be the 531 

source for dissolved Mn. In contrast, the Mn-rich interval from 38 to 45 cm, where the 532 

pore water gradient ends, has lower Coxs/Moxs, comparable to the diagenetically 533 

influenced dark brown layer at 460 cm in core 248-6 (Fig. 10a). This indicates that 534 

despite the lack of dark brown coloration, diagenetic Mn and Mo addition from the 535 

pore waters likely influenced this Mn- and Mo-rich interval in core 206-3. Interestingly, 536 

pore water data (Fig. 5) show no current flux of Modiss into this sediment layer, so it 537 

can be assumed that the precipitation of remobilized Modiss at this site has occurred 538 

in the past. Overall, Mn and Mo remobilization seem to be less pronounced in this 539 

core. This may be due to the fact that sedimentary Mn (oxyhydr)oxide contents are 540 

lower as well, implying that the sparse availability of MnIV as an electron acceptor in 541 

combination with low organic matter contents limits the degree of Mn diagenesis. 542 

There is no systematic increase in pore water Fediss concentration in this core, 543 

indicating that significant diagenetic FeIII reduction does not occur either.  544 
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The pore water gradients of Mndiss, Codiss, and Modiss in cores 206-3 and 220-7 do not 545 

terminate in distinct brown layers (as they do in core 248-6), therefore pore water flux 546 

calculations were not performed. However, in core 220-7 Coxs/Moxs values are very 547 

low (~1) in the interval from 90 to 100 cm depth where the pore water gradient ends, 548 

and thus indicate diagenetic addition of Mo from the pore water pool (Fig. 10c). In 549 

addition, Mn/Al is slightly increased above this interval. The Coxs/Moxs values of the 550 

brown layers show that the first one (at ~50 cm depth) is of primary origin, and that 551 

the two layers at 160 cm and 260 cm experienced diagenetic loss of Mn. The 552 

lowermost brown layer has elevated Mn/Al and Mo/Al and intermediate Coxs/Moxs, 553 

which indicates that this layer is currently not influenced by diagenesis.  554 

In core 237-3, Mn oxides with adsorbed Co, Mo, and Ni clearly seem to be 555 

responsible for the dark brown color (Fig. 7). Nitrate, MnIV, and possibly O2 are 556 

available as electron acceptors, and it seems very likely that the low availability of 557 

reactive organic matter is limiting diagenesis at this distal site in the Canada Basin. 558 

The ratios of Coxs/Moxs (Fig. 10d) of the brown layers are mostly between 1 and 10, 559 

and suggest that the Mn-rich layers in this core are primary, which is in agreement 560 

with the pore water profiles (Fig. 7). The topmost samples have higher Coxs/Moxs, 561 

which would indicate diagenetic loss, but the pore water concentrations of Mndiss are 562 

below detection limit in the upper centimeters. These data show that the sediment 563 

geochemistry of Mn, Fe, Co, and Mo in core 237-3 is presently not overprinted by 564 

diagenetic processes. 565 

In summary, the observations described above demonstrate the occurrence of 566 

different diagenetic regimes in different parts of the central Arctic Ocean: 567 

1) Core 237-3 from the Canada Basin does not show any signs of current Mn, Fe, Co, 568 

and Mo diagenesis.  569 
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2) Core 248-6 from the Lomonosov Ridge is diagenetically influenced by Mn 570 

reduction and associated Co and Mo cycling, which in part affects a dark brown 571 

sediment layer at ~460 cm depth. In core 220-7 from the Lomonosov Ridge, close to 572 

the North Pole, pore water data indicate Mn, Co, and Mo remobilization as well, but 573 

possible effects on specific dark brown layers could not be quantified. 574 

3) Core 206-3 from the Gakkel Ridge is clearly influenced by Mn reduction and 575 

additional Co remobilization. 576 

The data also show that Co and Mo are not remobilized in the same way during the 577 

dissolution of Mn layers in different parts of the Arctic Ocean. In core 248-6 pore 578 

water data indicate that Mn and Co are removed from the pore water in one specific 579 

sediment layer, while Mo seems to precipitate in the overlying sediment as well (Fig. 580 

3). In core 220-7, on the other hand, both Mn and Mo seem to precipitate in the same 581 

sediment layer (Fig. 6). In all cores Mn diagenesis is evidently controlled by the NO3
- 582 

penetration depth. The absence of diagenetic overprint of core 237-3 might be 583 

related to its distal position in the Canada Basin and the greater water depth 584 

compared to the other cores (Table 1). 585 

Based on these geochemical pore water and sediment data, we conclude that, 586 

despite some discrepancies in Co and Mo remobilization into the pore waters, 587 

Coxs/Moxs values are indeed indicative of diagenetic overprint of Mn-rich sediment 588 

layers in most of the studied sediment cores from the Arctic Ocean.  589 

 590 

4.5 Sedimentary Fe enrichments 591 

 592 

Our pore water data show that Fe diagenesis is negligible in all studied cores. 593 

Therefore the question arises whether Fe enrichment patterns could be used as 594 

diagenetically stable tracers for elevated metal inputs into the Arctic Ocean, as 595 
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already proposed by März et al. (2012). Iron isotopic signatures could additionally 596 

provide information about different sources of metals to the Arctic Ocean (including 597 

coastal erosion, river input, hydrothermal input). These hypotheses are explored in 598 

the following section.  599 

A comparison of the Fe accumulation rate in core 248-6 with the input values from 600 

our budget (Table 3) shows that the Fe enrichment in the core can easily be 601 

explained by these external sources. In support of this, the pore water data (Fig. 3) 602 

do not indicate any Fe addition from deeper sediment layers. In three other cores 603 

(Table 3) the external sources are more than sufficient to account for the Fe 604 

enrichment as well. We assume that the input parameters used by Macdonald and 605 

Gobeil (2012) are only applicable to calculate the present Fe budget of the Arctic 606 

Ocean. The Fe input might have been lower in the past during glacials due to the 607 

presence of ice sheets and a lower sea level and might have fluctuated between 608 

glacial and interglacial times. In the next step, we evaluate the Fe isotopic signature 609 

of several sediment cores to distinguish between different lithogenic and non-610 

lithogenic Fe sources to the Arctic Ocean basins, and their variation over time. 611 

The differences in 56Fe between dark brown and olive brown layers (Figs. 8, 9) are 612 

within the standard deviation of the measurements and imply that different 613 

environmental conditions during glacial and interglacial periods have only a minor 614 

influence on the Fe isotopic fractionation in central Arctic Ocean sediments. 615 

The geochemical patterns of the gray layers (Figs. 3, 5) either represent the residual 616 

Fe fraction after dissolution and loss of more labile Fe minerals with lower 56Fe 617 

values (e.g., during continental weathering; Fantle and DePaolo, 2004), or document 618 

a different sediment provenance. The gray layers are depleted in Fe, but enriched in 619 

the elements Si and Zr (not shown) that are usually associated with coarse-620 

grained/high-density detrital minerals (e.g., Calvert and Pedersen, 2007; März et al., 621 
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2011). Therefore, these layers were most likely deposited under glacial conditions by 622 

two possible scenarios (see chapter 3.1). During iceberg discharge events from the 623 

Barents-Kara ice sheet, these icebergs would carry the specific isotopic signature 624 

from the Barents-Kara hinterland. Unfortunately, 56Fe source rock data are not 625 

available for the Arctic, but bulk granitoids, which represent a major fraction of 626 

continental crustal rock material, have positive 56Fe values from ~0.1 to 0.4‰ 627 

(Poitrasson and Freydier, 2005). During the outburst of ice-dammed lakes, large 628 

amounts of material were quickly deposited in the Arctic basins, shielding the 629 

underlying sediment from the oxic water column. These gray layers have higher 630 

organic matter contents than the surrounding sediments (Löwemark et al., 2014), and 631 

therefore should provide fuel for diagenetic processes, including dissimilatory iron 632 

reduction (DIR). During this process, isotopically light Fe is liberated to the pore 633 

waters and diffuses out of this layer, leaving the residual sediment with a more 634 

positive signature, and therefore a higher 56Fe (e.g., Crosby et al., 2005; 2007; 635 

Johnson et al., 2008). The gray layers have very low Mo contents (often below 636 

quantification limit), resulting in high Coxs/Moxs values indicative for diagenetic loss of 637 

Mn and possibly associated Fe. However, we can only infer that this diagenetic 638 

process occurred in the past, as the present pore water profiles show no sign of 639 

significant Fe reduction in the gray layers (Figs. 3, 5). We therefore define the gray 640 

layers with the lowest Fe/Al and highest 56Fe values as the lithogenic background 641 

for our sediment cores that has been largely deprived of its reactive, isotopically light 642 

Fe fraction. 643 

A negative Fe/Al to 56Fe relationship was also found in recent sediments from the 644 

Black Sea (sub)oxic shelf and euxinic basin (Severmann et al., 2008; Eckert et al., 645 

2013). This pattern was attributed to the diagenetic loss of reactive, isotopically light 646 

iron from suboxic shelf sediments via DIR, followed by shuttling of the remobilized Fe 647 
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pool across the basin, and its deposition in the euxinic deep water setting as 648 

isotopically light Fe sulphides. In contrast to the Black Sea, the constant pore water 649 

SO4
2- concentrations and very low sedimentary S contents (close to the detection 650 

limit; not shown) in the studied Arctic Ocean sediments strongly argue against 651 

euxinic conditions and significant syngenetic or diagenetic pyrite formation. Evidence 652 

for this diagenetically driven shelf-to-basin Fe shuttle has also been found along 653 

other continental margins that are affected by upwelling of nutrient-rich waters and 654 

oxygen minimum zones (e.g., Homoky et al., 2012; Scholz et al., 2014), but the Arctic 655 

Ocean shelves and margins are not affected by oxygen-depleted water masses 656 

(Jakobsson et al., 2007; Stein 2008). Therefore, other biogeochemical and/or 657 

depositional processes must be invoked to explain the basin-wide negative Fe/Al to 658 

56Fe relationship across all studied sediment cores.  659 

Low 56Fe values indicate addition of an isotopically light Fe fraction to the sediment 660 

(Bergquist and Boyle 2006; Fehr et al., 2008; Severmann et al., 2008). Possible 661 

mechanisms for this addition include diagenetic mobilization by DIR or abiotic 662 

reduction by HS- from underlying sediment layers (Berner, 1984; Beard et al., 1999; 663 

Haese et al., 2000; Brantley et al., 2004), or from the continental shelf (via a shuttle 664 

transport mechanism). Dissimilatory Fe reduction occurs in the organic-rich Arctic 665 

shelf sediments that often display non-lithogenic Fe (oxyhydr)oxide enrichments at 666 

the sediment surface (Turner and Harriss, 1970; Nolting et al., 1996; Hölemann et al., 667 

1999; Strekopytov, 2003). An Fe shuttle in the well-oxygenated Arctic Ocean must 668 

have been different from Fe shuttling in oxygen minimum zones or anoxic zones as 669 

present in the Black Sea. Possible transport pathways include hypopycnal 670 

distribution of organically complexed riverine Fe in the fresh surface layer, 671 

resuspension of Fe particles on the shelf by currents, and transport of Fe particles by 672 

seasonal sea ice (e.g., Nakayama et al., 2011; Thuroczy et al., 2011; März et al., 673 
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2012; Klunder et al., 2012). Samples with lower 56Fe values generally also have 674 

higher Mn/Al values, which indicates a close association of Fe with Mn. Recently it 675 

was shown that Fe may be released from labile Fe-Mn oxides during Mn reduction 676 

and that this Fe has low 56Fe values, leaving the residual Fe with a higher isotopic 677 

signature (Schuth et al., 2015).  678 

Another explanation for the negative 56Fe values is an input of isotopically light Fe 679 

from the water column, probably via hydrothermal fluids, continental runoff, oceanic 680 

crust alteration and shelf pore fluids (Beard et al., 2003; Bergquist and Boyle 2006; 681 

Severmann et al., 2006). Specifically core 206-3 is located at the ultra-low spreading 682 

Gakkel Ridge (Edmonds et al., 2003) and might have received periodic input of 683 

hydrothermal Fe. Additional studies are required to further discriminate between 684 

specific transport pathways or different Fe sources to the sediment. 685 

 686 

5. Conclusions 687 

 688 

The dark brown color of specific sediment layers from the central Arctic Ocean is 689 

related either to enhanced Mn (oxyhydr)oxide content, Fe (oxyhydr)oxide content, or 690 

a combination of both. These layers are characterized by enhanced Mo, Co, and Ni 691 

contents due to scavenging from the water column. Pore water measurements reveal 692 

different diagenetic regimes in Arctic Ocean sediment cores, ranging from strong 693 

reduction and diagenetic overprint of Mn, Co, and Mo to the absence of these 694 

processes in deeper sediment layers. Pore water flux calculations show that the 695 

sedimentary enrichments of Mn, Co, and Mo can be altered by a significant post-696 

depositional contribution from the current pore water flux. Ratios of Coxs/Moxs of the 697 

dark brown layers form a helpful proxy to identify sediment layers with diagenetic 698 

addition from the pore water or diagenetic dissolution in the Mn reduction zone.  699 
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Sedimentary Fe enrichments are primarily derived from external input. The lithogenic 700 

Fe fraction accounts for 80% of the total Fe, only 20% is of non-lithogenic origin. 701 

Gray layers define the lithogenic background with low Fe/Al, high FeLith/FeNL, and 702 

positive 56Fe values. With increasing Fe/Al the 56Fe values decrease. This 703 

indicates the presence of a dominant diagenetic Fe fraction with a low 56Fe 704 

signature. Pore water Fe data show that remobilization from deeper layers within the 705 

sediment can currently be excluded. Therefore the presence of lighter Fe isotopes is 706 

likely a result of Fe transport from the shelf to the basin due to dissimilatory Fe 707 

reduction on the shelves. The absence of large variations in 56Fe values between 708 

dark brown and lighter layers indicates that the different environmental conditions 709 

during glacial and interglacial times have a minor influence on the Fe isotopic 710 

fractionation in the studied Arctic Ocean sediments. Thus, sedimentary iron isotopes 711 

in combination with pore water data and modeling are a potential tool for the 712 

identification of different diagenetic remobilization processes and, together with 713 

sedimentary Mn, Co, and Mo data, different transport processes. We emphasize that 714 

combined studies of sediment and pore water geochemistry should be performed in 715 

order to identify possible diagenetic overprinting of primary sediment composition in 716 

the Arctic Ocean. 717 
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 1134 

Table 1: Core locations, 56Fe values, Fe/Al, and ratios of lithogenic and non-1135 

lithogenic Fe. Star marks core without 56Fe measurement. 1136 

 1137 
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Table 2: Parameters and references for the Fe budget. aWagemann et al., 1977; 1138 

Gaillardet et al., 1999. bReeder et al. 1972. cNolting et al., 1996; Rachold et al., 1996; 1139 

Gordeev et al., 2004; Hölemann et al., 2005. dMartin et al., 1993; Hölemann et al., 1140 

1995; 1999; 2005; Pokrovsky et al., 2010. eAverage b and d. f3% of the global 1141 

estimate from Duce and Tindale, 1991, and Zhuang et al., 1995. gAguilar-Islas et al., 1142 

2007; Kuma et al., 2013. hKlunder et al., 2012. iTurekian and Wedepohl, 1961. jSee 1143 

chapter 3.7.1. kStrekopytov 2003. lData from cores 206-3, 220-7, 237-3, and 248-6. 1144 

 1145 

Table 3: Sedimentary Mnxs and Fexs calculations for four different sediment cores. 1146 

 1147 

Table 4: Boundary parameters used for the calculation of diffusive fluxes of cores 1148 

248-6, 206-3, and 220-7. Dsw for Mn and Co from Boudreau (1997). Dsw for Mo 1149 

estimated from Li and Gregory (1974). See chapter 4.3 and Appendix for details. 1150 

 1151 

Figure captions 1152 

 1153 

Figure 1: Map of the core locations. 1154 

 1155 

Figure 2: Stratigraphic correlation of core 248-6 to three sediment cores (LRG09-1156 

GC03; 96/12-1PC; ACEX core) from the central Lomonosov Ridge (from Löwemark 1157 

et al., 2014). Horizontal gray bars: gray sediment layers in core 248-6. Gray 1158 

patterned intervals mark coarse-grained diamicts. Stippled vertical gray bar: zone of 1159 

low Mn abundance in the diamicts.  1160 

 1161 

Figure 3: Sedimentary Mn/Al, Fe/Al, Co/Al, Mo/Al, and Ni/Al values (black) and pore 1162 

water Mn2+, Co2+, Mo6+ (all red), NO3
- (blue), SO4

2- (green) and NH4
+ (orange) 1163 
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concentrations in core 248-6. Dashed black line represents average shale (Wedepohl 1164 

1971, 1991), dashed red line represents mean Arctic seawater Mo value (Tovar-1165 

Sánchez et al., 2010), gray bars represent gray sediment layers, brown bars 1166 

represent dark brown sediment layers. 1167 

 1168 

Figure 4: X-ray radiographs, Mnxs contents, and core photos of core 248-6 (x-ray 1169 

radiographs and photos: Matthiessen, 2011). Thin white bands in the x-ray 1170 

radiographs correspond to higher Mnxs contents and dark brown sediment color. 1171 

 1172 

Figure 5: Sedimentary Mn/Al, Fe/Al, Co/Al, Mo/Al, and Ni/Al values (black) and pore 1173 

water Mn2+, Co2+, Mo6+ (all red), NO3
- (blue), SO4

2- (green) and NH4
+ (orange) 1174 

concentrations in core 206-3. For additional information see Fig. 3. 1175 

 1176 

Figure 6: Sedimentary Mn/Al, Fe/Al, Co/Al, Mo/Al, and Ni/Al values (black) and pore 1177 

water Mn2+, Co2+, Mo6+ (all red), NO3
- (blue), SO4

2- (green) and NH4
+ (orange) 1178 

concentrations in core 220-7. For additional information see Fig. 3. 1179 

 1180 

Figure 7: Sedimentary Mn/Al, Fe/Al, Co/Al, Mo/Al, and Ni/Al values (black) and pore 1181 

water Mn2+, Co2+, Mo6+ (all red), NO3
- (blue), SO4

2- (green) and NH4
+ (orange) 1182 

concentrations in core 237-3. For additional information see Fig. 3. 1183 

 1184 

Figure 8: Fe/Al (black) and 56Fe values (blue) of sediment cores 206, 237, 248, 410 1185 

(gravity corer and multicorer), 275, 277, 280, and 285 (multicorer). See also Table 1. 1186 

Dashed black line represents average shale (Wedepohl 1971, 1991), blue line 1187 

represents 56Fe = 0, gray bars represent gray sediment layers, brown bars 1188 

represent dark brown sediment layers. 1189 
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 1190 

Figure 9: Fe/Al relative to 56Fe values. Residual Fe in the gray layers is isotopically 1191 

heavier, indicating the lithogenic background. Fe-rich samples and surface samples 1192 

are isotopically lighter, indicating a mobile Fe fraction. 1193 

 1194 

Figure 10: Coxs versus Moxs relationship of different dark brown sediment layers. a) 1195 

core 248-6, b) core 206-3, c) core 220-7, d) 237-3. Layers with diagenetic addition of 1196 

Mn from the pore water have lower Coxs/Moxs. Layers that were subjected to Mn 1197 

reduction have higher ratios. 1198 

 1199 

Figure 11: Net Mn2+ rate of core 248-6 from the REC model (Lettmann et al., 2012). 1200 

Positive values indicate Mn2+ production and negative values indicate Mn2+ 1201 

consumption. 1202 

 1203 

Appendix  1204 

 1205 

Example for the calculation of the Mn accumulation rate, pore water fluxes and pore 1206 

water flux derived Mnxs in core 248-6. 1207 



Sample Latitude Longitude Water depth (m) Depth in core (cm) d56Fe (‰) ±2sd Fe/Al FeLith/FeNL

PS78/206-2 MUC 86° 26,43' N 60° 5,75' E 1770 0-1 0.109 0.031 0.51 31.9

PS78/206-3 GC 86° 26,55' N 60° 9,27' E 1791 41-42 0.082 0.026 0.46 2.1

PS78/206-3 GC 49-50 -0.220 0.019 0.85 0.6

PS78/206-3 GC 141-142 0.167 0.029 0.32 46.5

PS78/206-3 GC 251-252 0.160 0.034 0.66 0.9

PS78/237-1 MUC 83° 44,65' N 154° 24,88' W 2378 1-2 0.052 0.034 0.57 4.2

PS78/237-3 GC 83° 44,85' N 154° 25,64' W 2369 15-16 0.119 0.013 0.52 3.8

PS78/237-3 GC 25-26 0.059 0.019 0.60 3.7

PS78/237-3 GC 37-38 0.104 0.031 0.58 4.4

PS78/237-3 GC 46-47 0.085 0.01 0.58 4.6

PS78/248-4 MUC 84° 40,75' N 149° 59,41' E 1611 0-1 0.030 0.009 0.64 6.0

PS78/248-6 GC 84° 40,37' N 149° 47,79' E 1620 44-45 0.034 0.047 0.61 1.5

PS78/248-6 GC 120-121 0.235 0.039 0.38 26.9

PS78/248-6 GC 463-464 -0.072 0.033 0.86 0.8

PS78/248-6 GC 481-482 0.274 0.011 0.37 124.9

PS78/275-1 MUC 80° 49,13' N 120° 58,26' E 3527 0-1 -0.006 0.022 0.62 8.4

PS78/277-2 MUC 80° 12,54' N 122° 12,20' E 3359 0-1 0.035 0.034 0.63 8.8

PS78/280-6 MUC 79° 8,97' N 124° 2,11' E 3077 0-1 0.069 0.006 0.58 5.4

PS78/285-6 MUC 78° 29,97' N 125° 42,94' E 2805 0-1 -0.057 0.074 0.67 6.4

PS72/410-2 MUC 80° 31,04' N 175° 44,07' W 1828 0-1 0.083 0.03 0.59 4.5

PS72/410-2 MUC 11-12 0.074 0.075 0.57 5.6

PS72/410-3 GC 80° 31,39' N 175° 43,18' W 1854 18-19 0.014 0.023 0.60 4.1

PS72/410-3 GC 34-35 0.103 0.026 0.50 68.9

PS72/410-3 GC 38-39 0.059 0.032 0.59 4.6

PS72/410-3 GC 55-56 0.052 0.031 0.53 only Lith

PS72/410-3 GC 64-65 0.032 0.039 0.60 9.8

PS78/220-7 GC* 89° 14,86' N 115° 11,34' W 1668

Table1



Dissolved Particulate Dissolved Particulate Total

µg/l µg/g kt/a kt/a kt/a

Inputs

Mackenzie total 36,075
a

4,473

lithogenic 28,860 3,579 3,579

non-lithogenic 20
b

7,215 7 895 901

Siberian rivers total 48,864
c

5,033

lithogenic 39,092 4,026 4,026

non-lithogenic 169
d

9,773 502 1,007 1,508

Groundwater non-lithogenic 94
e

28 28

Atmospheric total 870
f

lithogenic 696 2,560

non-lithogenic 0.2
f

1 174 175

Pacific inflow non-lithogenic 0.14
g

4 4

Atlantic inflow non-lithogenic 0.039
h

4 4

Coastal erosion lithogenic 37,760
i

16,237 16,237

non-lithogenic 9,440
i

4,059 4,059

Hydrothermal non-lithogenic 100
j

Total lithogenic 24,538

non-lithogenic 6,779

total 31,317

Outputs

Atlantic outflow non-lithogenic 0.039
h

-4 -4

CAA outflow non-lithogenic 0.039
h

-1 -1

Ice export lithogenic 37,760
i

-325 -325

non-lithogenic 9,440
i

-81 -81

Sediment export lithogenic 37,760
i

-1,850 -1,850

non-lithogenic 9,440
i

-463 -463

Shelf sediments lithogenic 47,761
k

-22,113 -22,113

non-lithogenic 11,427
k

-5,291 -5,291

Basin sediments lithogenic 29,000
l

-4,118 -4,118

non-lithogenic 11,848
l

-1,682 -1,682

Total lithogenic -28,406

non-lithogenic -7,522

total -35,929

Table2



248-6 206-3 220-7 ACEX

mean Mnxs (g*kg
-1

) 4135 1000 820 1940

sedimentation rate (cm*a
-1

) 0.0036 0.0018 0.0010 0.0024

Mn accumulation rate (g*cm
-2

*a
-1

) 1.69E-05 2.11E-06 9.08E-07 5.40E-06

Mn from external sources (rel-%) 48 >100 >100 >100

mean Fexs (mg*kg
-1

) 18757 12520 33010 23210

Fe accumulation rate (g*cm
-2

*a
-1

) 7.67E-05 2.64E-05 3.66E-05 6.46E-05

Fe from external sources (rel-%) >100 >100 >100 >100

Table3



Core element ĭ ș2
Dsw

0°C
(m

2
*s

-1
) Dsed (m

2
*s

-1
) gradient (mol*m

-4
) Jsed (mol*m

-2
*a

-1
)

representative time 

for flux (ka)

total elementxs 

(g*kg
-1

)

flux-derived 

elementxs (g*kg
-1

)

flux-derived 

elementxs (rel-%)

248-6 Mn 0.6 2.02 3.0*10
-10

1.5*10
-10

2.1*10
-1

0.6*10
-3

120 9.1 13.5 149

12 9.1 1.3 15

Co 0.6 2.02 3.2*10
-10

1.6*10
-10

2.6*10
-4

0.8*10
-6

80 0.021 0.013 61

12 0.021 0.002 9

Mo 0.6 2.02 4.0*10
-10

2.0*10
-10

8.7*10
-4

3.3*10
-6

80 0.029 0.087 303

12 0.029 0.013 45

206-3 Mn 0.6 2.02 3.0*10
-10

1.5*10
-10

2.2*10
-2

6.2*10
-5

220-7 Mn 0.6 2.02 3.0*10
-10

1.5*10
-10

5.6*10
-2

1.6*10
-4

Table4
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