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 30 

Abstract 31 

Oxygen Minimum Zones (OMZs) are expanding in modern oceans due to anthropogenically-driven 32 

climate and environmental change. In the Eastern Mediterranean Sea (EMS), OMZs developed in the 33 

early Holocene as a result of decreased intermediate water ventilation, increasing temperature, and 34 

increased Nile discharge and primary productivity. Here, we report benthic foraminiferal numbers 35 

(BFN) and species abundances, together with redox-sensitive trace metals (RSTM), and iron and 36 

phosphorus speciation from two sediment cores sampled at intermediate depths (1200 and 1430 m) 37 

from the SE Levantine shelf. The main aim of our study is to better understand the sequence of redox 38 

changes during sapropel S1 deposition caused by biogeochemical processes affecting the sapropel 39 

intermediate water mass. The use of benthic foraminifera indices (diversity and oxygen) together with 40 

iron speciation and RSTM (V, Mo and U) enables detailed description of the changing oxygen/redox 41 

status of the overlying water. Prior to sapropel S1 deposition at ~10.2 ka BP, RSTM suggest that the 42 

overlying water was well oxygenated, but benthic foraminifera numbers (BFN) suggest that oxygen 43 

levels had already begun to decrease. There was then a pulse of increased export carbon from the 44 

enlarged Nile flood plume, as shown by increased BFN at the beginning of sapropel S1. Shortly after, 45 

RSTM and Fe-S systematics suggest that the water column transitioned from dysoxic to anoxic, non-46 

sulfidic. Anoxic conditions then persisted at 1200 m depth, but RSTM and benthic foraminifera indices 47 

suggest that deeper waters at 1430 m were more likely dysoxic, until the 8.2 ka BP global cooling event. 48 

The benthic foraminifera and inorganic redox proxies then suggest a second period of anoxic, non-49 

sulfidic conditions, with a gradual return to well ventilated waters at the end of sapropel deposition at 50 

~6 ka BP. There was enhanced burial of authigenic P throughout sapropel deposition, derived from the 51 

deposition and subsequent release of organic-P and iron bound-P during diagenesis. Phosphorus 52 

recycling from the sediment and in the overlying water column added reactive P to these mid-depth 53 

waters, a process which has the potential to result in a positive feedback in systems where such waters 54 

are upwelled into the photic zone. The past EMS thus represents a template which can be used to 55 

predict biogeochemical changes in settings that evolve towards anoxic, non sulfidic conditions, which 56 

may occur in some areas as modern climate and environment change causes the continued expansion 57 

of modern OMZs and hypoxic areas adjacent to modern major rivers.  58 

Keywords: Sapropel, P cycling, Redox evolution, Benthic foraminifera, Eastern Mediterranean  59 

 60 

1. INTRODUCTION 61 
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One strategy to predict the potential effects of anthropogenic activities on the environment and 62 

climate is to study geologically recent episodes of natural climate change and ensuing biogeochemical 63 

changes. One of the most dramatic locations to study such effects is the Eastern Mediterranean Sea 64 

(EMS), where during the late Holocene, the ultraoligotrophic water column changed to deeper water 65 

anoxia and back again over a period of ~5000 years, resulting in the deposition of organic-rich 66 

sapropelic sediments (De Lange et al., 2008).  67 

At present, the circulation in the EMS is anti-estuarine (Pinardi and Masetti, 2000). Atlantic surface 68 

water flows into the EMS through the Straits of Sicily and then flows eastward. Due to strong net 69 

evaporation, the Atlantic surface water becomes progressively more saline as it flows to the east. In 70 

winter, the surface water cools and downwells to form Levantine intermediate water (LIW), which 71 

flows westwards, eventually exiting through the Straits of Sicily. Eastern Mediterranean deep water is 72 

formed in the Adriatic Sea in winter and has a residence time of ~120 years (Schlitzer et al., 1991). This 73 

water mass remains fully oxic throughout the basin, with levels of 60-80% O2 saturation (Emeis et al., 74 

1996).  75 

In the relatively recent geological past (~10.8-6 kyr BP), however, the oxygen status of deep water in 76 

the EMS was very different (De Lange et al., 2008). As a result of insolation forcing, the climate in both 77 

N. Africa and the Mediterranean basin was more humid, and the physical circulation altered 78 

dramatically. The deep water below 1800 m became stagnant and euxinic (anoxic with free H2S; De 79 

Lange et al., 2008), while the water structure above 500 m was similar to that of the modern EMS, 80 

albeit probably with a longer residence time (Myers et al., 1998; Stratford et al., 2000; Zirks et al., 81 

2019). During this period, a distinct sapropel intermediate water (SIW) mass existed between 500 to 82 

1800 m, which was formed in the Aegean and flowed into the southern Adriatic and the S.E. Levantine 83 

basin (Zirks et al., 2019).  84 

Coincident with the formation of sapropel S1, the Inter Tropical Convergence Zone (ITCZ) moved north 85 

during the African Humid Period (DeMenocal et al., 2000), resulting in increased discharge from the 86 

river Nile (van Helmond et al., 2015; Mojtahid et al., 2015; Zwiep et al., 2018). Together with a regional 87 

increase in rainfall, this caused reduced surface water salinity in the EMS, reduced ventilation rates in 88 

the intermediate water, and stagnation in the deep water of the EMS. The maximum Nile flow, which 89 

was considerably higher compared to the modern Nile (Rossignol-Strick et al., 1982; Wu et al., 2019), 90 

resulted in a more extensive reduced salinity Nile plume off the Israeli coast (Hennekam et al., 2015). 91 

This increased Nile flow supplied abundant nutrients, resulting in higher primary productivity and thus 92 

enhanced export of labile organic carbon into intermediate levels (Zwiep et al., 2018). As the SIW 93 

flowed away from its Aegean source, decomposition of this labile carbon reduced the dissolved oxygen 94 

content, such that in the S.E. Levantine basin oxygen was largely (or entirely) consumed, resulting in 95 
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the development of two oxygen minimum zone (OMZ) intervals separated by a short period of partial 96 

reventilation (Zirks et al., 2019).   97 

Several facets of the environmental response of the EMS during sapropel S1 formation are of relevance 98 

to the modern ocean. One of the consequences of modern climate change is an expansion of OMZs in 99 

the intermediate water of several parts of the ocean (Diaz and Rosenberg, 2008; Stramma et al., 2008; 100 

Breitburg et al., 2018). At present, OMZs have only reached the level of severe hypoxia with major 101 

denitrification (Breitburg et al., 2018; Levin, 2003), but the future response of OMZs to continued 102 

environmental perturbation remains unclear. In addition, another important consequence of modern 103 

anthropogenic change is an increased pollutant nutrient flux down many major rivers to the adjacent 104 

coastal zone (Ludwig et al., 2009). This is strikingly similar to the increased nutrient influx that occurred 105 

in the S.E. Levantine basin as a result of increased weathering in the Nile catchment during deposition 106 

of sapropel S1. In many locations these anthropogenic changes have resulted in areas of hypoxia on 107 

the adjacent coastal shelf, for example in the Gulf of Mexico adjacent to the Mississippi delta (Shi and 108 

Wang, 2009; Kolker et al., 2014), the East China Sea near the Yangtze river outflow (Li et al., 2002; 109 

Duan et al., 2008), and in the Bay of Bengal (Satpathy et al., 2013). At present, although these areas of 110 

hypoxia exist and are expanding, they have remained localised to the coastal shelf and have not 111 

expanded to intermediate depths. Therefore, detailed study of the response of marine settings 112 

adjacent to major river systems, such as the EMS during sapropel S1 formation, may provide important 113 

insight into the potential future behaviour of the modern ocean in a progressively warming and 114 

nutrient-rich world. 115 

Here, we utilize biotic (benthic foraminifera) and inorganic geochemical proxies to determine the 116 

changing oxygen content of the water column during sapropel S1 formation. We focus on two cores 117 

sampled adjacent to the Israeli coast at depths of 1200 m and 1430 m, within the depth zone of SIW. 118 

We use Ba/Al and TOC to define the beginning and end of sapropel S1, and the AMS 14C dating of 119 

planktonic foraminifera to determine sedimentation rates. Detailed study of the abundance and 120 

diversity of benthic foraminifera are used, in combination with Fe speciation and redox-sensitive trace 121 

metals (V, U and Mo), to determine the evolving redox state of the water column. Together with data 122 

collected from previous cores, these results are used to determine the spatial and temporal evolution 123 

of SIW across the coastal shelf under the Nile plume. We additionally report P speciation data to 124 

identify nutrient feedbacks and controls on the chemical evolution of water column redox conditions. 125 

 126 

2. MATERIALS AND METHODS 127 

2.1. Samples 128 
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Cores EZ17G5 (1200 m water depth, 32°18.19070'N, 34°15.20420'E) and ME0318 (1430 m water 129 

depth, 32°47.51667'N, 34°22.38333'E) were collected in the Eastern Mediterranean Levantine basin 130 

from the R/V Mediterranean Explorer in March 2017 and 2018, respectively (Figure 1). Core EZ17G5 131 

was 224 cm long, and core ME0318 was 193 cm long. The cores were sampled the day after collection, 132 

split in half, and subsampled every centimetre into plastic containers, followed by freeze drying. The 133 

freeze-dried samples that were used for Fe and P speciation were stored in a freezer at -4°C until 134 

analysis, while the samples for major element and other analyses were stored at room temperature. 135 

The data from these two cores are compared with results from previously published cores (Figure 1), 136 

including PS009PC at 552 m water depth (Hennekam and de Lange, 2012; Hennekam et al., 2014), 137 

SL112 at 892 m water depth (Kuhnt et al., 2008; Schmiedl et al., 2010), 9505 at 884m water depth, and 138 

MD04-2722 at 1780 m water depth (Tachikawa et al., 2015). 139 

2.2. Age model 140 

Surface-dwelling planktic foraminifera samples from each core were analysed for their 14C Accelerator 141 

Mass Spectrometry (AMS) age by Direct AMS, USA. Ages were calibrated using the marine mode of 142 

Calib 7.0.4 (Stuiver and Reimer, 1993). Linear regression was found to best fit the data and was 143 

therefore chosen to calculate ages (Figure 2). The data used to develop these linear regression plots is 144 

given in the Supplementary Information (Table S1). Since sample 94-95 from EZ17G5 has a corrected 145 

age of ~8.2 ka BP, which is a recognised time horizon related to a known global cooling event (Rohling 146 

and Pälike, 2005), we determined the age model for this core via two linear regressions, one from 0 to 147 

95 cm, and the other from 95 cm until the end of the core. 148 

2.3. Foraminifera analyses 149 

Benthic foraminifera were separated from the >125 µm fraction at 1 cm resolution throughout the 150 

depths identified as sapropel, and at 1-2 cm resolution above and below the sapropel interval. 151 

Generally, the entire >125 µm fraction was used to achieve a sufficient number of benthic foraminifera 152 

for reliable faunal analyses. Foraminifera were identified at species level (see Figure S1-3), and the 153 

benthic foraminifera number per gram (BFN) was calculated. The Shannon-Weaver Diversity Index 154 

(H(S), Div) was calculated according to Buzas and Gibson (1969) based on the proportion of each 155 

species. Species with low occurences do not contribute greatly to the value of H(S), while species high 156 

in numbers contribute more. The highest Div value is given when all species have the same frequency 157 

(Buzas and Gibson, 1969). The oxygen index (OI) was calculated as the ratio between the relative 158 

abundance of high oxygen indication benthic foraminifera (e.g., Miliolid spp., Gyroidinoides orbicularis) 159 

and species indicating low oxygen (e.g., Fursenkoina spp., Globobulimina spp.), together with the 160 

normalized diversity (Schmiedl et al., 2003; Schmiedl et al., 2010).  161 
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2.4. Inorganic analyses 162 

For the analysis of total organic carbon (TOC), about 45 mg of dry, ground sediment was pre-treated 163 

with 5% (vol/vol) HCl to remove inorganic carbon. After this treatment, samples were dried at 60°C 164 

and then combusted in an oxygen stream at 950°C. The samples were analysed with a Skalar PrimacsSLC 165 

Analyzer at the University of Haifa, Israel. Tests on a series of replicate samples (n = 6) gave a relative 166 

standard deviation (RSD) of ±8.3%. X-Ray fluorescence (XRF) was used to determine major and trace 167 

elements. Between 2.0-2.5 g of dried sediment was ground into fine powder and measured with an 168 

ED-XRF in a vacuum chamber. The precision and accuracy estimates for the major and minor elements 169 

are given in Table S2. For core EZ17G5, the resolution of XRF measurements was 1 cm within the 170 

sapropel zone, and 2 cm below and above, and for core ME0318 samples were measured every 2 cm.   171 

The Fe speciation methods were developed from Poulton and Canfield (2005) and Canfield et al. 172 

(1986), as used by Zegeye et al. (2012), Goldberg et al. (2012) and Xiong et al. (2019). The procedure 173 

targets six operationally defined phases, with steps I-III performed sequentially (for extraction details 174 

see Table S3, which also reports target Fe phases and the precision of each extraction based on 175 

replicate extractions). The reduced iron extracted in step I was measured by spectrophotometer via 176 

the ferrozine method (Stookey, 1970), while the other unsulfidized Fe phases were measured by AAS. 177 

These extractions target unsulfidized reduced solid phase Fe (e.g., surface-bound Fe(II) and easily 178 

soluble reduced Fe minerals such as Fe(II) phosphates; Fe(II)unsulf), highly reducible ferric oxides (e.g., 179 

ferrihydrite; Feox1), crystalline Fe (oxyhydr)oxides (e.g., goethite and hematite; Feox2) and mixed 180 

ferrous/ferric oxides (e.g., magnetite; Femag). Sulfide bound as acid-volatile sulfur (FeAVS) and pyrite 181 

(Fepy) was extracted by the two-step acid Cr(II) method and trapped as Ag2S, followed by weighing of 182 

the precipitate and stoichiometric conversion to Fe concentrations (Canfield et al., 1986). The total 183 

concentration of Fe present as sulfide phases (Fesul) was then calculated as the sum of FeAVS and Fepy. 184 

The total pool of Fe that is considered highly reactive (FeHR) to biotic and abiotic reduction in near-185 

surface environments (Canfield et al., 1992; Raiswell and Canfield, 1998; Poulton et al., 2004)  was 186 

calculated as: 187 

FeHR = Fe(II)unsulf + Fe(III)ox1 + Fe(III)ox2 + Femag+ Fesul                (1) 188 

 189 

The sequential extraction method (SEDEX) for different phosphorus phases was modified from 190 

Ruttenberg (1992). Five sedimentary P reservoirs were extracted by different reagents as detailed in 191 

Table S4. Iron-bound P (PFe) was determined via ICP-OES, due to interference of citrate with the 192 

spectrophotometric determination of phosphate. All other P phases were determined via the 193 
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molybdate blue method (Koroleff, 1976) on a Thermo Genesys 6 spectrophotometer at 880 nm 194 

wavelength. Reactive P (Preactive) was calculated as: 195 

                                   Preactive = Psorb + PFe + Paut + Porg                                                                                               (2) 196 

 197 

3. INTERPRETATIONAL REDOX FRAMEWORK 198 

Benthic foraminifera can be grouped into three main categories: epifaunal species which live on the 199 

sediment surface, shallow infaunal species that live within the upper 2-3 cm of the sediment, and deep 200 

infaunal species which live deeper in the sediments (down to ~9 cm). According to the TROX-model, 201 

epifaunal species require high oxygen levels, while shallow and deep infaunal species require 202 

progressively less oxygen (Jorissen et al., 1995; Jorissen, 1999). These distinctions can be used to 203 

determine relative oxygen levels in the overlying water (Table 1). In addition, diversity and oxygen 204 

indices were used to determine changes in the oxygen content. Generally, high Div and OI indicate 205 

oxygenated conditions, whereas reduced Div indicates highly specialized fauna, and an OI of ~0.5 206 

reflects reduced oxygen content. Finally, when Div and/or OI are zero, all benthic foraminifera have 207 

died, suggesting anoxic conditions. However, deep infaunal species can migrate to shallower habitats, 208 

and shallow infaunal species can migrate to epifaunal habitats, depending on oxygen and food supply 209 

within the sediment and at the sediment-water-interface. In addition, Div (and hence OI) can also 210 

change when the food supply drops, without concomittent changes in oxygen content (Schmiedl et al., 211 

2003).  212 

To provide more detailed information on the precise redox state of the overlying water column, we 213 

utilize iron speciation (Poulton and Canfield, 2005), which is commonly used to distinguish oxic, 214 

ferruginous (anoxic, Fe-rich) and euxinic (anoxic, sulfidic) water column conditions. In this context, 215 

FeHR/FeT ratios <0.22 provide robust evidence for deposition from an oxic water column, ratios >0.38 216 

suggest anoxic water column conditions, and ratios from 0.22-0.38 are considered equivocal (Poulton 217 

and Canfield, 2011; Poulton, 2021). For samples deposited under anoxic water column conditions, 218 

Fesul/FeHR ratios can be used to distinguish euxinic from ferruginous conditions (Poulton and Canfield, 219 

2011), whereby Fesul/FeHR <0.7 is commonly taken as the threshold for distinguishing ferruginous 220 

settings, and Fesul/FeHR >0.8 denotes euxinia. However, based on several geochemical proxies, 221 

Benkovitz et al. (2020) have recently suggested that for Eastern Mediterranean sapropel deposition, 222 

Fesul/FeHR >0.6 (combined with FeHR/FeT >0.38) may be more appropriate for recognizing euxinic 223 

depositional conditions, and this lower threshold is also supported by analyses of euxinic Baltic Sea 224 

sediments (Hardisty et al., 2016; see Poulton, 2021). 225 
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We also use V, Mo and U (normalized to aluminium) to provide additional insights into water column 226 

redox conditions. Vanadium is commonly transported to sediments as the vanadate ion (H2V(VI)O4
-) 227 

adsorbed onto Mn oxides. Under dysoxic porewater conditions, where Mn oxides are reduced to Mn2+, 228 

V is commonly released from sediments (Emerson and Huested, 1991; Nameroff et al., 2002). By 229 

contrast, under anoxic conditions, the vanadate released following Mn oxide reduction is reduced to 230 

the vanadyl ion (V(IV)O2+), which is highly surface-reactive and tends to be retained in the sediment 231 

(Emerson and Huested, 1991). Molybdenum is transported to the ocean as the molybdate anion 232 

(MoO4
2-) and is largely unreactive in oxic settings, with the main removal pathway to the sediments 233 

being through uptake by Fe-Mn (oxyhydr)oxide minerals (Bertine and Turekian, 1973). By contrast, if 234 

a critical threshold of free H2S is met under anoxic conditions, the molybdate anion is converted to 235 

particle-reactive thiomolybdate (Helz et al., 1996; Wagner et al., 2017), leading to significant Mo 236 

enrichment in the sediments (Emerson and Huested, 1991; Helz et al., 1996; Erickson and Helz, 2000; 237 

Scholz et al., 2013). Unlike Mo, U is preferentially buried in sediments deposited beneath anoxic 238 

bottom waters regardless of whether euxinic or ferruginous conditions dominate, as U reduction 239 

primarily occurs in the sediments, not in the water column (Anderson et al., 1989; Klinkhammer and 240 

Palmer, 1991). Our combined geochemical approach thus offers the possibility of defining spatial and 241 

temporal variability in the precise redox chemistry of SIW as it evolved. 242 

 243 

4. RESULTS 244 

4.1. Major elements 245 

The general trends for TOC and Ba/Al are similar between the two analysed sediment cores (Figure 3). 246 

TOC and Ba/Al start to increase from ~10.2 ka BP, with a small decline at ~8.2-7.6 kyr BP in core ME0318 247 

and ~8.2-7.8 kyr BP in core EZ17G5, followed by a gradual decline to lower levels, with Ba/Al returning 248 

to pre-sapropel levels at ~6 ka BP.  249 

V/Al ratios show similar, but subtly different, trends in the two cores (Figure 3), with values that are 250 

initially low (below average shale; Turekian and Wedepohl, 1961) before a large peak, which tails off 251 

more slowly in core ME0318 (V/Al ratios reach peaks of 35 at ~9.5 ka BP in EZ17G5, and 25 at ~9.7 ka 252 

BP in ME0318). In EZ17G5, there is subsequently a smaller peak in V/Al (~16) at ~8 ka BP. For both 253 

cores, U/Al ratios increase gradually, from values that are initially similar to average shale, before 254 

reaching a general maximum coincident with the point at which V/Al ratios return to background levels 255 

(~8.8 ka BP in ME0318, and ~9.3 ka BP in EZ17G5). These maxima in U/Al then persist before a gradual 256 

decline to background levels at ~6-6.5 ka BP. Mo/Al ratios in core ME0318 (no data are presented for 257 

Mo/Al in core EZ17G5 as Mo concentrations were below the detection limit) show a similar trend to 258 
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U/Al ratios, with ratios that are persistently elevated relative to average shale. For both cores, Mn/Al 259 

ratios show a large peak at ~10.2 ka BP, with smaller peaks at ~6 ka BP. 260 

4.2. Benthic foraminifera  261 

The number of benthic foraminifera (individuals per g dry sediment) is high in EZ17G5 between 10.2 262 

and 9.6 ka BP (up to >700 ind. g-1) before an abrupt disappearance at ~9.6 ka BP (BFN = 0 ind. g-1, Figure 263 

4). At ~7.8 ka BP, benthic foraminifera re-appear in small numbers until ~6.7 ka BP, after which there 264 

is a slight increase (Figure 4). A peak in BFN occurs in ME0318 between 10.2-9.8 kyr BP (>400 ind. g-1). 265 

At 9.7 ka BP, there is a sharp drop in BFN which coincides with the peak in V/Al (Figure 3). Subsequently, 266 

a second, smaller peak can be seen in the BFN from 9.7-9.5 kyr BP. From 9.5-8.6 kyr BP very few benthic 267 

foraminifera were found. There are two periods, between ~8.6-8.1 kyr BP and 7.5-6.6 kyr BP, where 268 

there were no BFN in ME0318. Those two periods were interrupted by an interval of ~500 years (8.0-269 

7.5 kyr BP) with very low numbers of benthic foraminifera. After ~6.6 ka BP, the number of benthic 270 

foraminifera increases slowly.  271 

The calculated diversity and oxygen indices for both sediment cores show some differences between 272 

the sampling locations (Figure 4). In EZ17G5, both indices begin to decline at ~11 kyr BP and this 273 

continues until ~9.6 kyr BP, followed by an abrupt drop to zero. At about 7.9 ka BP, there is a short-274 

lived peak in both indices, followed by an overall slow, but fluctuating, recovery. At ~6.4 ka BP, diversity 275 

reaches a relatively constant value of H(S) = ~2, while OI is steady at ~0.7. In ME0318, diversity shows 276 

an overall decrease from 10.5-8.8 kyr BP, after which no benthic foraminifera were found until a depth 277 

of ~112 cm in the core. The OI shows a similar overall trend, but with a small increase between 9.3-8.8 278 

kyr BP. From ~8.1-7.6 kyr BP, there is a sharp increase in both diversity and OI, followed by a return to 279 

zero in both parameters, and then a rise to relatively constant levels after ~6.5 ka BP. 280 

4.3. Iron speciation 281 

The concentrations of Fe in different extraction phases are shown in Figure 5. The Fe(III)unsulf and 282 

Fe(III)ox1 pools, dominantly comprising surface reduced Fe(II) and hydrous ferric oxides (e.g., 283 

ferrihydrite), respectively, are present at low concentrations in both cores, although there is some 284 

suggestion of an overall decrease with time for these fractions in the deeper water ME0318 core. Both 285 

the Feox (dominantly comprising crystalline Fe (oxyhydr)oxides) and Femag pools show distinct 286 

decreases from ~10.2-6 kyr BP, which essentially mirrors an opposite trend in Fesul (comprising Fe in 287 

pyrite and acid volatile sulfides). However, there is also a distinct peak in Fesul in both cores from ~10.2-288 

9.5 kyr BP. 289 

FeT/Al shows clear peaks in both cores between ~10.2-9.5 kyr BP (Figure 3), approximately coincident 290 

with peaks in the number of low-oxygen adapted benthic foraminifera (Figure 4), V/Al ratios (Figure 3) 291 
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and Fesul (Figure 5). FeT/Al ratios then fluctuate around a lower average value until ~6.3 ka BP, after 292 

which more stable low values occur (Figure 3), although FeT/Al ratios are persistently elevated relative 293 

to average shale (average shale FeT/Al = 0.59, Turekian and Wedephol, 1961), consistent with high 294 

total Fe in sediments transported by the Nile river (Poulton and Raiswell, 2002). The initial peaks in 295 

FeT/Al in both cores are matched by coincident peaks in FeHR/FeT, and FeHR/FeT ratios then gradually 296 

decline in both cores, although values remain elevated (above 0.38) for longer in the deeper water 297 

ME0318 core (Figure 6). Similarly, Fesul/FeHR ratios show an initial peak before ~9.5 ka BP, and ratios 298 

then decrease gradually until a more rapid drop at ~6.3 ka BP (Figure 6). However, Fesul/FeHR ratios 299 

rarely reach the lower threshold for possible identification of euxinic water column conditions in the 300 

Eastern Mediterranean (Benkovitz et al., 2020), and never exceed the more conservative threshold for 301 

robust identification of water column euxinia of >0.8 (Poulton and Canfield, 2011).  302 

4.4. Phosphorus speciation 303 

In core EZ17G5, total P (PT) increases from ~18.8 moles/g prior to the start of S1 sapropel deposition 304 

at 10.2 ka BP, to a maximum at ~9.6 ka BP, followed by a slow overall decrease to background 305 

concentrations after ~6 ka BP (Figure 7). Porg increases from background levels before ~10.2 ka BP, to 306 

a peak of 2.77 moles/g at ~9ka BP. There was then a decrease to a minimum during the ~8.2 ka BP 307 

interruption (Figure 7), followed by a smaller increase before decreasing to background levels at ~6 ka 308 

BP. Paut closely mirrors the PT trend, with an increase from ~8.2 moles/g before ~10.2 ka BP to a 309 

maximum of 17.3 moles/g, followed by a slow decrease to a minimum of 7.0 moles/g. The PFe profile 310 

is approximately the inverse of Paut, with a high of 3.4 moles/g before ~10.2 ka BP, a decrease to an 311 

average of 2.9 moles/g up to ~8.2 ka BP, followed by a gradual increase before reaching a relatively 312 

constant background value after ~6 ka BP. In contrast to the other P species, Pdet is highest before ~10.2 313 

ka BP (5.66 molesP/g), and decreases steadily to an approximately constant value of 2.9-3.1 moles/g 314 

from ~6 ka BP onwards.  315 

The P speciation trends in core ME0318 are similar to those in core EZ17G5, but less well defined 316 

(Figure 7). Total P varies considerably, but is generally higher in the interval from ~10.2-6 kyr BP, with 317 

a pronounced peak from ~8.2-7.5 kyr BP. Porg also varies considerably, with a pronounced peak at ~10 318 

ka BP. Paut increases from 13.5 moles/g prior to 10.2 ka BP, to an average value of 18.7 moles/g and 319 

a peak value of 29.4 moles/g at ~7.8 ka BP. There is then a steady overall decrease to background 320 

values after ~6 ka BP. PFe initially decreases from background values before 10.2 ka BP, to an average 321 

of 2.4 moles/g, followed by a gradual increase after ~8.2 ka BP. Pads shows a very similar trend to core 322 

EZ17G5, with particularly low values from ~10.2-6 kyr BP. Pdet shows a gradual decrease from values of 323 

~4.4 moles/g before ~10.2 ka BP, to relatively constant concentrations of 3.8–4 moles/g after ~6 ka 324 

BP.  325 
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 326 

5. DISCUSSION 327 

5.1. Timing of sapropel deposition 328 

Sapropels are defined by increases in Ba/Al and/or TOC, as indicators of higher productivity and 329 

preservation (De Lange et al., 2008). In both cores, Ba/Al and TOC show a marked increase from 330 

background levels starting at ~10.2 ka BP (Figure 3), which denotes the start of S1 sapropelic 331 

conditions. Both Ba/Al and TOC show a more protracted decrease to background levels, placing the 332 

termination of sapropel S1 deposition at ~6 ka BP, although this is more poorly defined than the onset 333 

(Figure 3). These ages are compatible with the range of ages given for the start (9770 ± 350 ka BP) and 334 

end (5710 ± 440 ka BP) of sapropel SI formation (De Lange et al., 2008). 335 

5.2. Redox state of the water column 336 

Our understanding of the redox state of the water column during sapropel S1 deposition has become 337 

more nuanced over recent years. It now appears there was a 4 layer water mass structure in the EMS 338 

in general, and the S.E. Levantine basin in particular, during this period (Zirks et al., 2019). The upper 339 

500 m was similar to the present water mass structure with two water mass layers  (Myers and Rohling, 340 

2000) and was likely oxygenated, while the deep water beneath 1800 m was stagnant and euxinic (De 341 

Lange et al., 2008; Azrieli-Tal et al., 2014). Between 500 and 1800 m the SIW was intermittently 342 

ventilated (Grimm et al., 2015; Zirks et al., 2019).  343 

Our approach of combining benthic species data with RSTM and Fe speciation, allows a particularly 344 

detailed reconstruction of water column redox dynamics across a mid-depth range at the heart of 345 

SIW (1200-1430 m), which we subsequently consider in relation to previous studies of shallower and 346 

deeper settings. We find no evidence for euxinic water column conditions in SIW, since samples with 347 

elevated FeHR/FeT (>0.38) have Fesul/FeHR ratios that fall below thresholds for identifying euxinia 348 

(Figure 6). We provide support for this by considering covariation between Mo and U enrichment 349 

factors (EF) (Figure 8), which were calculated relative to average shale (Turekian and Wedepohl, 350 

1961). Samples from both cores plot close to the particle shuttle zone (Algeo and Tribovillard, 2009; 351 

Tribovillard et al., 2012), which suggests that relative Mo enrichments (Figure 3) likely occurred due 352 

to drawdown of Mo in association with Fe-Mn (oxyhydr)oxide minerals, rather than the development 353 

of euxinia (Algeo and Tribovillard, 2009; Tribovillard et al., 2012), although the development of 354 

sulfidic porewaters may have helped retain Mo in the sediment (Scholz et al., 2011).  355 

However, the combined data show significant temporal variability in the intensity of oxygen 356 

depletion, which we discuss in detail below and summarise in Figures 3-6. Based on some samples 357 

with moderate Mo concentrations during sapropel S1 deposition at 1022 m water depth, Zwiep et al. 358 
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(2018) suggest that the water column may have been intermittently euxinic. While this is a 359 

possibility, the MoEF vs UEF systematics we observe (Figure 8), coupled with our detailed Fe 360 

speciation data, suggest that it was more likely that the water column was not intermittently euxinic 361 

(or only very rarely so), and instead Mo was dominantly brought down to the sediment in association 362 

with the high concentrations of Fe (oxyhydr)oxide minerals supplied to the EMS by the Nile river 363 

(Poulton and Raiswell, 2002). 364 

Benthic foraminifera species, grouped into epifaunal, shallow infaunal and deep infaunal forms are 365 

shown for core EZ17G5 (Figure S1), core ME0318 (Figure S2) and SL112 (Figure S3).  Some species are 366 

able to tolerate very low amounts of oxygen (Sen Gupta and Machain-Castillo, 1993) and are even able 367 

to respire nitrate through denitrification (Risgaard-Petersen et al., 2006; Høgslund et al., 2008; Piña-368 

Ochoa et al., 2009). The different groups generally indicate different oxygen and food levels (Jorissen 369 

et al., 1995; de Stigter, 1996). At the sediment-water interface, epifaunal species live under well-370 

oxygenated conditions and can survive under reduced food supply (oligotrophic conditions). Under 371 

mesotrophic conditions, food supply is increased and oxygen starts to decrease, this still favours 372 

epifaunal species, but shallow infaunal species numbers increase. Under eutrophic conditions (high 373 

food supply, low oxygen), deep infaunal species are the dominant forms that can migrate up to the 374 

sediment-water interface (de Stigter, 1996). Following the microhabitat descriptions of den Dulk et al. 375 

(1998), Kaiho (1994), Sen Gupta and Machain-Castillo (1993), and Van Der Zwaan et al. (1999), the 376 

benthic foraminifera species discussed here are categorized by their adaptation to different oxygen 377 

levels (Table 1).  378 

In both of the cores analysed in the present study, we find that oxygenated water column conditions 379 

persisted until ~10.2 ka BP, which is supported by analyses of core SL112 at 892 m (Kuhnt, 2008). This 380 

interpretation is based on the presence of miliolid species which require a well-ventilated water 381 

column, and on the high percentages of H. elegans, C. pachyderma and C. carinata, which imply an 382 

increased carbon supply but also well-ventilated conditions (Table 1; Figures S1-S3). At the same time, 383 

a decreasing trend occurs in the OI, diversity remains relatively constant in the deeper ME0318 core 384 

(although there is a slight decrease in the shallower EZ17G5 core; Figure 4), TOC and RSTM 385 

concentrations are low (Figure 3), and FeHR/FeT ratios (<0.38) do not show evidence for deposition from 386 

an anoxic water column (Figure 6). Taken together, these observations suggest a gradual decrease in 387 

the oxygen content of the water column prior to the onset of sapropel deposition at ~10.2 ka BP. 388 

There is a short period of time (~10.2-9.8 kyr BP in ME0318; ~10.2-9.6 kyr BP in EZ17G5) where the 389 

number of benthic foraminifera show a major increase (Figure 4). A similar increase was also observed 390 

in core SL112 (Kuhnt, 2008), while Zwiep et al. (2018) find evidence for increased primary productivity 391 

based on dinocyst accumulation rates. The diversity in this period varies around 2 and the OI is below 392 
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0.4. The high peak in BFN in all three cores consisted of C. pachyderma, B. variabilis, Bulimina spp., 393 

Brizalina spp., Fursenkoina spp., C. bradyi, C. oolina and Globobulimina spp. (see Figures S1-S3). C 394 

pachydermus and B. variabilis are ‘transition’ species that can tolerate reduced oxygen levels, but 395 

cannot survive anoxic conditions (Sen Gupta and Machain-Castillo, 1993; Kaiho, 1994). These species 396 

also suggest an increased flux of organic matter (Sen Gupta and Machain-Castillo, 1993; Kaiho, 1994), 397 

which is evident in Figure 3. The occurrence of Bulimina spp. and Brizalina spp. together indicate 398 

stronger stratification of the water mass (Kaminski et al., 2002). Fursenkoina spp., Globobulimina spp., 399 

C. bradyi and C. oolina also indicate lower amounts of oxygen and increased organic matter availability 400 

(Corliss, 1985; Mackensen and Douglas, 1989; Kaiho, 1994; den Dulk et al., 1998; de Stigter et al., 1998; 401 

De Rijk et al., 2000; Kaminski et al., 2002).  402 

At this depth interval (120 cm; 10.2 ka BP), U/Al ratios begin to increase, but V/Al ratios remain low 403 

(Figure 3), while FeT/Al, FeHR/FeT and Fesul/FeHR all begin to increase. Enrichments in FeT/Al and FeHR/FeT 404 

(and indeed some trace metals) at the base of the sapropel could arise through mobilization during 405 

diagenesis beneath the sapropel, followed by upwards diffusion. However, the coherent behavior we 406 

document between Fe-S and RSTM systematics, coupled with benthic foraminifera indices, suggests 407 

that such a process is unlikely to be the dominant reason for the observed enrichments in FeT/Al and 408 

FeHR/FeT, which persist for some time through the sapropel. Indeed, this occurs despite the 409 

development of sulfidic porewaters (as indicated by Fepy/FeHR ratios) beneath the sapropel, which 410 

would act to restrict mobilization of Fe2+ through precipitation of Fe sulfides. Thus, we invoke a 411 

dominant water column source for Fe enrichments, which could potentially arise in a variety of ways, 412 

including from dissolved Fe(II) released in deeper anoxic waters, followed by oxidation and 413 

sedimentation under dysoxic conditions. Alternatively, Fe enrichments may also occur directly 414 

following release of Fe(II) from sediments under dysoxic OMZ-like conditions (Scholz, 2018), or the 415 

source of Fe could have been from shallower settings, since Zirks et al. (2019) noted that anoxic 416 

conditions had already developed at a depth of ~550 m (core PS009PC; Hennekam et al. 2015). 417 

Whatever the source of Fe, the increased sulfidation of Fe phases (Figure 6) was likely due to diagenetic 418 

pyrite formation, since throughout the core, an increased prevalence of sulfidized Fe minerals (e.g., 419 

pyrite) occurs at the expense of crystalline Fe (oxyhydr)oxides (Figure 5). These combined observations 420 

are consistent with progressive depletion of oxygen from the water column across this interval.  421 

There is then a major peak in V/Al in both cores at ~9.8 ka BP (possibly occurring slightly earlier in core 422 

ME0318), which coincides with high U/Al in core EZ17G5 and increasing U/Al in core ME0318 (Figure 423 

3), as well as peaks in FeHR/FeT (Figure 6). At this time, BFN, diversity and OI drop to zero in core EZ17G5 424 

and there is a dramatic, but short-lived, decrease in these parameters in core ME0318. This interval 425 

thus appears to represent the onset of fully anoxic water column conditions, with a return to lower 426 

V/Al following the initial drawdown pulse. Thus, the enrichments we observe in FeHR/FeT across this 427 
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interval most likely reflect the development of ferruginous water column conditions, rather than Fe2+ 428 

mobilization and subsequent precipitation under nitrogenous OMZ conditions (c.f., Scholz, 2018), but 429 

the most significant point is the development of anoxic, non-sulfidic conditions at this time.  430 

This interval of apparent water column anoxia coincides with a period of increased Nile flow, reduced 431 

surface salinity caused by the Nile flood plume, and increased nutrient supply and primary productivity, 432 

which is characteristic of the early stages of sapropel S1 deposition (Mojtahid et al., 2015). Anoxic 433 

conditions persisted until at least 8.2 ka BP in core EZ17G5. The situation is less clear in core ME0318, 434 

but low and fluctuating BFN, diversity and OI, coupled with intermediate U/Al likely suggest a return 435 

to dysoxic conditions, before full anoxia was re-establised from ~8.6-8.2 kyr BP. However, it should be 436 

noted that the foraminifera data are based on very few individuals and thus their reliability is 437 

uncertain.  438 

An interruption of anoxic conditions at ~8.2 ka BP, coincident with a global cooling event, is a 439 

characteristic of all sediment cores deposited in the EMS between 500-1800 m (Rohling et al., 1997; 440 

Myers and Rohling, 2000; Mojtahid et al., 2015; Zwiep et al., 2018; Zirks et al., 2019). This global cooling 441 

event caused partial reventilation of SIW (Zirks et al., 2019), as well as a decrease in the magnitude of 442 

the river Nile flood (Rohling and Pälike, 2005). In ME0318, there is an indication of a slight drop in TOC 443 

and Ba/Al (Figure 3), while the main foraminifera species that occur during the interruption are various 444 

miliolids, the opportunistic species A. tubulosa, and deep infaunal species such as Fursenkoina spp., 445 

Globobulimina spp., C. bradyi and C. oolina (Figure S2). This combination of species that prefer 446 

different habitats may indicate fluctuating low oxygen levels on time scales shorter than the sample 447 

resolution of one centimeter. In EZ17G5 the interruption is observed by a more distinct drop in Ba/Al 448 

and TOC (Figure 3), but coincides with little change (or potentially a delayed change) in the benthic 449 

foraminifera record (Figure 4). The ventilation episode is dominated by Bulimina spp. in core SL112, 450 

which implies high organic carbon content and dysoxic conditions (den Dulk et al., 1998; de Stigter et 451 

al., 1998; Licari and Mackensen, 2005). During the same period at EZ17G5, there was a minor decrease 452 

in FeHR/FeT (Figure 6), supporting partial reventilation of the water column.   453 

After the partial re-oxygenation interruption there was a second period of anoxia, but the persistence 454 

of anoxia varied as a function of water depth. The Nile runoff was less intense and there was a lower 455 

increase in PP compared with S1a (Mojtahid et al., 2015) In the shallower core EZ17G5 (and in core 456 

SL112 at 892 m), anoxia was short-lived and benthic foraminifera re-appeared gradually until the post 457 

S1 fauna was established at ~6.5-6.0 kyr BP (Figure 4). In EZ17G5, the first species to return were low-458 

oxygen forms such as Fursenkoina spp., but also shallow infaunal Uvigerina spp. and epifaunal G. 459 

orbicularis. This may indicate that the water column was poised between very low and moderate 460 

oxygen conditions. In SL112, the re-colonizing species were shallow infaunal (Uvigerina spp.) and 461 
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epifaunal (G. orbicularis), rather than deep infaunal (Kuhnt, 2008). Uvigerina spp. comprised two 462 

species, U. mediterranea and U. peregrina in both EZ17G5 and ME0318, but the more common species 463 

was U. peregrina before and after sapropel S1. U. peregrina tolerates moderate oxygen conditions and 464 

responds to seasonal input of fresh organic matter (Fontanier et al., 2003; Licari and Mackensen, 2005). 465 

G. orbicularis is an opportunistic species that needs high oxygen concentrations (Kaiho, 1994). In core 466 

EZ17G5 (1200 m), FeHR/FeT and Fesul/FeHR gradually decrease after the reventilation episode (Figure 6), 467 

with a return to background levels at ~6 ka BP, supporting a progressive return to more oxygenated 468 

conditions, consistent with increasing OI, diversity and BFN (Figure 4), a gradual decrease in U/Al 469 

(Figure 3), and a gradual increase in Mn/Al (which would result in the precipitation of Mn 470 

(oxyhydr)oxides; Figure 3). In ME0318, there are no BFN until ~6.4 ka BP and then the re-colonization 471 

occurs more abruptly. The full range of epifaunal (different from before S1), shallow infaunal and deep 472 

infaunal species returns, indicating normal well-oxygenated marine conditions, consistent with 473 

decreasing U/Al (Figure 3) and FeHR/FeT ratios (Figure 6).  474 

5.3. Phosphorus cycling during the changing redox conditions of the evolving OMZ 475 

Phosphorus is commonly considered the ultimate limiting nutrient on geological timescales (Tyrrell, 476 

1999). Sediments represent the location where P can be recycled back to the ocean biosphere. 477 

Sediments are also where P is ultimately lost from the biosphere by deposition and burial. These 478 

recycling and burial processes depend on the redox status of the sediment and overlying water column, 479 

because of the clear association of P with organic matter and redox-sensitive iron minerals (Van 480 

Cappellen and Ingall, 1994; Slomp et al., 2004; Tsandev et al., 2012).  481 

At the same time as changes in the redox state of the water column, there were systematic changes in 482 

the speciation of phosphorus in the sediment. In particular, the clear decrease in PFe and Psorb, along 483 

with the concomitant increase in Paut in both cores (Figure 7), implies ‘sink-switching’, as P associated 484 

with Fe (oxyhydr)oxide minerals was released during reductive dissolution and subsequently 485 

precipitated as carbonate fluorapatite (Ruttenberg and Berner, 1993; März et al., 2014). Indeed, the 486 

gradual increase in PFe and Psorb, and decrease in Paut, after the 8.2 ka BP ventilation event, is consistent 487 

with less intense redox cycling of P as conditions slowly returned to pre-sapropel times. 488 

The behaviour of organic P is, however, more complex than the other diagenetically reactive P species. 489 

The increase in Porg at the start of sapropel deposition in core EZ17G5, followed by the subsequent 490 

decrease at the end of sapropel deposition (Figure 7), is entirely consistent with elevated primary 491 

productivity and organic carbon burial (Figure 3). This increase in primary productivity was likely due 492 

to an enhanced nutrient influx at this time, when the Nile flood plume was substantially increased. 493 

However, with the exception of an initial peak at the onset of sapropel deposition, Porg remains 494 

relatively constant throughout the entire interval in the deeper ME0318 core (Figure 7), despite 495 
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elevated TOC during sapropel deposition (Figure 3). This may be due to either redox cycling and ‘sink-496 

switching’ during diagenesis, or recycling of Porg back to the water column. These possibilities are 497 

important to evaluate as P recycling may ultimately promote additional primary productivity, hence 498 

contributing to both water column deoxygenation and elevated organic carbon burial (Slomp et al., 499 

2004).  500 

To provide further insight into the potential significance of P recycling we consider TOC/Porg and 501 

TOC/Preactive ratios (Figure 9). For both cores, TOC/Porg increases to a maximum during sapropel 502 

deposition, with values well above the Redfield ratio. This indicates preferential microbial release of P 503 

from organic matter, likely during settling through the water column and during diagenesis (Pujo-Pay 504 

et al., 2011). However, with the exception of a few samples deposited under anoxic water column 505 

conditions immediately after the 8.2 ka BP ventilation event, TOC/Preactive ratios fall below the canonical 506 

Redfield ratio for living marine phytoplankton of 106:1, implying significant trapping of P in authigenic 507 

phases. Indeed, the increase in Paut concentrations during sapropel deposition is far higher than the 508 

combined decrease observed in PFe and Psorb (Figure 7), implying significant trapping of Porg in authigenic 509 

phases during diagenesis. It should also be noted, however, that reactive P would also originally have 510 

been augmented by sequestration of P in association with Fe (oxyhydr)oxide minerals, which would 511 

lower primary TOC/Preactive ratios relative to the Redfield ratio. Thus we cannot rule out the possibility 512 

of a limited degree of P recycling back to the water column during diagenesis, in addition to the 513 

recycling that would have occurred during particle settling through the water column.  514 

Slomp et al. (2004) calculated the flux of phosphate into the overlying water from sediments deposited 515 

in the deeper euxinic basin during S1 sapropel deposition, and speculated that this recycled phosphate 516 

would increase primary productivity in the basin if it reached the photic zone. Slomp et al. (2004) were 517 

unable to carry out a similar calculation in their SIW depth cores as it was not possible to quantitatively 518 

determine the burial efficiency of TOC or P. Similarly, we are unable to quantitively constrain the 519 

possible extent of P recycling from our cores. Based on the 4 layer water column structure (see Figure 520 

10) proposed during S1 deposition (Zirks et al., 2019), whatever phosphate was recycled would initially 521 

be recycled into the SIW (500-1800 m), and from there into the base of the Levantine intermediate 522 

water (200-500 m). As occurs at present, once mixed into the LIW, recycled P would have been fluxed 523 

out of the basin (Powley et al., 2016). However, we suggest that this study represents a possible 524 

template for modern evolving OMZs. In those situations where the recycled P is upwelled into the 525 

photic zone, these recycling P processes represent an important positive feedback mechanism.   526 

In contrast to the other P species, the concentration of Pdet was not directly affected by the oxygen 527 

status of the overlying water. Instead, the systematic decrease in Pdet from the bottom of the core until 528 

the ventilation event, followed by roughly constant concentrations after (Figure 7), is similar to 529 
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changes in external detrital input of Blue Nile sediment and/or Saharan dust input observed previously 530 

at core 9509, a location close to the present Israeli coast and also under the Sapropel Nile flood plume 531 

(Box et al., 2011). These changes have been interpreted as being due to the effects of the African 532 

Humid Period, which reduced soil erosion in the Ethiopian Highlands (the source of the Blue Nile) and 533 

dust production from what is now the Sahara desert. Given that Pdet in modern Blue Nile sediment is 534 

9.9 moles/g, while the content from Saharan dust is 3.3 moles/g (Eijsink et al., 2000), it is likely that 535 

most of the observed increase in Pdet with depth was a result of increased Blue Nile input, which is 536 

consistent with the suggestion of an elevated P influx (as dissolved, particulate reactive and detrital) 537 

at the height of the Nile flood. Based on this observation, combined with our evaluation of the limited 538 

significance of P recycling, we conclude that the dominant factor driving deoxygenation in this part of 539 

the Eastern Mediterranean Levantine basin was an enhanced nutrient influx at the maximum of the 540 

Nile flood. Indeed, the gradual decrease observed in Pdet through sapropel S1 (Figure 7) is consistent 541 

with a progressive decrease in nutrient inputs from the Nile flood, which appears to have resulted in a 542 

gradual recovery from anoxia, as indicated by generally less extreme oxygen depletion after the 8.2 ka 543 

BP ventilation event (Figures 3-6). 544 

5.4. Evolution of the S.E. Levantine basin water column 545 

Based on the spatial and temporal changes in redox conditions we document, it is possible to develop 546 

a dynamic model of the growth and development of the intermediate depth OMZ in the S.E. Levantine 547 

basin during the early Holocene (Figure 10). In relating this model to modern and future OMZs, we 548 

recognise that some OMZs may be more likely to be characterized by the generation of water column 549 

sulfide as oxygen depletion progresses to full anoxia (Scholz, 2018). However, we also note that 550 

enhanced chemical weathering under a warming climate would promote an increased oceanic influx 551 

of FeHR over sulfate, due to additional release of Fe from silicate minerals (Poulton and Raiswell, 2002), 552 

and this would greatly enhance the likelihood for future development of anoxic, non-sulfidic conditions 553 

in OMZs (Poulton and Canfield, 2011). Thus, we consider the S.E. Levantine basin during the early 554 

Holocene to be a prime model for the progressive development of a significant proportion of modern 555 

OMZs, as they potentially transition to a fully anoxic state.  556 

In the S.E. Levantine basin, there was a fully oxygenated water column prior to the Holocene (Schmiedl 557 

et al., 2010). Starting at ~10.2 ka BP, oxygen decreased in the water column and sapropel deposition 558 

started initially in shallow water (>500 m) and later at greater depth (Zirks et al., 2019), as is 559 

characteristic of oxygen depletion in modern OMZ settings (Levin, 2003). Thus, the water column was 560 

already anoxic at 500-900 m between ~10.2-9.8 kyr BP (Hennekam et al., 2015; Zirks et al., 2019), 561 

below this depth (at 1200 m and 1430 m) oxygen was depleted, but the water column was not yet 562 

anoxic. Between 9.8-8.2 kyr BP, the OMZ expanded until the entire water column below ~500 m 563 
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eventually became anoxic by ~8.6 ka BP. The results from this study and Matthews et al. (2017) suggest 564 

that, when anoxic, the intermediate water column between 500 and 1800 m was not euxinic. During 565 

the 8.2 ka interruption the intermediate water column became dysoxic, as a result of increased water 566 

mass formation caused by fluctuating natural climate change and thus increased water mass flow 567 

towards the east. After the ventilation event, oxygen levels deteriorated again, with an initial short-568 

lived development of anoxic conditions, but with a gradual recovery to pre-sapropel conditions by ~6 569 

ka BP. 570 

These changes in the oxygen status of SIW suggest that after the reventilation episode at ~8.2 ka BP, 571 

shallower water settings recovered more rapidly than deeper water settings, whereas oxygen 572 

depletion was possibly more intense in shallower water settings prior to the reventilation episode, 573 

suggesting that shallower water settings exerted the initial control on both the onset and termination 574 

of oxygen depletion. However, the redox dynamics that are evident in SIW contrast with the deepest 575 

waters in the S.E. Levantine basin, which remained stagnant and euxinic throughout the period of 576 

sapropel S1, based on both RSTM and Fe speciation (De Lange et al., 2008; Azrieli-Tal et al., 2014; 577 

Matthews et al., 2017). Furthermore, in contrast to SIW, there was synchronous formation of euxinic 578 

conditions in the deep water and reventilation (De Lange et al., 2008). Such differences are possible if, 579 

in parallel to the modern situation, the location of deep water and intermediate water formation in 580 

the EMS were widely seperated and responded to somewhat different physical forcings.  581 

5.5 Implications for modern systems 582 

The pattern for the evolution of the S.E. Levantine basin OMZ during deposition of sapropel SI provides 583 

a template for possible modern climate and environmental change into the future. In the modern 584 

ocean, reduced oxygen levels are expanding in two situations in particular – in open ocean OMZs and 585 

in hypoxic areas on the shelf close to the outflow of major rivers. Oxygen minimum zones are 586 

specifically expanding in oceanic intermediate waters, such as in the east central Pacific, eastern N. 587 

Atlantic and the Indian Ocean (Stramma et al., 2008). In many of these cases, the expansion is 588 

interpreted as being due to increasing temperature resulting in decreased oxygen solubility (Keeling 589 

et al., 2010) and changes in ocean circulation patterns and biogeochemical feedback mechanisms 590 

(Oschlies et al., 2008), although it is also possible that increased anthropogenic nutrient inputs may be 591 

increasing primary productivity and labile carbon export (Ito et al., 2016).  592 

The seasonal hypoxic areas that occur adjacent to many modern major rivers (Li et al., 2002; Duan et 593 

al., 2008; Shi and Wang, 2009; Satpathy et al., 2013; Kolker et al., 2014) are commonly caused by 594 

increased anthropogenic nutrient supply. Although there is evidence that these hypoxic zones are 595 

expanding, there is no evidence yet, except possibly in the Bay of Bengal, that these oxygen depleted 596 

zones have spread into adjacent intermediate waters. In no cases have modern OMZs yet become 597 
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anoxic or even ferruginous, although there has been an observed increase in dissolve Fe in the north 598 

east Atlantic (Klar et al., 2018).    599 

Natural climate change was the ultimate cause of the evolving OMZ in offshore intermediate waters 600 

observed in the present study. The immediate cause of the expanding OMZ was a slowing of water 601 

mass formation interacting with increased nutrient supply from the plume of a major river (Zirks et al., 602 

2019). As with the present day, the temperature of the water column increased (by 3-4°C) from the 603 

end of the glacial period until the beginning of sapropel S1 (Castañeda et al., 2010), causing a decrease 604 

in the oxygen carrying capacity of the intermediate water. It is likely that if the deoxygenation of 605 

modern oceanic OMZs continues, some settings may evolve to anoxia with increased solubility of Fe in 606 

the water column, as long as there is sufficient supply of labile Fe, which could be from atmospheric 607 

dust and/or river particulates. This has already been observed in a modern OMZ (Klar et al., 2018). 608 

Similarly, if the deoxygenation of water on the shelf adjacent to large rivers continues, then it is likely 609 

that such areas will develop from hypoxic patches to full anoxia. In such situations there may be a 610 

positive feedback caused by enhanced P recycling due to anoxia in the overlying water, as has been 611 

observed during past periods of ocean anoxia (Jenkyns, 2010).  612 

It is recognized, however, that although all oceanic systems subject to increased labile carbon input 613 

and limited reventilation will evolve through a classic sequence of biogeochemical change (e.g., 614 

Froelich et al., 1979), not all will remain poised at the precise redox state observed in the EMS during 615 

Sapropel S1 deposition, where the SIW remained anoxic and non-sulfidic for several thousand years. 616 

Indeed, some systems may evolve to the more extreme state of euxinia, which may be particularly 617 

likely in settings that do not receive a high supply of Fe (oxyhydr)oxide minerals from major river 618 

systems. It is also worth noting that restricted euxinic systems such as the modern Black Sea have a 619 

much thinner anoxic non-sulfidic zone because of a sharp boundary between ventilated surface waters 620 

and stagnant saline waters, which is controlled by the rate of export carbon and the ventilation rate of 621 

the water overlying the stagnant deep water (e.g., Konovalov et al., 2006).  622 

In this regard, the development of a major zone of anoxic, non-sulfidic water column conditions in the 623 

SIW of the EMS was related to a number of factors. The present deep water in the EMS has a low 624 

nitrate content because of its anti-estuarine circulation and short water residence time (Krom et al., 625 

2013). During sapropel deposition, the circulation in the upper 500 m was also anti-estuarine, although 626 

the rate of water exchange was probably slower (Zirks et al., 2019), and this promoted the 627 

development of anoxic non-sulfidic, rather than nitrogenous, conditions. In addition, there was likely 628 

to have been a higher input of Fe (oxyhyr)oxides from the increased Nile flood (Poulton and Raiswell, 629 

2002), which would have helped poise the system in an anoxic, non-sulfidic state (Poulton and Canfield, 630 

2011). Even under these conditions, however, the system was reset due to a change in water 631 
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ventilation rates during the 8.2 ky climatic event. In the case of the S.E. Levantine basin during sapropel 632 

S1 deposition, oxygen depletion was only permanently reversed when natural climate change resulted 633 

in the end of the African Humid period, which reduced the Nile flood plume and its load of bioavailable 634 

nutrients to modern values.   635 
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Figure Legends: 918 

Figure 1: Map of the Eastern Mediterranean Levantine basin with core locations for EZ17G5 and 919 

ME0318 (the two cores sampled in this study in green), and PS009PC, SL112, 9509, and MD04-2722 in 920 

red. 921 

Figure 2. Age models for cores EZ17G5 and ME0318, showing depth (cm) against age (cal. ka BP).  922 

Figure 3: Total organic carbon (TOC), Ba/Al, Mo/Al, U/Al, V/Al, Mn/Al and FeT/Al for ME0318 (left) and 923 

EZ17G5 (right). TOC is given in wt%. Ba/Al, Mo/Al, U/Al, V/Al, Mn/Al and FeT/Al are shown in 10-4 g/g. 924 

Dashed lines on RSTM plots represent average shale values (Turekian and Wedepohl, 1961). Light gray 925 

shaded box represents the interruption of the sapropel at ~8.2 ka BP. Middle grey shaded boxes 926 

represent dysoxic conditions and dark grey boxes anoxic conditions. 927 

Figure 4: Benthic foraminifera number per gram (BFN), Shannon-Wiener diversity and oxygen index 928 

(OI) for ME0318 (left) and EZ17G5 (right). Benthic foraminifera were selected from the >125 µm 929 

fraction and are displayed as numbers/g. Note the different axes for BFN as indicated by the dashed 930 

line for better display of low BFN.  931 

Figure 5: Iron speciation data for ME0318 (left) and EZ17G5 (right). All data are given in moles/g.  932 

Figure 6: FeHR/FeT and Fesul/FeHR ratios for ME0318 (left) and EZ17G5 (right). All data are given in 933 

moles/g. The dashed lines at 0.38 (FeHR/FeT) and 0.6 (Fesul/FeHR) represent the lower threshold values 934 

for identifying water column anoxia and euxinia, respectively (Benkovitz et al., 2020; Poulton and 935 

Canfield, 2011).  936 

Figure 7: Phosphorus speciation for ME0318 (left) and EZ17G5 (right). All data are given in moles/g.  937 

Figure 8: Plot of MoEF versus UEF for samples from cores EZ17G5 and ME0318 (after Algeo and 938 

Tribovillard, 2009; Tribovillard et al., 2012). Enrichment factors (EF) were calculated relative to 939 

average shale (Turekian and Wedepohl, 1961). The modern seawater MoEF/UEF ratio (Tribovillard et 940 

al., 2012) is represented by the solid black line. Dashed lines correspond to multiples of the MoEF/UEF 941 

ratio.  942 

Figure 9: Molar TOC/Porg and TOC/Preactive ratios for EZ17G5 (black) and ME0318 (red). Blue line 943 

represents the Redfield ratio of 106:1. 944 

Figure 10: Cartoon summarizing the development of the OMZ off the S.E. Levantine basin coastal shelf 945 

during the early Holocene (6.8-10.2 kyr BP), showing the position of cores marked in red. The green 946 

arrows symbolize the export of organic matter produced in the photic zone into deeper water.  947 
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Fig. 4 974 
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Fig. 5 993 

 994 

 995 

 996 

 997 

 998 

 999 

 1000 

 1001 

 1002 

 1003 

 1004 

 1005 



 35 
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Fig. 10 1046 
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