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Abstract

It has been proposed that isotopically light inorganic carbon precipitated diagenetically in clastic
sediments can explain the large carbon isotopic excursions recorded in Neoproterozoic carbonates.
To date, however, the data needed to test this hypothesis have been limited. Here we report the
analysis of ca. 540 clastic sedimentary rocks, including shales, siltstones, sandstones and tillites that
span the second half of the Neoproterozoic Era. A diagenetic carbon isotopic overprint does indeed
occur in many of the samples; however, when we include our analyses in a carbon isotope mass
balance model, they produce only a small effect on mass balance model results. Thus, clastic
sedimentary rocks were not a major sinkfi@-depleted carbonate during the Neoproterozoic Era.
These results do, however, produce a more accurate carbon mass balance, pointing to a high

proportion of total organic carbon burial, compared to total carbon burial, during the late Tonian,



Cryogenian, and late Ediacaran Periods. This result suggests a vigorous release of oxygen to the
atmosphere. The clastic carbonate record also offers a chemostratigraphic tool. For example, we
observe an isotope trend in clastic-hosted carbonates of the Isaac Formation, Windermere
Supergroup, that strongly resembles the Shuram-Wonoka isotope anomaly, allowing us to place this
previously undated section in a temporal context. We also find isotope trends in the fossiliferous
and radiometrically well-dated sedimentary rocks of the Avalon Peninsula, Newfoundland, that also
may reflect the Shuram-Wonoka anomaly. If correct, this constrains the timing of theaShura

event, suggesting that it began after 571 Ma and ended before 562 Ma, with the most extreme

isotopic values lying well within those bounds.



Introduction

In principle, the isotopic composition of carbon (both inorganic and organic) in sedimentary rocks
provides recorded activities of the ancient carbon cycle (Berner and Raiswell, 1983, Bjerrum and
Canfield, 2011, Des Marais and others, 1992, Garrels and Lerman, 1981, Hayes, Strauss, and
Kaufman, 1999). The basic premise is that inorganic carbon enters the oceans with an isotopic
composition that is knowabl&'€Ci,; a summary of term definitions is in Table 1). A fraction of

this carbon is converted to organic carbgg)(fwith a distinct isotopic compositioﬁl(scorg) that is
almost always®C-depleted compared to the isotopic composition of inorganic casbi@id) in

the oceans. The burial 5iC-depleted organic matter drives §1&C composition of the oceans
(8"3Cic) to more**C-enriched values compared to the input vafi&,). An estimate 08*°Cic is
obtained from sedimentary carbonates, W€, is obtained from the isotopic composition of
organic matter in sedimentary rocks. A simple mass balance equation can be written relating these

parameters such that:
8"Cin = 8" Corg forg + 8°Cic (1- forg) 1)
Where the proportion of carbon buried as organic matig) fan be calculated as:
forg= (8"°Cic - 5"°Cin)/(8"*Cic - 8"*Corg) 2)

If the input rate (flux) of inorganic carbon to the ocean is known or can be estimated (e.g. Berner,
2004, Berner and Raiswell, 1983, Garrels and Lerman, 1981), then burial fluxes of organic carbon
in the past ¢fg*fluxi,) can be calculated. We note also that the burial of organic carbon into
terrestrial sediments, of which coal formation is the most important sink (Berner and Canfield,

1989), also impacts the isotopic mass balance of the carbon cycle (Berner, 2004). However, our



analysis long predates the evolution of land plants and the deposition of coal, so we will ignore the

terrestrial carbon cycle in what follows.

Along with pyrite sulfur, the burial flux of organic carbon into sediments is the ultimate source of
oxygen to the atmosphere, so that the net input rate of oxygen into the atmospheric can be assessed
from the carbon (and sulfur) isotope record (e.g. Berner, 2006, Canfield, 2005, Garrels and Perry,
1974). Furthermore, as the organic carbon buried in sediments ultimately comes from primary-
producing organisms, the burial flux of organic carbon relates to the activity of the marine (and
terrestrial, in so much as it contributes to organic carbon burial) biosphere through time (e.g.

Berner, 2006, Bjerrum and Canfield, 2004a, Des Marais and others, 1992, Garrels and Perry, 1974,

Hayes, Strauss, and Kaufman, 1099

Thus, in principle, the isotaprecord of carbon provides a valuable record of biosphere
evolution and surface geochemistry through Earth history. Relative to the past 100 million years,
the earlier record of sedimentary C isotopes is surprisingly variable, particularly for the
Neoproterozoic Era, where carbonate 5*°C values are commonly more positive than those observed
for recent times (e.g. Cox and others, 2016, Halverson and others, 2005, Hayes, Strauss, and
Kaufman, 1999, Knoll and others, 1986, Macdonald and others, 2013) (Figure 1). Moreover, in
Neoproterozoic sedimentary successions, the isotopic composition of inorganic carbon swings
widely; on multiple occasions the §*°C of marine carbonates reaches values less than the nominal
input 8'3C;, value of 5% to -6%. (Deines, 1980, Des Marais and others, 1992) (Figure 1). These
large negative carbon isotope swings have received multiple explanations, including the transient
oxidation of a large marin€C-depleted DOC pool (Rothman, Hayes, and Summons, 2003), the
oxidation of a transiertffC-depleted methane pulse, perhaps from the destabilization of a sediment
methane-clathrate pool (Bjerrum and Canfield, 2011), and diagenetic alteration (Derry, 2010,

Knauth and Kennedy, 2009, Swart and Kennedy, 2012).



While these large negative isotope shifts still lack a definitive explanation, late diagenetic
alteration is perhaps the least likely alternative, at least for the Ediacaran Shuram-Wonoka anomaly
(Figure 1), the largest negative carbon isotope swing in the geologic record. The Shuram-Wonoka
anomaly has been identified globally (Grotzinger, Fike, and Fischer, 2011), and is remarkably
consistent over large geographic areas (Grotzinger, Fike, and Fischer, 2011, Husson and others,
2015), requiring that processes responsible for the anomaly occurred globally at a unique point in
time. The contemporaneous global coordination of a diagenetic event similar in style and magnitude
seems unlikely. Furthermore, at least for the Shuram-Wonoka anomaly from the Adelaide Rift of
South Australia, a late diagenetic source for the anomaly can be ruled out. Here, deep canyons
formed adjacent to the depositing Wonoka Formation where the carbon isotope anomaly is found.
Carbonate breccias in the canyons, derived from the Wonoka Formation, share the same color,
lithofacies and isotopic compositions of in situ carbonates that form the canyon walls. These
similarities strongly indicate that the carbon isotopic values of the breccias, and therefore of the
carbonates of the Wonoka Formation, formed before the early reworking of Wonoka clasts

(Husson, Maloof, and Schoene, 2012).

Following Equation 2, large positive carbon isotope excursions observed during the
Neoproterozoic Era have traditionally been taken to reflect periods with a high proportion of
organic matter burial (a large value fag)f(Knoll and others, 1986). Several recent studies have
come to challenge this idea by arguing that processes including photosynthesis and various types of
diagenesis may act to decouple the carbon isotope record from the isotopic composition of seawater
dissolved inorganic carborst°Cp,c), thereby impacting the carbon isotope reqétdCic) and its
interpretation (Geyman and Maloof, 2019, Hoffman and Lamothe, 2019, Schrag and others, 2013).
Thus, Hoffman and Lamothe (2019) have shown that Cryogenian-aged shelf deposits from the

Otavi/Swakop platform preserve elevattC values compared to contemporaneous foreslope



deposits. In their interpretation, processes particular to the carbonate platform (see also Geyman and
Maloof, 2019) elevated th#>C of the carbonates above seawater values. Furthermore, seawater-
buffered diagenesis, driven by pore-water convection, altered the ofiyji@abf the detrital

carbonates in foreslope deposits to seawater values. In addition, isotopically light groundwaters
provide an alternate source of diagenetc fluids (Wilson, 2005). Taken together, the isotopic
composition of the platform deposits can be decoupled from the isotopic composition of seawater.
The impact of these processes on the Neoproterozoic isotope reéi@,efvill require further

study, but we emphasize it is not critical that the carbonate isotope record repres#i olfie

seawater DIC. Rather, it is critical that in estimating e identify the different sediment types

contributing to isotope mass balance as developed more fully below.

In another recent study, Geyman and Maloof (2019) have shown that in modern shallow
carbonates forming on Andros Island (Great Bahama Bank) and Shark Bay (western Australia) have
83C considerably in excess of seawater values. They argued that photosynthesis during the day
draws down the local DIC pool, and with associated carbon-isotope fractionatiosSCtiod
carbonates precipitated during the da¥’@-enriched compared to open seawater values.
Furthermore, if nighttime organic matter respiration oxidizes photosynthetically-produced organic
matter without accompanying carbonate precipitation, tf@renriched carbonates form without
accompanying organic matter burial. This can occur locally, but the extent to which this process
would influence global isotope mass balance and interpretatiogng @épend on many factors. (It
also raises the question why similar isotopic signatures are absent in carbonates deposited during
the billion years prior to the Neoproterozoic record.) For example, this process would be of great
significance if our reconstructions of the history of seawstti& were based on a limited amount
carbonates formed in such a manner, but if most carbonates were formed elsewhe#&’@ith a

resembling seawater, but somehow not included in the carbon isotope record (Geyman and Maloof,



2019). Conversely, if all carbonates formed in shallower environments Wit affset from

seawater as described above, therstf@ carbonate record would be consistehi-enriched

compared to seawater. However, the precipitatiori@#enriched carbonates would leave seawater
13c-depleted, and carbon mass balance would produce an idespgitattie situation where no

carbon isotope fractionation occurred during carbonate precipitation (Geyman and Maloof, 2019).
Therefore, as discussed above in relationship to Hoffman and Lamothe (2019), it is not so important
that the carbon isotope record reflects exactly the isotopic composition of seawater, but it is
important that the isotope record reflects the isotopic composition of carbonate removed from

seawater.

Therefore, we emphasize that in utilizing Equation 2 in constructing a carbon balance, one
assumes that all carbon has been accounted for. In this regard, and with specific reference to the
positive isotope excursions during the Neoproterozoic Era, (Schrag and others, 2013) have
suggested that the large-scale early diagenetic formation of authit@nlepleted carbonates
provides a previously unrecognized sink fZ-depleted carbonatesone not accounted for in
Equation 2. Thé3C-depleted carbonate comes from organic matter oxidation, and if the sink is
large enough, positive isotope excursions could be generated without reflecting large vajyes of f
While **C-depleted authigenic carbonates are found today, they do not appear to be particularly
important by mass (Schrag and others, 2013). However, Schrag and others (2013) argued that
during Neoproterozoic times, with less oxygen in the atmosphere and oceans, aerobic organic
matter mineralization in sediments would have been less important than today, resulting in a higher
proportion of anaerobic mineralization. Anaerobic mineralization is more favorable for carbonate
precipitation than aerobic mineralization (Canfield and Raiswell, 1991), possibly allowing for a
greater extent dfC-depleted carbonate formation in Neoproterozoic-aged sediments. A large

amount of°*C-depleted diagenetic carbonate formation in sediments would potentially impact the



carbon isotope record and its subsequent interpretation. As explored in more detail below, however,
such a mechanism &iC-enrichment would seemingly be controlled by factors other than

widespread marine anoxia, as tfi@-enrichment of marine carbonates was notably limited during

the billion years preceding the Neoproterozoic Eon (e.g., Buick, Des Marias, and Knoll, 1995,

Knoll, Kaufman, and Semikhatov, 1995), when marine anoxia was at least as widespread
(Planavsky and others, 2011, Poulton and Canfield, 2011, Raiswell and Canfield, 2012, Scott and
others, 2008, Wang and others, 2017). In what follows we will explore the proposal of (Schrag and
others, 2013) making reference to other processes possibly influencing carbon isotope mass balance

as described above (Geyman and Maloof, 2019, Hoffman and Lamothg, 2019

Borrowing from Bjerrum and Canfield (2004b), Schrag and others (2013) introduced a

second diagenetic component to the carbon mass balance such that:
813Cin = 813C0rg forg-dc + (613CIC)(1' forg-dc)( 1'de) + 813Cdc(]-' forgdc)fdc 3)

where § is the fraction of IC buried as diagenetic carbonate. From here, equation 3 can be solved

for forgac (the rg value obtained when considering diagenetic carbonates) yielding:

f _ 513Cin_513CIC(1_fdc)_fd0513Cdc
org—dc 513Corg—513clc+fdc(513clc+513cdc)

4)

As an example, Schrag and others (2013) calculated 3£ of 5%o in the oceans could be
maintained withdgqc= 0.2, the same as today, 4 ey between 0.29 and 0.37, with corresponding
813Cyc values of $5%o and -10%o, respectively. In contrast, an forgof 0.2 today generatesS&’Cic of

0%o in the absence of significant diagenetic carbonate formation. Schrag and others (2013) further

calculated that andof 0.33, representing 33% of the total modern carbonate burial flux of about



7.5 x 16* g y*, would generate an average concentration of diagenetic IC of 1.5 wt% in clastic

sedimentary rocks with a total terrestrial sediment flux of 1.7*%d.¢>.

A record of diagenetic carbonate should be observable in the clastic sedimentary rock
record. Note, however, that while diagenetic carbonates will be hosted in clastic sedimentary rocks,
not all carbonate in clastic rocks need be diagenetic. Some of the carbonate could have originated
by precipitation in, and settling from, overlying seawater, and some might be detrital. Furthermore,
while seawater-derived carbonates should carry the seawater isotopic signal, there is no a priori
isotopic value one can assign to diagenetic carbonates; they can exhibit values anywhere between
seawater DIC and those approacmﬁiglorg. In this way, it is difficult to isolate precisely the
diagenetic component of clastic rock-hosted carbonates. Therefore, equation 5, as formulated, is
difficult to use. However, if we recognize that diagenetic carbonates are part of the rock record of
clastic sedimentary rocks, then we can recast equations 3 and 4 to provide a mass balance with

clastic rock-hosted carbonates:
813Cin = 813Corg forg—cc + 813CIC)(]—' forg—cr)( 1'fcc) + 813Ccc(1' forgcc)fcc 5)

wheres*3C.. is the isotopic composition of clastic-rock carbonate ayid the fraction of IC buried

as clastic rock-hosted carbonates. From here, equation 5 can be solygd.fpefding:

_ 813Cin-8"3C1c(1—foo)—fec6 3 Cec 6)

fOT‘g—CC 613C0Tg_61SCIC+fCC(813CIC+613CCC)

We emphasize that while clastic rock-hosted carbonates may represent a mix of both seawater-
derived and diagenetic carbonates, they include the diagenetic component, and any isotopic
deviations in the clastic rock record from expected seawater values (or values representing the
carbonate isotope record) can be attributed to the diagenetic carbonate component in the rocks.

However, not all diagenetic carbonates need deviate from seawater values, and the seawater isotope



mass balance as expressed in equations 5 and 6 will only be influenced by those that do. As
isotopically distinct diagenetic carbonates should be part of the clastic rock isotope record, these
will be revealed through analysis of clastic rock-ho$t€@ carbonate values. In other words, we

do not need to isolate the diagenetic component explicitly in order to evaluate its significance. We
can demonstrate this through a simple mass balance calculation. For example, let us assume we
have a true diagenetic carbonate contribution of 0.5 wt% IC witfGa. of -10%,. With the IC

burial and river fluxes presented in Schrag and others (2013)ar0f11 is calculated (from

equation 6), yielding anfc of 0.14 together with the other standard parameters as presented in
Table 2. A somewhat higheydof 0.173 is calculated (equation 2) without considering the burial of
diagenetic carbonates. We assume now that the same amount of diagenetic carbonate is buried
together with an equal amount of seawater-derived carbonate. In this caseCshleecomess%o

and the § increases to 1 wt%, with no effect on the resultgngf(Table 2). Thus, there is no need

to isolate the pure diagenetic component of the carbonates buried with clastic rocks to determine the

influence of diagenetic carbonates on the isotope mass balance.

With this in mind, we analyzed the isotopic compositions and concentrations of inorganic
and organic carbon (in most cases) from 541 clastic rocks spanning the second half of the
Neoproterozoic Era. Through these analyses we find clear evidence for a dia¥/é@siignal in
many cases, but the concentrations of diagenetic carbonate are not high enough and their isotopic
compositions not sufficientli’C-depleted to support the hypothesis that diagenetic carbonates have
significantly influenced the isotopic expression of the marine carbon cycle. We also see that in
some instances carbon isotope trends in clastic successions may be traceable to well-known isotope
excursions, allowing possible stratigraphic correlation and dating in sequences with previously

uncertain correlations and chronologies.
Materialsand Methods.
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The stratigraphic sequences reported here are the same as those previously reported in Canfield,
Poulton, and Narbonne (2007) and Canfield and others (2008), drawing from splits of the same
samples used in these previous studies. All organic carbon concentrations and isotopic compositions
were determined on samples after decarbonation (0.5 M HCI overnight) using a Thermo Scientific
Flash 2000 elemental analyzer coupled to a Thermo Fischer Delta Plus mass spectrometer.
Concentrations of organic carbon were determined from the peak area recorded in the mass
spectrometer, calibrated against a standard protein (46.5 wt% C) and a standardized internal
sediment sample (6.72 wt% C). The uncertainty in the organic carbon concentrations varied
depending on concentration, but is estimated as + 15% for the lowest concentrations reported here.
Organic matter isotopic compositions are reportedf %3 values relative to VPDB and were

calibrated against NBS-18'¢C = 1.95%o), a lab urea standard standardized to 8**C = 45.9%o, and

a lab sediment standardizedSt3C = 26.07%o. Maximum uncertainty is estimated at + 0.5%o.

The isotopic composition and concentrations of inorganic carbon were measured in two ways.
In some cases, when there was sufficient inorganic carbon, the isotopic composition and
concentrations of inorganic carbon were measured on untreated samples using an elemental
analyzer, coupled to a mass spectrometer, as explained above. In this case, the isotopic
compositions and concentrations of inorganic carbon were corrected for the typically small amount
of organic carbon in the samples, as determined separately and as also outlined above. Uncertainty
in concentrations are estimated as + 5%, while uncertainty in isotope values are estimated as +
0.5%o. In most cases, however, the isotopic compositions and concentrations of inorganic carbon
were determined on the G@as liberated into a closed container during the reaction of phosphoric
acid for 24 hours at room temperature (Torres, Mix, and Rugh, 2005). In some cases, acid reaction
was conducted on sample splits atGor 24 hours with no significant difference in the results.

The liberated C@was introduced in triplicate with a Thermal Scientific Gas Bench Il into a

11



Thermal Scientific Delta V plus mass spectrometer. Concentrations of inorganic carbon were
calibrated from the peak area given by the mass spectrometer relative to the NBS-18 calcium
carbonate standard with an uncertainty estimated as + 5%. The isotopic compositions of inorganic
carbon were calibrated relative to LSVEEC = 46.48%o0) and NBS-18 (*°C = 5.01%o) with a
maximum uncertainty estimated as = 0.5%o. In many cases, the concentrations of inorganic carbon

were very low, and values were not considered reliable unless triplicate analyses provided by the
gas bench were consistent within a maximum difference of 1%o. The isotopic composition of

oxygen in the C@(5'°0) is reported relative to VPDB and was standardized against LS§¢&T (
=-23%0) and NBS-18 (8180 = 26.46%o0). The maximum uncertainty of these values is estimated as

+ 1.0%o, and values were not considered reliable unless the triplicate analyses were consistent to a

maximum difference of 2%eo.

We also provide a new high-precision U-Pb date for the top of the Trepassey Formation of the

Avalon Peninsula. The details of the dating procedure are described in the Appendix.
Results

The isotopic compositions and concentrations of inorganic and organic carbon are presented as time
plots in Figure 2; formations sampled and their approximate ages are presented in Table 2. All data
can be found in the Appendix, as @fO values for the carbonates, included for completeness but

not otherwise discussed. Also designated is the rock type of each sample. The database includes two
types of sample sets. One set is derived from multiple formations that together span most of the

later Neoproterozoic Era, but with low sampling density. The other includes selected formations
sampled at much higher stratigraphic density. These include the Kaza and Isaac formations of the
Cariboo Mountains, British Columbia, Canada; the Tapley Hill and Sturt Tillite formations of

northern Australia; the Sheepbed and Twitya formations of the Mackenzie Mountains, Canada; and

12



a number of formations in stratigraphic succession from the Avalon Peninsula of Newfoundland.
The formations with low data density help to establish the significance of diagenetic carbonates in
Neoproterozoic-aged clastic rocks, while the formations with higher data density additionally reveal
possible correlations between clastic rocks that host carbonates and stratigraphic patterns of carbon

isotope change, as documented in Figure 1.
Discussion

As is obvious from Figure B*Cc trends during the Neoproterozoic Era are extremely dynamic,
ranging over nearly 20%o and with distinct behaviors that differ from one time interval to the next.

As noted in the Introduction, there is an evolving and still open discussion as to how this isotope
record reflects the history of the isotopic composition of seawater DIC. However, we also note that
in many instances these isotopic trends are widely distributed (e.g. Cox and others, 2016, Halverson
and others, 2005, Hayes, Strauss, and Kaufman, 1999, Knoll and others, 1986, Macdonald and
others, 2013) and thus likely reflect a major portion of the carbonate precipitated from seawater. As
these trends become refined and as a better understanding of the isotopic history of carbonate
precipitation emerges, the results below can be modified to reflect this new understanding. For now,
we assume that these isotopic trends reflect the isotopic history of the major inventory of carbonates
precipitated from seawater. Our discussion will also proceed as if these trends represent the
isotopic history of seawater DIC. As a matter approach, to accommodate the isotope trends revealed
in the “standard” isotope curve, we discuss distinct time bins individually, beginning with the later

Tonian Period.

Tonian Period: Our data cover the later Tonian Period from about 835 to 725 Ma. During this time,
the “standard” carbonate isotope record yields mostly positive §'*Cic values (Figure 1), but with

decided swings to negative values during theadled “Bitter Springs” anomaly around 800 Ma

13



and the subsequent Islay excursion now dated at about 735 Ma (MacLennan and others, 2018,
Swanson-Hysell and others, 2015) (Figure 1; Halverson and others, 2005). We note that the Islay
excursion is defined by nearly identical isotope trends from both Mackenzie Supergroup of western
Canada and the Tambien Group of northern Ethiopia (MacLennan and others, 2018, Swanson-
Hysell and others, 2015). Indeed, the Tonian carbon isotope record from 845 to the start of the
Sturtian Glaciation at about 717 Ma is highly coherent when comparing data from Canada,
Ethiopia, and Australia (Swanson-Hysell and others, 2015), suggesting that this record may well

reflect the isotopic composition of carbonates precipitated from Tonian seawater.

Our clastic rock-hosted3-*C) data includes samples from the Bitter Springs Formation as
well as the Quartzite, Multicolor and Limestone-Dolomite series, East Greenland. The ages of the
latter successions are less well constrained, but the Quartzite and Multicolor successions antedate
the Bitter Springs anomaly, suggesting an age range of 830-800 Ma. The Limestone Dolomite
Series, in turn, contains the Bitter Springs anomaly near its base and the Islay excursion near its top

(Knoll and others, 1986), suggesting an age of between 800 and 730 Ma.

Our clastic rock hosted §"Cc values display similar rangesdi’C values to the standard
isotope curve for the same interval (compare Figures 1 and 2), with promifiénégriched
values, punctuated by the Bitter Springs and Islay excursions to moderately low values. That is,
stratigraphic variations in theastic rock-hosted record generally mirror those of carbonate
successions, suggesting a strong influence of seawater IC on carbonates deposited within these
clastic rocks. For the interval over which we have clastic 36tk data (ca. 725 to 835 Ma), the
averages'®Cic from the standard isotope record is 3.97%o (Table 4). To obtain this average we first
calculated meaf'*Cic values in 7-10 Ma bins (Figure 1), and then averaged these over the time

interval of interest. The clastic rock-hosted record provides a weight-aveéragedvalue that is

14



nearly the same at 3.88%o, with an average IC concentration of 1.64 wt% (Table 3). The weight-
averaged'>C. value is obtained from Equation 7 and is used because the influence of clastic-rock
hosteds™*C. values on isotope mass balance will depend on the concentration of IC in the clastic

rock.

13 S a3c wt% IC
== = 7
) C:ccave S Wt IC )

If our late Tonian clastic rock data reflect clastic rocks in general from that time, then there is
no indication that the burial of clastic rock-hosted diagenetic carbonates had significant influence
on the seawatéy"*Cic record. Thus, while the clastic rocks have an average concentration of 1.64%
IC, similar to that predicted by Schrag and others (2013) for Neoproterozoic Era diagenetic
carbonates, the isotopic composition of clastic rock-hosted IC is nearly identical to seawater values
and thus cannot account for tH€-enriched seawater values observed at this time. One might
argue that the carbonates in our clastic samples are in fact depositional and not diagenetic, but to the
extent that this is true, it simply decreases the abundance of diagenetic carbonate, again supporting

the view that this pool is not strongly affecting seawater composition.

If we accept that the majority of carbonates in our clastic rocks were derived either from
water column or diagenetic precipitation, we can determine how the clastic rock carbonate record
influences our interpretation of the carbon isotope record. We do this by utilizing equation 6. With a
clastic rock average carbonate content of 1.64 wt% IC.ah®.37 is calculated using the total
carbonate burial rates and sedimentation from rates from Schrag and others (2013). Thisyalue of f
implies that 37% of the carbonate in late Tonian times was buried in association with clastic rocks.
Thus, utilizing our calculated value @f &long with an averag¥>C,. from our isotope record (-

30.04%o: Figure 2, Table 4) we obtain an forgcc from equation 6 of 0.262 (Table 4), nearly the same

to the §4 of 0.264 calculated without considering diagenetic carbonate burial. Therefore, our data

15



suggest that for the late Tonian Periti-enrichments in seawater carbonates reflect a high
proportion of organic carbon burial (highgf without an obviously strong influence from

diagenetic carbonates.
Cryogenian Period

The interglacial Cryogenian rock record is estimated to have eedémin about 660 to 645 Ma
(Hoffman and others, 2017). Our clastic rock record from this time includes sediments from the
Tapley Hill Formation from northern Australes well as shales and sands within the upper part of
the underlying Sturt Tillite, the Twitya Formation from western Canada, the Tillite Group from East
Greenland, and the Elbobreen Formation from Spitsbergen (Table 3), all estimated to range in age
from 652 to 650 Ma, the earlier half of the Cryogenian Period. In this time interval, both platform
and foreslope deposits as analyzedHhyffman and Lamothe, 2019) share nearly identical carbon
isotopic compositions, and compositions similar to the standard curve (Figure 1), suggesting that in

this time window the standard curve reflects the carbon isotopic composition of seawater DIC.

In contrast to our late Tonian samples, there is a strong a diagenetic influence in some of these
sedimentary rocks. For exampﬂié?CCC values for the Twitya Formation vary between 3%o to -10%o

(Table A1), with most values distincti§C-depleted relative to lower Twitya carbonates (-1 to -

3%o) (Kaufman, Knoll, and Narbonne, 1997) and to the standard isotope curve (compare Figures 1
and 2). The disparity between the clastic sediment-hosted and standard isotope curve, however,
becomes most apparent when we calculate isotope averages. Thus, a weighteda@srafe

0.9%%, (from equation 7) is compared to a seawater avei=ge: of 4.1P%o calculated for the first

half of the Cryogenian interglacial interval; a time interval corresponding to our samples (Figures 1,
2 and Table 4). The average concentration of clastic rock-hosted carbonate is 2.02 wt%, which

translates to andof 0.45 with the carbonate fluxes and sedimentation eastgiven above and in
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(Schrag and others, 2013). We also calculate an avétgg of -29.14%o from the Cryogenian
clastic rocks (Figure 2 and Table 4), and from these values, we calculatequgitign 6 andg.cc
of 0.242 that incluesthe influence of diagenetic carbonate burial. From equation ggaf ®.275
is calculated from the same input values but without the influence of diagenetic carbonates. Thus, in
the interglacial Cryogenian Period, the burial of diagenetic carbonates appears to have had a small

(0.242 vs. 0.275) influence calculated values,gf f

We also consider how the burial of diagenetic carbonates has influené&thef
seawater. Thus, as calculated above, the complete isotope mass balance, including the influence of
diagenetic carbonates, is consistent withogpadfof 0.242. Thisdgcc Value is calculated together
with the actual average seawatrCic of 4.17%o. The same value of forg, but without diagenetic
carbonate burial, is consistent with5&’Cic of 2.72%o (Table 4). This value is calculated by

rearranging equation 1 to:
813C|C = (613Cin = 613C0|'g forg)/(l' forg). 8)

Therefore, the burial of diagenetic carbonates in the first half of the interglacial Cryogenian Period
raised thes*>Cic of seawater by about 1.5%o (from 2.72%o to 4.17%.). While significant, this effect

is still relatively modest and much smaller than the > 5%o effects suggested by (Schrag and others,

2013).
Ediacaran Period

The Ediacaran Period reflects a time of widely varying seaw&#8k: values (Figure 1), including
the prominent Shuram-Wonoka excursion, estimated here to have occurred some 570-560 Ma (as

discussed more fully below). Once again, successions distributed around the world, including
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northwestern Canada, south China, Oman, Namibia, and Australia, yield closely similar C-isotopic

stratigraphies (Macdonald and others, 2013).

Due to the high variability in the Ediacaran Period isotope record, we have elected to analyze this
record in three intervals: pre-Shuram-Wonoka anomaly (636-570 Ma), the postulated 10 million
years encompassing the Shuram-Wonoka anomaly (570-560 Ma; see below) and post Shuram-
Wonoka (560-541 Ma). We believe that the age assignments for the sections used to generate our
clastic-hosted*C.care robust enough to justify these coarse time bins; see Table 3). However, we

also analyzed all Ediacaran data together.

Beginning with pre-Shuram-Wonoka time interval (636-570 Ma), it is clear that diagenetic
carbonates are a part of the clastic-hosted carbonate record when coBipard.32%o) to
813Ccc(-2.82%0) (Table 4). However, the concentrations of carbonate are relatively low (0.42 wt%),
and overall, by including clastic carbonatgg,dnly changes a relatively small amount from a
value of 0.201 to anfc of 0.189 when considering the influence of the clastic carbonate on the
isotope mass balance (Table 4). During the Shuram-Wonoka interval (570 to 560 Ma) many of the
clastic-hosted carbonates have very B%C..values of down t027%. (Figures 2 and 5, if our age
assignments for the Avalon Peninsula are correct, as discussed below). But still, despite these low
values reflecting a clear diagenetic effect, the avedat§. of -1.81%o for the period between 570
and 560 Ma is surprisingly greater than the aveBaiféic (-6.55%o) (Table 4). The reason for this is
that the lows**Ccvalues are accompanied by very low carbonate concentrations that do little to
influence the averag¥C..of the interval, which is heavily influenced by rocks deposited outside
of the nadir of the anomaly, and with higher carbonate content and elé¥¥tedvalues.

Therefore, on average for the time interval between 570 to 560 Ma, diagenetic carbonates have no

significant influence on the calculation gf;f(Table 4). For rocks deposited after the Shuram-
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Wonoka anomaly, diagenetic carbonates are quite prominent with an avEagef -7.97%o

compared to an averag&Cic of 2.91%.. But again, despite low average 8"°C, for diagenetic

carbonates during this time interval, their influence on isotope mass balance is almost negligible
due to a low clastic rock carbonate content of only 0.12 wt% (Table 4). Taken together, the
influence of diagenetic carbonates on the carbon isotope mass balance during the Ediacaran Period

is also quite small (Table 4).
Neoproterozoic Era

Having examined isotopic data for discrete intervals of Neoproterozoic time, we can step back and
evaluate the influence of diagenetic carbonates across the entire interval under consideration. Our
analysis is the same as above for individual Neoproterozoic time intervals (see calculation values in
Table 4). Taking all the Neoproterozoic data togeth8t*@c¢ of 2.82%. is calculated from the

standard isotope curve (from 835-541 Ma, the same age range as represented in our clastic rock-
carbonate data; Figure 1), and a concentration-weighted a\ir&geof 0.93%o as calculated from

data in Figure 2. We also calculate an average clastic rock carbonate content of 1.13 wt%, and this
translates into andof 0.252 with the same values of total carbonate burial and sedimentation rates
as described above and as given in (Schrag and others, 2013). With an &V&@gef -30.16%o

from data in Figure 2, ap.§..cof 0.226 is calculated and compared tosgof 0.237 in the absence

of diagenetic carbonates. Likewise, with ggd: of 0.237, &"°Cic of 2.34% is calculated from

equation 2 and demonstrates that over all of the Neoproterozoic Era, diagenetic carbonates have had

the effect of increasing>Cic from 2.34%o to 2.82%. — a relatively small amount.

As noted above, it can be difficult to isolate the influence of diagenetic carbonates on the
clastic rock carbonate pool, as this pool likely does not have a distinct isotope signature.

Nevertheless, we attempt to see whether an obvious diagenetic carbon isotope signal is related to
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parameters that might be a proxy for the extent of anaerobic diagenesis as this has been proposed to
encourage diagenetic carbonate precipitation (Schrag and others, 2013). First, we explore the
relationship betweed"*C.. and TOC, as higher concentrations of TOC might be expected to drive
more extensive anaerobic diagenesis. Our data show (Figure 3A) that tHéGraepleted

carbonates are found at low concentrations of TOC. Indeed, the samples with the clearest diagenetic
origin (with 8"3C¢c < -12%o) are mostly found at concentrations of TOC < 0.1 wt%. While these

trends cannot rule out a diagenetic influence in clastic rock-hosted carbonate production, they are
counter to the expectation that higher degrees of anaerobic diagenesis, driven by high

concentrations of TOC, lead to more abund&btdepleted diagenetic carbonates.

We also compared o6l °C..data to earlier determinations of highly reactive to total iron
(FeHR/FeT) for these same rocks (Canfield and others, 2008, Canfield, Poulton, and Narbonne,
2007). When FeHR/FeT exceeds 0.38, there is indication of deposition under anoxic water column
conditions (Raiswell and Canfield, 1998, Raiswell and Canfield, 2012), and this should enhance the
prospects for anaerobic sediment diagenesis. We find (Figure 3B) little evidence for enhanced
deposition of-*C-depleted carbonates at high values of FeHR/FeT. Indeed, the lowest values of
813C.c are found when FeHR/FeT is < 0.38, providing no indication of an anoxic water column. We
also see this when looking at the specific isotope trends in the Cariboo Mountains, western Canada
(Figure 4). Here, we see that the moe&r depleted carbonate values are found in the deep-water
sedimentary rocks of the Kaza Formation (Cochrane, Navarro, and Arnott, 2019) which also display
low ratios of FeHR/FeT (see also, Raiswell and Canfield, 2012). In contrast, deltaic sedimentary
rocks of the Isaac Formation display many values of FeHR/FeT elevated above 0.38, consistent
with anoxic depositional conditions, but with 1é36- depleted carbonates. These isotope trends,

and patrticularly those from the Isaac Formation, are discussed in more detail below.
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The one exception is data from the Cryogenian Period, where the B\i@svalues are
found at high FeHR/FeT values. These data come from the Twitya Formation, and here, as
discussed abové>C-depleted diagenetic carbonates clearly formed. However, the Twitya
Formation seems to be the exception rather than the rule, and overall, there is little indication that
anoxic water column conditions increased the prospect of forhiirdepleted diagenetic

carbonates during the Neoproterozoic Era.
Carbon burial and oxygen production

We conclude that averaged over all of the Neoproterozoic Era, diagenetic carbonates had a
relatively small influence on the seawater isotope mass balance. Still, the most accurate mass
balance includes the influence of diagenetic carbonates as reflected in our clastic rock analyses.
With these analyses, the resulting calculated values (Table 4) showthatés elevated relative

to today for much of later Neoproterozoic time. It is also clear that much of the Neoproterozoic
carbon isotope record has been influenced by non-steady-state processes, with excursions to highly
13c-depleted values that are still poorly understood (e.g., (Bjerrum and Canfield, 2011, Rothman,
Hayes, and Summons, 2003), so its interpretation requires care. Nonetheless, even if large negative
3¢ excursions may be promoted by non-steady-state marine DOC oxidation (Rothman, Hayes, and
Summons, 2003) or periods of rapid methane release (Bjerrum and Canfield, 2011), over long time
intervals exceeding the residence of carbon in the atmosphere and oceans, isotope mass balance
should hold as long as the source terms to the ocean remain the same and the sinks can be
evaluated. This being the case, and if we have identified the most important long-term carbon sinks
(marine DOC and methane chlathrate hydrate accumulation represent transient reservoirs and not
long-term sinks), thed.cc values we have calculated may be representative of the long time

intervals over which they have been averaged. If this is true, then, in line with earlier discussions,
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the later Tonian to pre-Ediacaran isotope record is consistent with elevated rates of carbon burial

and net oxygen release to the atmosphere compared to today (Knoll and others, 1986).

The Ediacaran Period is more difficult to evaluate. Averaged through the whole of the period,
carbon mass balance suggests that organic carbon was buried in a proportion to total carbon burial
(forg-cc = 0.185) similar to todaydf= 0.2). Ignoring the influence of pyrite burial on net oxygen
release, a process that is still poorly studied (e.g. Canfield, 2005), oxygen release to the atmosphere
during the Ediacaran Period would appear to have been similar to today. Our data also suggest that
organic carbon burial during the latter part of the Ediacaran Period was more vigggesss (f
0.231 from 541 to 560 Ma) than the time preceding, seemingly corresponding with evidence for
increasing ocean oxygenation after the Gaskiers glaciation (Canfield, Poulton, and Narbonne, 2007,
Von Strandmann and others, 2015), and the post-Gaskiers emergence of large Ediacaran animals
(Bobrovskiy and others, 2018, Narbonne, 2005) that may have required elevated oxygen levels for
their metabolism (Knoll, 2014). Our conclusion of relatively vigorous late-Ediacaran production of
oxygen contrasts with earlier calculations revealing relatively low rates of oxygen production (e.g.,
Bjerrum and Canfield, 2004a, Canfield, 2014). These earlier calculation results were a product of
previous age models suggesting that the Wonoka-Shuram anomaly was much longer in duration
than we advocate here. We also note that the influence of oxygen release to the atmosphere during
the late Tonian and Cryogenian Periods on ocean chemistry and the state of biological evolution
remains a topic of active debate (e.g., Mills, Francis, and Canfield, 2018, Planavsky and others,

2014, Sperling, Knoll, and Girguis, 2015, Sperling and Stockey,)2018
Individual carbon isotope records

While diagenesis has clearly influenced 8" . of many Neoproterozoic samples analyzed here,

comparison between Figure 1 and Figure 2A suggests thait@e record may follow the
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standard curve in many cases. Thus, both records show strongly néb&tivalues associated

with the Bitter Springs and Islay anomalies, and even more pronounced negative values cluster in
the mid-Ediacaran Period. Thus, while diagenesis has clearly influenc&dahef many
Neoproterozoic samples analyzed here, clastic-rock carbonates may still provide insight into
stratigraphic correlations among sites with limited or uncertain age constraints. Two examples are

outlined below.
Cariboo Mountains

The Kaza and Isaac Formations of the Windermere Supergroup, British Columbia, Canada,
represent a depositional environment that transited upward from deep-water basinal turbidites of
the Kaza Formation to slope facies of the Isaac Formation. The Isaac Formation contains a mixture
of turbiditic mudstones, siltstones, sandstones and conglomerates, with deeply incised channel
deposits demonstrating active downslope sediment transport (Arnott and Ross, 2007, Cochrane,
Navarro, and Arnott, 2019, Navarro, Khan, and Arnott, 2007, Ross, Bloch, and Krouse, 1995). The
lowermost Isaac Formation contains the “First Isaac Carbonate” (FIC), a carbonate-rich unit of
approximately 200 m thickness where the carbonates were sourced from of a combination of
carbonate clastics derived from an upslope carbonate platform and authigenic carbonate precipitates
(Cochrane, Navarro, and Arnott, 2019). Overall, the depositional system of the Isaac Formation is
enormous and has been compared in size to the current Amazon Delta (Arnott and Ross, 2007).
Previous iron-speciation analyses are consistent with the Kaza Formation having deposited under
oxygenated bottom water conditions, with the Isaac Formation having deposited under anoxic,
mostly ferruginous, oxygen-minimum zone-like conditions (Canfield and others, 2008, Raiswell

and Canfield, 2012). These formations are of Ediacaran age (Kendall and others, 2004), but more

refined age constraints do not exist.
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Recently, Cochrane, Navarro, and Arnott (2019) conducted a detailed analysis of the
carbonate sources and diagenetic history of carbonates in the FIC unit. The FIC is a carbonate-rich
unit containing a mixture of both detrital and authigenic carbonate phases, where the detrital
carbonates were recrystallized from an upslope carbonate platform source. These were the most
abundant carbonate phases and where the focus of the study. Their isotopic compositions showed
smooth trends with*3C values reaching up to 3%o to 4%o, leading (Cochrane, Navarro, and Arnott,
2019) to conclude that these likely represented seawater values and not a late diagenetic source
where moreé>*C-depleted values might be expected. Their results also demonstrate reté@vely
depleted values of arounfPso in both the upper and lower parts of the FIC unit. These data,
combined with elevated values in the middle of the interval, led Cochrane, Navarro, and Arnott
(2019) to tentatively correlate the negative isotope excursions in the base of the FIC to the EN2
isotope excursion described from south China (McFadden and others, 2008). The EN2 itself has
been tentatively associated with the Gaskiers Glaciation (Macdonald and others, 2013, Narbonne,
Xiao, and Shields, 2012). Our results from the FIC agree well with those reported by Cochrane,
Navarro, and Arnott (2019) (Figure 4). We also note that clastic-hosted carbonates from the Kaza
Formation are highly*C-depleted, with values as low 89%o; these likely reflect a diagenetic
overprint. In contrast, for sediments deposited from the top of the FIC and further up-section,
isotope trends, both in magnitude and form, are nearly indistinguishable from those observed for the
Shuram anomaly from Oman (Fike and others, 2006). These isotope trends persist despite
depositional lithologies ranging from silty turbidites to massive conglomeritic to sandy channel
deposits (Figure 4). We are uncertain whether the carbonates in this interval of the Isaac formation
are detrital or diagenetic and origin. We are certain, however, that the isotope trends transcend
lithology, and we conclude that the Isaac formation records the Shuram-Wonoka isotope anomaly,

providing a relative datum for these sediments and further demonstrating that this isotope anomaly
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was global in scope (Husson and others, 2015).Our analysis demonstrates, furthern&r€ that
isotopic trends may be useful in establishing stratigraphic correlations in ancient clastic rocks that

are otherwise poorly dated.
Neoproterozoic of the Avalon Peninsula

The Conception and St. John’s groups in the Avalon Peninsula of southeastern Newfoundland

comprise a 6 km-thick succession of deep-water strata that pass upwards from basin plain to slope
to delta-front environments (Canfield, Poulton, and Narbonne, 2007, Gardiner and Hiscott, 2003,
Gehling, Narbonne, and Anderson, 2000, Wood, 2003). With the exception of the glacial
diamictites of the Gaskiers Formation (Eyles and Eyles, 1989) near the base of the succession, these
strata comprise a monotonous succession of mainly fine-grained, distal turbidites and shales that
show no evidence of either emergence or storm waves. These strata are remarkable in containing
the earliest known Ediacara-type fossils, including the well-known diverse fossil assemblages of
Mistaken Point (Liu, Kenchington, and Mitchell, 2015, Narbonne, 2005). These rocks are also well
dated, including a precise date of 579.44 + 0.44 Ma for the end of Gaskiers Glaciation, and a variety
of other dates, including 570.94 + 0.38 Ma for an ash in the uppermost Drook Formation, 566.25 +
0.35 Ma for the fossiliferous E-surface of the Mistaken Point Formation (Pu and others, 2016), and
a new date of 562.5 + 1.1 Ma near the top of the Trepassey Formation (see Appendix). This time
frame would seem to be well suited for evaluating the chronology of the Shuram-Wdi®ka

isotope excursion. Indeed, previous dating in China reveals that the nadir of the Shuram-Wonoka
must be older than 551.1 + 0.7 Ma, where the nadir is separated from this dated horizon by an
unconformity (Condon and others, 2005). There is some evidence from isotope trends that the
anomaly ends stratigraphically below the unconformity (Condon and others, 2005), suggesting that
the event was finished by 551 Ma at the youngest. However, a recent U-Pb date of 557 + 3 Ma for a

bentonite in the overlying Denying Formation suggests an older age for the end of the Shuram
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excursion (Zhou and others, 2018). Furthermore, from broad global stratigraphic correlations,
(Macdonald and others, 2013) concluded that the Shuram-Wonoka anomaly began well after the

Gaskiers glaciation; they suggest a date of 565 + 3 Ma for its beginning.

Our 8%Cresultsfor the Avalon Peninsula are presented in Figure 5, along with existing
radiometric dates and relative formation thicknesses based on measured stratigraphic thickness as
presented in O'Brien and King (2005). GeneraljC..values are highly’C-depleted and show
evidence for a diagenetic IC source. However, on top of this diagenetic influence, there are two
prominent negative isotope excursions. One is found in the upper Mall Bay Formation, just prior to
the Gaskiers glaciation, and the other extends from the middle of the Briscal Formation through the
Trepassey Formation. The earlier excursion is generally consistent with suggestions for the timing
of the EN2 isotope excursion (e.g., Macdonald and others, 2013, Narbonne, Xiao, and Shields,
2012, Xiao and others, 2016) as found in south China (McFadden and others, 2008). If true, then
the EN2 excursion was likely a global phenomenon and clearly predated the Gaskiers glaciation.
We suggest that the younger of these excursions represents the Shuram-Wonoka anomaly where
diagenetic carbonates were formed from diagenetically impacted seawater already highly depleted
in 13C. Indeed, there is nothing in the post-Trepass&y.. record to suggest the influence of a
highly *C-depleted seawater source on clastic carbonate formation, as might be expected if the
Shuram-Wonoka anomaly was younger than 562.5 Ma as constrained in Figure 5 and older than the
recent 557 Ma date for post-Shuram-Wonoka beds in China (Zhou and others, 2018). If correct, the

Shuram-Wonoka likely ended by post-Trespassey times.

There are highly*C-depleted clastic carbonates in the Drook and Trepassey formation, but
nothing depleted to the same extent as those found in the upper Birscall and Mistaken Point
formations. Therefore, based on our radiometric constraints, we suggest that the Shuram-Wonoka

isotope anomaly began after 571 Ma and was over by 562.5 Ma, with the most extreme excursion
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occurring well within this bounding range. The U-Pb zircon date within the Mistaken Point
Formation (Fig. 5) additionally constrain the end of the excursion to lie between 566.25+/-0.35 Ma
and 562.5+/-1.1 Ma. Our suggestion of a start after 571 Ma is generally consistent with the
correlations made by Macdonald and others (2013), and a duration of 4-6 million years would be
consistent with estimates for the duration of the isotopic event based on magnetic stratigraphy and

cyclostratigraphy (Minguez, Kodama, and Hillhouse, 2015).

Our results also suggest that the SinukVonoka-EN3 isotope excursion coincided with the
acme of the Avalon assemblage of the Ediacara biota, as typified by the diverse rangeomorph
fossils of the Mistaken Point Formation (Liu, Kenchington, and Mitchell, 2015, Narbonne, 2005).
Less diverse examples of the Avalon assemblage pre-date the Shuram anomaly in the underlying
Drook Formation in Avalonian Newfoundland and in the Nadaleen Formation (“June beds”) in NW
Canada (Macdonald and others, 2013, Narbonne and others, 2014). Abundant bilaterian burrows
and body fossils of the White Sea and Nama assemblages postdate the end of the Shuram anomaly

worldwide.
Conclusions

We have analyzed t#°C of carbonates from 541 clastic rock samples spanning nearly the whole
of the later Neoproterozoic Era. Most of these carbonates are found in very low concentration and
many of them likely originated during early diagenesis. Indeed, many of the clastic rock-hosted
carbonates have highl§C-depleted isotope values indicating a diagenetic origin. We constructed a
carbon isotope mass balance to determine whether these clastic rock-hosted carbonates, not
normally included in carbon isotope mass balance calculations, influence our understanding of the
evolution of the carbon cycle. We conclude, first, that including clastic rock-hosted carbonates in

mass balance calculations is the most correct approach to constructing a carbon isotope mass
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balance. But, we also conclude that including the clastic rock-hosted carbonates only minimally
alters the mass-balance results obtained in their absence. Thus, whilst being the most correct
approach, including clastic rock-hosted carbonates does not substantially alter our understanding of
the Neoproterozoic carbon cycle, nor do they explain the large isotope excursions found in
Neoproterozoic carbonate rocks. Our mass balance results, however, do reinforce the idea that
during Tonian and Cryogenian and Late Ediacaran times organic carbon was buried in a higher
proportion to total carbon than at present, potentially generating a more vigorous source of
atmospheric oxygen than today and possibly explaining the emergence of large Ediacaran Fauna
after the Gaskiers Glaciation. We also emphasize that clastic-hosted carbonates seem to provide an
untapped data repository that may facilitate allowing possible stratigraphic correlation of previously

undated clastic sedimentary sequences.
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Table 1. Definition of terms

Parameter Definition

613Cin
613C|C
613C0rg
613Cdc
613Ccc
forq
forg—dc
fcc

1:dc

1Eorgcc
fluxin

Isotopic composition of inorganic carbon entering oceans
Isotopic composition of inorganic carbon in the oceans from “standard” isotope curve
Isotopic composition of organic carbon in sedimentary rocks
Isotopic composition of diagenetic carbonates

Isotopic composition of clastic-rock carbonate

Fraction of total carbon buried as organic carbon

Value of {4, when considering diagenetic carbonates
Fraction of inorganic carbon buried as clastic carbonates
Fraction of carbonate buried as diagenetic carbonates
Value of f,; when considering clastic carbonates

Flux of inorganic carbon to the oceans
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Table 2. Influence of mixing “diagenetic” and seawater carbonate on forg.

Parameter 100% diagenetic 50% diagenetic
carbonate: 0% carbonate: 50%
seawater carbone seawater carbonate

53Cee -10 %o -5 %o

5%Coc -28.9 %o -28.9 %o

8% Cic 0 %o 0 %o

wit% IC 0.5 1.0

fee 0.11 0.22

1:or,qcc 0140 0140

forg 0.173 0.173

31



Table 3. Formations, locations and approximate ages for samples from this study

Formation Location Depositional Estimated Ag
Setting (Ma)
Bitter Springs Amadeus Basin, Australia SS 800-812
Quartzite Series East Greenland SS 820-830
Multicolor Series East Greenland SS 810-820
Limestone-Dolomite Serie East Greenland SS 730-770
Tapley Hill South Australia OS 652-658
Apilla/Sturt Tillite South Australia (O 658-660
Elbobreen Spitzbergen O 652-660
Dracoisen Spitzbergen OS 610-620
Tillite Group East Greenland O 632-635
Canyon Formation East Greenland SS 620-630
Spiral Creek East Greenland SS 600-620
Woomera Stuart Shelf, South Australia SS 625
Arcoona ABC Stuart Shelf, South Australia SS 620
Elyuah Stuart Shelf, South Australia O 610
Grants Bluff Stuart Shelf, South Australia 0S 590
Upper Kaza Caribou Mtns, western Canade DB 569.9-571.8
Isaac Caribou Mtns, western Canade DB 562.3-569.8
Twitya Mackenzie Mtns, western Canac DB 652-660
Sheepbed Mackenzie Mtns, western Canac DB 596-625
Mall Bay Avalon Peninsula, Newfoundlan DB 581.9-584
Gaskiers Avalon Peninsula, Newfoundlan DB 580.0-581.9
Drook Avalon Peninsula, Newfoundlan DB 570.6-580.0
Briscal Avalon Peninsula, Newfoundlan DB 566.8-570.6
Mistaken Point Avalon Peninsula, Newfoundlan DB 565.0-566.8
Trepassey Avalon Peninsula, Newfoundlan DB 563.6-565.0
Fermeuse Avalon Peninsula, Newfoundlan DB 556.0-563.6
Upper Staraya Siberia SS 565
Spiral Creek East Greenland SS 652-660

DB-Deep basin
OS-Outer shelf and shallow basin, all below mean storm wave base
SSShallow shelf, above mean storm wave base
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Table 4. Calculated parameters from carbon isotope curves.

Time Period a513C|c b613Ccc C613C|C_ca|c d613coc C 'oc gfcc hforg iforgcc
(Ma) %0 %0 %0 %0 wt% wt%

Tonian 3.97 3.81 3.88 -30.04 1.64 1.20 0.37 0.264 0.262
(725-835)

Cryogenian 4.17 0.94 272 -29.14 2.02 0.56 0.45 0.275 0.242
(652-660)

Ediacaran 1.12 -2.73 0.67 -29.80 0.52 0.24 0.112 0.198 0.186
(541-635)

Ediacaran 1 291 -7.97 264 -30.34 0.12 0.44 0.026 0.238 0.231
(541-560)

Ediacaran 2 -6.55 -1.81 -5.82 -27.02 0.69 0.10 0.15 -0.076 -0.039
(560-570)

Ediacaran 3 1.32 -381 0.84 -30.09 042 0.30 0.093 0.201 0.189
(570-635)

Neoproterozoic  2.82 0.93 2.34 -30.16 1.13 0.80 0.250 0.237 0.226
(541-840)

%ave ragESBC (%o0) for the standard isotope record (Figure 1)
baverag@”C (%o) for the clastic rock-hosted (Figure 2)
‘averages'3C (%o) calculated for the given 'forg<c (Iast column) but assuming no clastic rock carbonate

formation. The difference betwedHC,c ands'Cic...c indicates the influence of clastic rock hosted
carbonate on th&“C,c of seawater

daveragef>130 (%o) for the clastic rock-hosted organic carbon (Figure 2)

faverage clastic rock hosteds IC (Figure 2)

faverage clastic rock hostad OC (Figure 2)

%raction of total IC buried as clastic rock-associated IC

"fraction of total carbon buried as organic carbon without considering clastic rock hosted IC
(equation 2).

'fraction of total carbon buried as organic carbon considering clastic rock hosted IC (equation 4).
Vincluding time interval considered in our analysis
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Figure Captions

Figure 1. Standard inorganic carbon isotope curve for the time interval 540 to 890 Ma. Also given
are averages (red circles) binned in mostly 10 million-year intervals. For the Tonian Period, data is
from (MacLennan and others, 2018) and (Swanson-Hysell and others, 2015) with the age model
given in (MacLennan and others, 2018) . Data from the Cryogenian Period is from (Cox and others,
2016), with the ages modified to reflect a 15 million year ice-free period extending from 645 to 660
Ma (Hoffman and others, 2017). For the post-Shuram Ediacaran Period, the data includes results
from S. China (McFadden and others, 2008) with the chronology presented in (Macdonald and
others, 2013) and until the unconformity at 551 Ma. The data also comes from Oman (Fike and
others, 2006), with an age model such that the Shuram-Wonoka anomaly ends at 562 Ma as
proposed here. Late Ediacaran data is from Morocco with the data and age model from (Macdonald
and others, 2013). Data for the Shuram-Wonoka isotope excursion come from both Oman (Fike and
others, 2006) and S. China (McFadden and others, 2008) assuming the excursion lasted from 562 to
568 Ma as proposed here. Pre-Shuram data is from Oman (Fike and others, 2006), with age model
of (Cox and others, 2016), adjusted for the Shuram-Wonoka anomaly to begin at 569 Ma, and from
S. China (McFadden and others, 2008) and Namibia (Halverson and others, 2005) following the age

model of (Macdonald and others, 2013). Additional pre-Shuram data from Cox and others (2016).

Figure 2. A) isotope record of clastic rock-hosted inorganic carbon and organic carbon. B)
concentrations of inorganic carbon from the analyzed sedimentary rocks. C) concentrations of
organic carbon from the analyzed sedimentary rocks. Except for the isotopic composition of organic

carbon, the data has been separated into different rock types.

Figure 3. A) The isotopic composition of clastic rock-inorganic carbon versus the concentration of

organic carbon (TOC). The isotopic composition of clastic rock-inorganic carbon versus FeHR/FeT.
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The iron speciation data is found in Table Al and references (Canfield and others, 2008, Canfield,

Poulton, and Narbonne, 2007).

Figure 4. A) The isotopic composition of clastic rock-carbonate from the Kaza-Isaac Formations
from the Windermere Supergroup. Different methods (elemental analyzer and gas bench) were used
to collect the isotope data as indicated. Also included in a dashed line are a generalization of the
data trends present in Cochrane, Navarro, and Arnott (2019). All of these data are compared to the
Shuram-Wonoka isotope anomaly as found in Oman. B) wt% clastic-rock associated inorganic
carbon from two different methods as indicated. C) FeHR/FeT for clastic sedimentary rocks from

the Isaac and Kaza formations. See text for details. The general stratigraphy of the sampled

intervals is also indicated as well as the stratigraphic interval of the First Isaac Carbonate (FIC).

Figure 5. Isotopic composition of clastic rock IC for sedimentary rock of the Avalon Peninsula,
Newfoundland. The formation boundaries are indicated, as well as dated intervals. Also indicated
are suggestions for correlations to the Shuram-Wonoka anomaly and the EN2 anomaly. New date

for the Trepassey Formation given in red. See text for details.
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Figure 4.
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Appendix

Dating ash Layer in Trepassey Fm; Location, description, U/Pb Zircon CA-TIMS Analytical
Procedureand Age

The ash is 8 cm thick and yellowish grey; it is graded with the dated sample obtained from the basal
centimeter of the bed. The sample was collected at Shingle Head in the Mistaken Point Ecological
Reserve from a location near the eastern end of section 4 (Wood and others, 2003); their Fig. 1).
The Trepassey Formation at Shingle Head accumulated on a deep-water slope and consists of thin-
bedded distal turbidites, synsedimentary slides and slumps composed of these distal turbidites, and
sporadic beds of volcanic ash (Wood and others, 2003). The dated ash occurs 27 m below the top of
the Trepassey Formation, 16.7 m below the Shingle Head fossil surface located at the 179 m mark
(Wood and others, 2003); their Fig. 4A), in a slide mass of distal turbidites. The ash is
stratigraphically bracketed by carbon-isotope values of approximaté¥p(samples 43 and 45 in

Table Al) in turbidites below and above the slide mass

This sample yielded small prismatic zircon that appear to represent a single- age igneous population
displaying fine scale growth zoning in some crystals, and low luminescence in most (Figure 1).
This is confirmed by the overlapping concordant analyses on Figure 2.

TREPASSEY FM

| 206pp
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Fig. 1 Cathode- luminescence images
of typical zircon

Fig.2 Concordia Diagram with data for
Trepassey Ash

The zircon grains analysed were selected from mineral concentrates using tweezers under the
microscope according to criteria of clarity, euhedral crystal form and lack of inclusions. All grains
were chemically abraded using the (Mattinson, 2005)chemical abrasion thermal ionization mass
spectrometry (CA-TIMS) technique. The selected crystals of zircon were annealed’sd 1086
hours prior to etching in concentrated HF acid in a pressure bomb°a #80a few hours. This
procedure is designed to remove any altered domains throughout the crystal that may have
undergone lead loss.
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A small number of zircon graingere grouped into fractions to allow precise measurement of all Pb
masses on the mass spectrometer. These etched zircon fractions were washed in distilled HNO
then doubly distilled kD, prior to loading in Krogh- type TEFLON dissolution bombs. A mixed
299ppf3 U tracer was added in proportion to the sample weight, along with ca. 15 drops of distilled
HF, then the bomb was sealed and placed in an oven @€ 205 days. lon exchange chemistry

was carried out according to the procedure of (Krogh, 1973), with modified columns and reagent
volumes scaled down to one tenth of those reported in 1973. The purified Pb and U were collected
in a clean beaker in a single drop of ultrapusP G.

Lead and uranium are loaded together on outgassed single Re filaments with silica gel and dilute
H3PQ,. Mass spectrometry is carried out using a multi-collector MAT 262. The faraday cups are
calibrated with NBS 981 lead standard and the ion-counting secondary electron multiplier (SEM)
detector is calibrated against the faraday cups by measurement of known lead isotopic ratios. The
small amounts of Pb were measured by peak jumping on the SEM, with measurement times
weighted according to the amounts of each mass present. U was measured by peak jumping on the
SEM. A series of sets of datere measured in the temperature range 1400 to°C5fs0 Pb and

1550 to 1648C for U, and the best sets combined to produce a mean value for each ratio. The
measured ratios are corrected for Pb and U fractionation of 0.1% /amu and 0.03%/amu respectively
as determined from repeat measurements of NBS standards. The ratios are also corrected for
laboratory procedure blanks (1-2 picograms - Pb, 0.3 picogram - U) and for common lead above the
laboratory blank with lead of the composition predicted by the two- stage model of (Stacey and
Kramers, 1975) for the age of the sample. Ages are calculated using the decay constants
recommended byJaffey and others, 1971). The uncertainties on the isotopic ratios and ages are
calculated using an unpublished program and are reported as two sigma in Table Al.

The final age of 562.5 +/-1.1 Ma is the weighted average 6P#b*®U ages for analyses 71, and
Z3- 78, and is reported at the 95% confidence interval (ISOPLOT, MSWD = 0.34). Z2 was
excluded as it appears to exhibit a small degree (0.5%) of lead- loss.

See supplement Tables for data from this study and for “standard” carbon isotope compliation.
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TABLE A3. U-Pb Zircon Data for Sample N10-SH6B

Concentration Measured Corrected Atomic Ratios* Age [Ma]
Fraction Weight ) Pb total 206Pb 208Pb 206Pb 207Pb 207Pb 206Pb 207Pb 207Pb
[mg] rad common ——-—---  —=—=—— ———=—==  ————— ————— ————— —m— e —— e
[ppm] Pb 204Pb 206Pb 238U 235U 206Pb 238U 235U 206Pb
[pgl +/- +/- +/-
Z1 5 clr euh prm 0.007 1656 153.7 13 5350 0.1245 0.09117 62 0.7408 48 0.05893 14 562.4 563 565
72 4 clr euh prm 0.006 850 78.5 3.2 9078 0.1274 0.09051 56 0.7361 44 0.05899 14 559 560 567
7Z3 3 clr euh prm 0.004 958 89.3 4.0 6170 0.1248 0.09149 50 0.7443 38 0.05900 14 564.4 565 567
Z4 2 clr euh prm 0.003 580 53.8 2.5 4004 0.1251 0.09110 40 0.7414 34 0.05903 20 562.1 563 568
7Z5 4 clr euh prm 0.006 634 58.7 3.1 7074 0.1193 0.09129 62 0.7412 50 0.05889 18 563.0 563 563
76 3 stubby euh prm 0.004 520 48.0 4.9 2747 0.1201 0.09109 44 0.7401 44 0.05893 24 561.8 562 564
Z7 2 stubby euh prm 0.003 801 74.7 4.4 3146 0.1318 0.09109 62 0.7382 44 0.05878 28 561.8 561 559
7Z8 4 clr euh prm 0.006 668 62.0 2.9 7814 0.1235 0.09122 48 0.7406 28 0.05888 24 562.6 563 563

Notes: Z=zircon, 2,4,5 =number of grains, clr=clear, prm =prism, euh=euhedral
All zircon was chemically abraded (Mattinson, 2005). Weights were estimated so U and Pb concentrations are approximate.
* Atomic ratios corrected for fractionation, spike, laboratory blank of 1-2 picograms of common lead, and initial common
lead at the age of the sample calculated from the model of Stacey and Kramers (1975), and 0.3 picogram U blank. Two
sigma uncertainties are reported after the ratios and refer to the final digits. Ages used in the age calculation are
reported to the first decimal place.
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