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Abstract 32 

Low sulfate, euxinic water-column conditions were a common feature of many 33 

Precambrian and Phanerozoic periods of ocean anoxia. The cycling of phosphorus in anoxic 34 

marine environments exerts a fundamental control on primary productivity, organic carbon 35 

production and burial, and hence ultimately oxygen production, but the dynamics of the 36 

phosphorus cycle in low sulfate, euxinic settings are largely unknown. Here, we provide a 37 

detailed geochemical investigation of phosphorus cycling in the low sulfate, euxinic Lake 38 

Cadagno, Switzerland, which is considered a prime analogue for ancient euxinic oceans. We 39 

find evidence for extensive recycling of phosphorus from the sediments back to the water 40 

column, stimulated by the microbial release of phosphorus from organic matter and Fe 41 

(oxyhydr)oxide minerals. Consistent with previous studies of modern and ancient anoxic 42 

settings, this regenerated flux maintains high concentrations of phosphorus in the water column, 43 

thus promoting a positive productivity feedback. However, the low-sulfate condition of the 44 

overlying water column, combined with the rapid removal of sulfide (as pyrite) from 45 

porewaters, promotes formation of Fe(II) phosphate minerals (e.g., vivianite) close to the 46 

sediment-water interface. This, in turn, modulates the extent of phosphorus recycling back to 47 

the water column, and contrasts with modern fully marine euxinic settings, where the higher 48 

concentrations of dissolved sulfate promote sulfide formation to greater depths, thus limiting 49 

Fe(II) phosphate formation close to the sediment-water interface. The prevalence of low-sulfate 50 

conditions during past euxinic episodes suggests that the operation of this near-surface 51 

sedimentary trap for recycled phosphorus would have limited the positive P-driven 52 

productivity feedback, promoting only a moderate degree of P recycling. Furthermore, the 53 

precise magnitude of this recycled P flux would, on a global scale, have been dependent on 54 

changes in the size of Earth’s marine sulfate reservoir through time. Thus our findings have 55 

major implications for rates of P-driven productivity and organic carbon burial in ancient 56 

euxinic settings, which have not previously been factored into reconstructions of Earth’s 57 

oxygenation history. 58 

 59 

1. INTRODUCTION 60 

  Euxinic (sulfidic) water column conditions were an important feature during periods of 61 

ocean anoxia throughout much of Earth’s history. Evidence for spatially and temporally 62 

restricted episodes of ocean euxinia date back to at least ~2.7 billion years ago (Ga), with such 63 

conditions early in Earth’s history often being linked to an increased oceanic influx of sulfate 64 

due to oxidative weathering of pyrite as atmospheric oxygen rose (Reinhard et al., 2009; 65 
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Kendall, et al., 2010; Scott et al., 2011). Euxinic conditions are generally considered to have 66 

become more widespread in the mid-Proterozoic, from ~1.84 to 1.0 Ga, with euxinia being 67 

particularly prevalent along productive continental margins and in epicontinental seas 68 

(Canfield, 1998; Poulton et al., 2004a; 2010; Scott et al., 2008; Poulton and Canfield, 2011). 69 

Euxinic episodes through the Neoproterozoic were more scarce, and instead anoxic ferruginous 70 

(Fe containing) water column conditions tended to dominate (Canfield et al., 2008; Johnston 71 

et al., 2010; Guilbaud et al., 2015; Sperling et al., 2015), although euxinic conditions did occur 72 

at certain times in some Neoproterozoic basins (e.g., Canfield et al., 2008; Li et al., 2010; 2012; 73 

Sahoo et al., 2012; Guilbaud et al., 2015; Thomson, et al., 2015; Och et al., 2016). Widespread 74 

euxinia has also been reported for certain intervals of the Paleozoic (e.g., Wignall and Twitchett, 75 

1996; Wignall et al., 2010; Gill et al., 2011; Hammarlund et al., 2012), and during the oceanic 76 

anoxic events (OAEs) of the Mesozoic (e.g., Jenkyns, 2010).  77 

  A common feature of Precambrian euxinic episodes concerns the prevalence of relatively 78 

low marine sulfate concentrations compared to the modern ocean (~28 mM), which from the 79 

early Proterozoic to the terminal Neoproterozoic likely increased from the low micromolar 80 

range envisaged for much of the earlier Archean (Habicht et al., 2002; Crowe et al., 2014), to 81 

concentrations in the low millimolar range (Kah et al., 2004; Guilbaud et al., 2015). Similarly, 82 

a growing body of evidence suggests that sulfate concentrations were also much lower than at 83 

present during many Phanerozoic periods of euxinia (in the low millimolar range), at least 84 

through to (and including) the anoxic episodes of the Jurassic and Cretaceous (e.g., Adams et 85 

al., 2010; Newton et al., 2011; Song et al., 2013; Poulton et al., 2015). 86 

Despite the significance of low-sulfate euxinic settings through time, relatively little is 87 

known about controls on P cycling under such conditions. P is commonly invoked as the 88 

ultimate limiting nutrient on geologic timescales, with the behaviour of bioavailable P exerting 89 

a major control on primary productivity and hence organic carbon burial (e.g., Howarth, 1988; 90 

Tyrell, 1999). These factors ultimately exert a primary control on Earth’s oxygenation history 91 

(e.g., Canfield, 2005), and it has been suggested that prior to Earth’s first major rise in 92 

atmospheric oxygen (the Great Oxidation Event from ~2.45-2.32 Ga), bioavailable P was 93 

limited in the ocean due to removal via extensive adsorption to Fe (oxyhydr)oxides under 94 

anoxic ferruginous water column conditions (Bjerrum and Canfield, 2002; Jones et al., 2015; 95 

Reinhard et al., 2017; but see Konhauser et al., 2007; Planavsky et al., 2010). 96 

  After the Great Oxidation Event (GOE) at ~2.4-2.2 Ga, atmospheric oxygen levels are 97 

believed to have remained relatively stable (but with concentrations much lower than at present) 98 

under the more widespread euxinic conditions envisaged from ~1.84-1.0 Ga (Canfield, 2005; 99 
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Lyons et al., 2014; Planavsky et al., 2014; Zhang et al., 2016; Daines et al., 2017). However, 100 

nutrient controls on productivity (and hence oxygen stability) across this mid-Proterozoic 101 

interval remain unclear. Limitation of the N cycle due to extensive Mo drawdown to the 102 

sediment coupled with enhanced loss of fixed N as N2 (Anbar and Knoll, 2002; Fennel et al., 103 

2005; Canfield et al., 2006; Scott et al., 2008; but also see Zerkle et al., 2006), or an increased 104 

contribution of anoxygenic photosynthesis to total primary production (Johnston et al., 2009), 105 

have been proposed as mechanisms to limit O2 production in the mid-Proterozoic euxinic ocean. 106 

However, recent isotopic studies of the mid-Proterozoic N cycle suggest that bioavailable 107 

nitrate was likely abundant in near-shore environments (Godfrey et al., 2013; Stüeken, 2013; 108 

Koehler et al., 2017), while research on modern ferruginous systems implies that large 109 

expanses of the mid-Proterozoic ocean were likely P, and not N, limited (Michiels et al., 2017). 110 

In this regard, based on the total P content of shallow water marine shales through time, 111 

Reinhard et al. (2017) suggest that bioavailable P was maintained at extremely low 112 

concentrations throughout the mid-Proterozoic due to extensive stripping of water column P in 113 

association with Fe (oxyhydr)oxide minerals formed under deeper-water ferruginous 114 

conditions. Extremely low bioavailable P would have ultimately maintained atmospheric 115 

oxygen at low levels throughout the mid-Proterozoic (Reinhard et al., 2017). However, this 116 

assertion assumes that the total P content of shallow marine shales provides a direct record of 117 

bioavailable P in the water column, with insignificant biogeochemical recycling of P from 118 

sediments back to the water column (Poulton, 2017).  119 

The extent to which bioavailable P may be trapped in the sediment, as opposed to being 120 

recycled back to the water column (where it can fuel further productivity), is highly redox 121 

dependent. In organic-rich sediments deposited beneath oxic bottom waters, P is typically 122 

delivered to the sediment in association with organic matter and/or iron (oxyhydr)oxide 123 

minerals, in addition to detrital phases. During early diagenesis, organic matter and Fe 124 

(oxyhydr)oxide remineralisation (partially) releases P to pore waters (Krom and Berner, 1981; 125 

Froelich et al., 1988; Slomp et al., 1996b; Anschutz et al., 1998), with the potential either for 126 

recycling of some of this P to the overlying water column (Ingall and Jahnke, 1994; 1997; 127 

Slomp et al., 2002; 2004), or for the fixation of P in the sediment in association with other 128 

phases (i.e., sink-switching) (Van Cappellen and Ingall, 1994; Slomp et al., 1996a, b). Using a 129 

sequential P extraction technique, Ruttenberg and Berner (1993) demonstrated that a large 130 

proportion of the released P may be fixed as authigenic carbonate fluorapatite (CFA), and this 131 

is believed to typically account for ~50% of P burial in modern marine sediments deposited 132 

beneath oxic bottom waters. In addition, some of the recycled porewater P may be trapped in 133 
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the sediment via re-adsorption to Fe (oxyhydr)oxide minerals close to the sediment-water 134 

interface (Slomp and Van Raaphorst, 1993; Slomp et al., 1996a, b; Dellwig et al., 2010).  135 

  Although these processes may begin in the oxic water column via the oxic degradation 136 

of organic matter, water column P recycling and the release of P from sediment porewaters 137 

tends to be particularly significant under euxinic conditions. In particular, the Fe 138 

(oxyhydr)oxide sink for P is greatly diminished under such conditions due to the reductive 139 

dissolution of Fe (oxyhydr)oxide minerals by dissolved sulfide (e.g., Pyzik and Sommer, 1981; 140 

Dos Santos Afonso and Stumm, 1992; Peiffer et al., 1992; Poulton, 2003; Poulton et al., 2004b) 141 

and the ultimate formation of pyrite, to which phosphate does not significantly adsorb (Krom 142 

and Berner, 1980; Anschutz et al., 1998). The effect of diminishing this sink under euxinic 143 

conditions is exacerbated by the preferential release of P from organic matter during microbial 144 

remineralisation (e.g., during the production of sulfide via bacterial sulfate reduction), which 145 

ultimately results in high organic C/P ratios relative to the Redfield Ratio (e.g., Ingall et al., 146 

1993; Steenbergh et al., 2011). 147 

The formation of ferrous phosphate minerals (e.g., vivianite) has been proposed as an 148 

additional potential sink for reactive phosphate during early diagenesis. For example, Fe(II) 149 

phosphate has been implicated as a significant retention mechanism for P in Lake Ørn, 150 

Denmark (O’Connell et al., 2015) and Lake GroȕGlienicke, Germany (Rothe et al., 2014). Both 151 

lakes are oxic, but the deeper sediment pore waters are characterised by high concentrations of 152 

dissolved Fe2+, and in these deep sediments the phosphate released from organic matter 153 

remineralization and Fe (oxyhydr)oxide reduction can re-precipitate as vivianite. Similarly, 154 

Fe(II) phosphate has been suggested as a prominent sink for P in a variety of coastal and deep-155 

sea oxic water-column settings. Here, in sulfide-depleted sediments beneath the 156 

sulfate/methane transition zone (SMT; where porewater sulfate is depleted and methane 157 

concentrations increase), Fe (oxyhydr)oxide mineral reduction either via dissimilatory Fe 158 

reduction or via anaerobic oxidation of methane (AOM) using Fe (oxyhydr)oxides as the 159 

electron acceptor (Konhauser et al., 2005; Thauer and Shima, 2008; Riedinger et al., 2014), 160 

and the availability of dissolved phosphate appears to promote vivianite formation (e.g., März 161 

et al., 2008a; Slomp et al., 2013; Hsu et al., 2014; Egger et al., 2015). 162 

In addition, vivianite formation has been proposed to occur in a variety of anoxic water-163 

column settings, including sediments of the Baltic Sea, in both the deeper euxinic basins (Jilbert 164 

and Slomp, 2013) and potentially in the intermittently anoxic Landsort Deep basin (Dijkstra et 165 

al., 2016), as well as in the seasonally anoxic Chesapeake Bay (Berner, 1990; Joshi et al., 2015) 166 

and in the euxinic Black Sea (Dijkstra et al., 2014). In all of these cases, vivianite has been 167 
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suggested to form in microenvironments within shallow sulfidic sediments. However, Kraal et 168 

al. (2017) demonstrated that vivianite is rapidly dissolved via reaction with sulfide, and at least 169 

in the case of the euxinic Black Sea, the remobilised phosphate is more likely associated with 170 

carbonate minerals, rather than precipitated as vivianite (see also Dijkstra et al., 2018). Thus 171 

the significance of vivianite formation as a longer-term trap for remobilised P in these modern 172 

sulfidic porewater environments is unclear. 173 

Although active formation of vivianite has been demonstrated in a variety of settings, these 174 

environments are not particularly relevant analogues for the low-sulfate euxinic oceans of the 175 

Precambrian and Phanerozoic. In particular, while the limited availability of sulfate (and hence 176 

sulfide) during diagenesis in ancient low-sulfate euxinic settings could conceivably promote 177 

formation of vivianite, the importance of Fe(II) phosphate formation relative to the extent of P 178 

recycling back to the water column remains unknown. In addition to the potential significance 179 

for the history of planetary oxygenation during the Precambrian, a detailed understanding of 180 

biogeochemical controls on P recycling under low-sulfate euxinic conditions is of key 181 

importance for evaluating productivity feedbacks during Phanerozoic episodes of euxinia (e.g., 182 

Mort et al., 2007; März et al., 2008b; Poulton et al., 2015). 183 

Lake Cadagno, Switzerland, has been the focus of considerable research, largely due to its 184 

significance as a mid-Proterozoic euxinic ocean analogue (Canfield et al., 2010; Dahl et al., 185 

2010; Wirth et al., 2013). The lake represents an ideal location to study P cycling in relation to 186 

ancient euxinic settings as it is persistently euxinic at depth, with a relatively low sulfate content 187 

of 1.2 mM. In addition, the remote location of Lake Cadagno ensures insignificant 188 

anthropogenic phosphorus pollution, and phosphate concentrations in the water column (0.1-2 189 

ȝM) tend to be lower than in other euxinic or seasonally euxinic settings, such as the Black Sea 190 

(2-7 ȝM) (Codispoti et al., 1991; Yakushev et al., 2008; Dellwig et al., 2010) and the Baltic 191 

Sea (3-5 ȝM) (Dellwig et al., 2010). 192 

Here, we provide new water column and sediment data for Lake Cadagno, focusing on 193 

different parts of the basin, including the deeper euxinic waters, shallower oxic waters, and a 194 

site where the chemocline intersects the deposited sediments. We combine Fe and P speciation 195 

data with bulk geochemical analyses, to assess controls on P recycling under low-sulfate 196 

euxinic conditions. We specifically highlight the role of P recycling back to the water column, 197 

with a focus on the potential modulation of this flux by the early diagenetic formation of Fe(II) 198 

phosphate minerals. 199 

 200 
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2. SAMPLING AND METHODS 201 

2.1. Sample location and geological setting 202 

Lake Cadagno is a meromictic lake located at approximately 2000 m altitude in the central 203 

Alps of Swizerland (46o33’44’’N, 8o42’41’’E; Fig. 1). The bedrock includes felsic gneiss, 204 

dolomite and gypsum (Dahl et al., 2010). The basin is 0.26 km2 with a maximum depth of 21 205 

m (Krige, 1917). The water column is stratified, with oxic surface waters above the chemocline 206 

overlying euxinic deeper waters. This stratification has developed due to different densities of 207 

water flowing into the lake (Tonolla et al., 1998). Specifically, the oxic mixolimnion occurs at 208 

depths from 0 to 11 m and is fed by surface runoff. The euxinic bottom waters occur from 12 209 

to 21 m depth, and these waters are supplied by deep sub-surface flow containing a high 210 

concentration of ions, including dissolved sulfate concentrations in the range of 5 to 8 mM (Del 211 

Don et al., 1998; 2001). The oxic surface waters and deep sulfidic waters are separated by a 212 

chemocline of about 1 meter thickness (Tonolla et al., 1998; 1999). Sedimentation in the lake 213 

has occasionally been affected by landslides (Knoll-Heitz, 1991; Birch et al., 1996), which we 214 

consider in more detail below. 215 

 216 

2.2. Water column, pore water and sediment sampling 217 

Samples were collected in summer 2014 over the course of two days. All water column 218 

samples, as well as sediment samples from beneath the euxinic deeper waters, were taken from 219 

a permanently moored platform, while sediment samples beneath oxic waters and from where 220 

the chemocline intersects the sediment towards the edge of the lake were taken from a boat. 221 

Water column samples from the oxic, chemocline and deeper euxinic waters were collected by 222 

pumping from depth into expandable plastic containers, which were previously purged with 223 

N2. Immediately after collection, water samples were filtered in a N2 filled glove bag for 224 

immediate analysis of dissolved Fe(II) and phosphate, while dissolved sulfide was determined 225 

after fixing sulfide with 10 mM zinc acetate. 226 

Short (up to 35 cm) gravity cores were taken from 3 different water depths: one 227 

representing deposition under euxinic conditions (20-21 m; euxinic core), another where the 228 

chemocline intersects the lake bottom (11-12 m; chemocline core), and a third in oxic waters 229 

(5-6 m; oxic core) (Fig. 1). After sampling, cores were stored upright and refrigerated at 4°C 230 

prior to processing (which occurred within 6 h). Sediment cores were sliced (generally in 231 

thicknesses of 1-2 cm) in the glove bag and placed in 50 mL centrifuge tubes. Pore water was 232 

extracted from each sample while still in the glove bag using rhizon ceramic filters 233 

(Rhizosphere research products). Pore waters were then fixed in the appropriate reagent for 234 
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Fe2+ and phosphate analysis (see below) while still in the glove bag, and were then analysed 235 

immediately after opening the glove bag. Sulfide samples were fixed in 10 mM Zn acetate 236 

while still in the glove bag and analysed later. Sediment samples were immediately frozen after 237 

opening the glove bag, and were subsequently freeze-dried and stored frozen in an anoxic 238 

chamber prior to analysis. 239 

 240 

2.3. Water content 241 

To determine the water content of the sediments, frozen cores sampled adjacent to the 242 

cores used for geochemical analysis were sliced with an electric saw (generally in thicknesses 243 

of 1-2 cm) and each slice was dried at 100°C overnight. The weight loss was then used to 244 

calculate water content (Birch et al., 1996). This was only performed for the euxinic and 245 

chemocline cores, to investigate the extent to which these sediments have been affected by 246 

landslides (see below).  247 

 248 

2.4. Geochemical methods  249 

2.4.1 Water column and pore water analysis 250 

Immediately after filtration of both lake waters and pore waters, pH was measured with a 251 

calibrated pH meter (Mettler Toledo AG 8603). Dissolved Fe(II) concentrations were measured 252 

via the ferrozine method with a RSD of <2% (Stookey, 1970; Viollier et al., 2000). Dissolved 253 

P was measured via the molybdate blue method with a RSD of <3% (Koroleff, 1976; 254 

Ruttenberg, 1992). Dissolved sulfide was measured using the Cline method, with a RSD of <2% 255 

(Cline, 1969). For the measurement of dissolved sulfate, 2.5 mL of sample was treated with 256 

100 ȝl of 10 mM zinc acetate to remove the sulfide by filtration, then the filtrates were analysed 257 

by ion chromatography using a Dionex IonpacTM AS16 column with a RSD of <2%. Dissolved 258 

inorganic carbon (DIC) was measured using flow injection analysis (Hall, 1992) with a RSD 259 

of <1%. 260 

 261 

2.4.2 Sediment analysis 262 

Total carbon (TC), total organic carbon (TOC) and total sulphur (TS) were measured with 263 

a LECO C/S Analyzer. TOC samples were pre-treated with 10% HCl to remove carbonate 264 

phases. Replicate analyses of certified standards (Soil 502-309, Soil 502-062, Calcium 265 

carbonate 501-034 and Coal 502-671) gave RSDs of <2% for TC, <2% for TOC, and <4% for 266 

TS, with 100% recovery in all cases. Total inorganic carbon (TIC) was calculated as TIC = TC 267 

– TOC, and replicates of TIC analyses gave a RSD of <2%. Total Fe, Al, Ti and P were 268 
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determined following total digestion of the freeze-dried sediment samples, whereby samples 269 

were initially ashed at 550°C, and then dissolved in HNO3-HF-HClO4 followed by evaporation 270 

to dryness. Boric acid was then added and evaporated to dryness overnight (to solubilise 271 

aluminium hexafluoride), and finally the sample was re-dissolved in hot HNO3. Total Fe (FeT) 272 

was measured by AAS, while Al and Ti were measured by ICP-OES, and Total P (PT) was 273 

measured by spectrophotometer using the molybdate blue method, as described above. 274 

Replicate analyses of a Lake Cadagno sediment sample gave RSDs of <2% for all four elements, 275 

and replicate analyses of international sediment standard PACS-2 gave recoveries of 98%, 96%, 276 

93% and 100% for Fe, Al, Ti and P, respectively. 277 

  The Fe extraction methods were developed from Poulton and Canfield (2005) and 278 

Canfield et al. (1986), as used by Zegeye et al. (2012) and Goldberg et al. (2012). Together, 279 

the procedure targets six operationally-defined phases, with steps I-III performed sequentially 280 

(for extraction details see Table 1, which also reports target Fe phases and the precision of each 281 

extraction based on replicate extractions). Iron extracted from unsulfidized reduced Fe phases 282 

(Fe(II)unsulf) (Table 1) was measured by spectrophotometer via the ferrozine method (Stookey, 283 

1970), while the other unsulfidized Fe phases were measured by AAS. Sulfide bound as acid-284 

volatile sulfur (FeAVS) and pyrite (Fepy) was extracted by the two-step acid Cr(II) method and 285 

trapped as Ag2S, followed by weighing of the precipitate and stoichiometric conversion to Fe 286 

concentrations (Canfield et al., 1986; Fossing and Jorgensen, 1989). 287 

  The pool of easily reducible ferric oxides such as ferrihydrite (Fe(III)ox1) was calculated 288 

as the difference between the total Fe extracted by the 0.5 N HCl extraction (i.e., Fe(II) plus 289 

Fe(III)) and the Fe(II) measured in this extract (Goldberg et al., 2012; Zegeye et al., 2012). 290 

Because FeAVS is also extracted by the 0.5 N HCl extraction and measured as Fe(II) (Poulton 291 

and Canfield, 2005), the unsulfidized solid phase Fe(II) was calculated from the Fe(II) 292 

extracted by 0.5 N HCl after subtracting FeAVS. The total pool of Fe that is considered highly 293 

reactive (FeHR) to biotic and abiotic reduction in the euxinic water column and during early 294 

diagenesis (Canfield et al., 1992; Raiswell and Canfield, 1998; Poulton et al., 2004a) was 295 

calculated as: 296 

             FeHR = Fe(II)unsulf + Fe(III)ox1 + Fe(III)ox2 + Femag+ FeAVS+ Fepy                (1) 297 

  The sequential extraction method (SEDEX) for different phosphorus phases was 298 

modified from Ruttenberg (1992). Five sedimentary P reservoirs were extracted by different 299 

reagents as detailed in Table 2. Iron-bound P (PFe) was determined via the molybdate blue 300 

method (Koroleff, 1976), after suitable dilution with matrix-matched standards, on a SEAL 301 
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Analytical AA3 segmented flow analyser. All other P phases were determined via the 302 

molybdate blue method on a Thermo Genesys 6 spectrophotometer at 880 nm wavelength. 303 

Reactive P (Preactive) was calculated as: 304 

Preactive = Psorb + PFe + Pauth + Porg                                                                                               (2) 305 

  Fe(II) phosphate (e.g., vivianite) was not part of the mineral suite tested during 306 

development of the SEDEX procedure (Ruttenberg, 1992). To address this we first synthesized 307 

vivianite by the method of Madsen and Hansen (2014), whereby 100 mL of 0.1 M NaH2PO4 308 

was titrated into 250 mL of 0.025 M (NH4)2Fe(SO4)2, with the pH maintained at 7 using 0.5 M 309 

NaOH. The whole operation was completed under anoxic conditions and the product was 310 

subsequently characterised as vivianite by X-ray diffraction (XRD). Then we applied the first 311 

stages of the Fe and P sequential procedures and found that vivianite was completely dissolved 312 

by citrate/dithionite/bicarbonate (CDB) in the P extractions (Table 2, Step II; see also Dijkstra 313 

et al., 2014; Kraal et al., 2017), and by 0.5 M HCl in the Fe extractions (Table 1, Step I). 314 

 315 

2.5 Geochemical modelling 316 

  The saturation indexes (SI) of porewater with respect to vivianite, siderite and pyrite were 317 

calculated using PHREEQC Interactive 3.3.7, utilising the databases of Laliberté (2009) and 318 

Appelo et al. (2014). The SI calculations were based on porewater data for the euxinic core, 319 

including pH and the concentrations of Fe2+, HPO4
2-, total sulfide, and DIC. Calculations were 320 

performed for a temperature of 4°C (Dahl et al., 2010) and redox potential (Eh) of -300 mV, 321 

which correspond to values measured at the sediment-water interface (Gregersen et al., 2009; 322 

Dahl et al., 2010). Eh-pH mineral stability fields were calculated for a temperature of 4°C using 323 

Geochemist’s Workbench 11.0.  The input data were based on the euxinic core porewater data 324 

for Fe2+, SO4
2-, HPO4

2- and HCO3
- at 0-5 cm and 29.5-31.5 cm. The concentrations of HPO4

2- 325 

and HCO3
- were 25.74 ȝM and 3.75 mM in the surface sediments, and 24.83 ȝM and 5.11 mM 326 

in the deeper sediments, respectively, which were calculated from DIC and total dissolved P 327 

using PHREEQC. 328 

 329 

3. RESULTS 330 

3.1. Water column 331 

  All geochemical data are presented in Appendix A. The water column is supersaturated 332 

with oxygen to a depth of ~7 m, below which the oxygen starts to decrease rapidly, with near-333 

complete removal at ~11 m (Fig. 2a). Dissolved sulfate concentrations increase with depth due 334 
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to the input from subterranean springs (Fig. 1), with concentrations reaching 1.2 mM below 335 

the chemocline (Fig. 2b). Dissolved Fe2+ is low in concentration from the surface water to the 336 

chemocline (Fig. 2c). However, from 11 to 12 m, its concentration increases slightly to 1.1 ȝM 337 

just below the chemocline, with relatively constant concentrations below this depth. Dissolved 338 

sulfide increases in concentration below the chemocline, but remains relatively constant at 65 339 

± 5 ȝM below ~13 m depth. Dissolved phosphate is low in surface waters, but progressively 340 

increases to ~2 ȝM with depth below the chemocline (Fig. 2d). 341 

 342 

3.2. Sediment water content 343 

  The water content of Lake Cadagno sediments was used to constrain the depth interval 344 

where normal sedimentation has been affected by landslides (Birch et al., 1996). In the euxinic 345 

sediment core (Fig. 3a), the water content decreases with depth, but with a pronounced 346 

deviation to lower values between 12-18.5 cm. This corresponds to the position of a previously 347 

identified landslide layer (Birch et al., 1996) that was deposited in 1951 (Knoll-Heitz, 1991). 348 

Birch et al. (1996) also found evidence for an older landslide of ~12 cm thickness starting about 349 

4 cm below the first landslide interval. We see no evidence for this earlier landslide based on 350 

the water content of the euxinic core between 18.5-23 cm, but based on a number of 351 

geochemical indicators (see below) we place the upper boundary of this earlier landslide 352 

interval at ~22.5 cm.  353 

The chemocline core (Fig. 3b) shows a similar overall decrease in water content with depth, 354 

with a clear deviation to lower water content between 12-26 cm, although a return to slightly 355 

higher water content occurs at about 14-16.5 cm. This trend suggests that the interval from 12-356 

26 cm captures the landslides outlined above. The oxic core was sampled from shallower water 357 

at the opposite side of the lake from where the landslides originated. The lack of any 358 

discrepancies in geochemical data trends (see below) confirms that this core is unlikely to have 359 

been affected by any of the landslides. 360 

 361 

3.3. Pore waters 362 

DIC and pH were measured in the porewaters of the euxinic core in order to calculate 363 

mineral saturation indices. DIC shows an overall increase to a depth of ~15 cm, then remains 364 

constant at 5.42 ± 0.15 mM (Fig. 4). The pH shows a similar depth profile to DIC with an 365 

increase to ~14 cm, below which values are relatively constant at 8.42 ± 0.04 (Fig. 4).  366 

In the euxinic sediment core (Fig. 5a), sulfate is relatively constant at 485 ± 5 ȝM to a 367 

depth of 9 cm, which is likely due to some mixing of poorly-consolidated organic-rich ooze 368 
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which comprised the top few cm of the core. Below 9 cm depth, sulfate is depleted to close to 369 

zero at a depth of 26 cm. Dissolved sulfide (Fig. 5a) is significantly higher than in the overlying 370 

water column (Fig. 2c) and shows an overall increase, reaching ~900 ȝM at ~11 cm depth. 371 

Sulfide then decreases to close to zero at 26 cm as sulfate is depleted. At this depth dissolved 372 

Fe2+ begins to accumulate, reaching 35 ȝM at 30 cm depth. Dissolved phosphate shows an 373 

overall increase to ~55 ȝM over the top 12 cm, followed by a gradual decrease through the 374 

lower part of the core, although concentrations remain above 40 ȝM at 30 cm depth.  375 

In the chemocline core, sulfate concentrations decrease from >1 mM near the surface to 376 

much lower values below 20 cm, although concentrations do not reach zero (Fig. 5c). Sulfide 377 

steadily decreases with sediment depth from ~500 ȝM close to the sediment-water interface, 378 

but in contrast to the euxinic core, sulfide only decreases to ~70 ȝM at 23 cm depth. As a 379 

consequence, dissolved Fe2+ is present at low levels throughout the core (Fig. 5d). Dissolved 380 

phosphate shows a similar profile to the euxinic core, with a slight rise to ~21 ȝM at 8 cm, 381 

followed by a gradual decrease with depth. 382 

In the oxic core, sulfate is relatively low throughout (<200 µM) and decreases with depth, 383 

although as with the chemocline core, values do not reach zero (Fig. 5e). Dissolved sulfide 384 

remains relatively constant at 230 ± 40 ȝM, and this buffers dissolved Fe2+, which remains 385 

close to zero throughout the core (Fig. 5f). As with the euxinic and chemocline cores, dissolved 386 

phosphate initially increases slightly, to ~42 ȝM at 7.5 cm depth. However, after a slight 387 

decrease, dissolved phosphate then remains relatively constant at 38 ± 2 ȝM. 388 

 389 

3.4. Sediment geochemistry 390 

3.4.1 Bulk composition 391 

The concentration of TIC generally decreases with depth in each core (Fig. 6), to values 392 

close to zero at ~19 cm in the euxinic core and ~16 cm in the chemocline core, although TIC 393 

remains somewhat higher throughout the oxic core. TOC concentration is high in the upper 394 

samples of all cores (Fig. 6), reaching more than 10 wt% in the euxinic and chemocline cores, 395 

and almost 20 wt% close to the sediment-water interface in the oxic core. The oxic core shows 396 

a steady down-core decrease in TOC due to microbial remineralization, whereas the more 397 

sudden decreases evident at depth in the euxinic and chemocline cores (Fig. 6) likely reflect 398 

additional dilution by landslide sediment. However, TOC concentrations at depth in the euxinic 399 

and chemocline cores generally remain above ~2 wt%. 400 

Total sulfur concentration fluctuates significantly in the euxinic core, with transitions to 401 

lower values evident in the depth sections affected by landslides (Fig. 6). By contrast, TS shows 402 
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a more stable profile in the chemocline and oxic cores, with an overall slight decrease with 403 

depth from ~2.5 wt% close to the sediment-water interface. Total Fe increases from ~3.6 wt% 404 

at the surface, to a peak of ~8.0 wt% at 21 cm in the euxinic core, followed by a subsequent 405 

decrease (Fig. 6). In the chemocline and oxic cores, total Fe concentrations are lower and 406 

increase slightly with depth, but below ~20 cm in the chemocline core there is a slight decrease, 407 

similar to the euxinic core.  408 

The detrital elements Al and Ti show similar profiles (Fig. 6) with a downcore increase in 409 

all cores, but with pronounced increases associated with landslide-affected sediment in the 410 

euxinic and chemocline cores. Total P remains relatively constant in the euxinic (0.13 ± 0.03 411 

wt%) and chemocline (0.12  ± 0.03 wt%) cores (Fig. 6). By contrast, total P concentrations are 412 

higher in the upper part of the oxic core and clearly decrease with depth.  413 

To evaluate potential changes in major element compositions due to the landslides, total 414 

Fe, Al, Ti, S and P profiles are plotted on a TIC (assuming TIC is present as CaCO3) and TOC 415 

(assuming a formula CH2O) free basis for the euxinic and chemocline cores in Fig. 7. The data 416 

show relatively limited variability in total Fe, Al and Ti for both cores, but in the euxinic core 417 

total Fe tends to be slightly lower in landslide-affected sediment, while Al and Ti tend to be 418 

slightly higher. These trends likely reflect minor differences in the bulk geochemistry of 419 

landslide sediment relative to the normal sediment input. By contrast, total S and P show 420 

significant variability on a TOC- and TIC-free basis (Fig. 7). This occurs partly due to dilution 421 

of the Fe-sulfides and organic-bound P that form in the water column, by the sediment 422 

deposited during landslides, but also reflects biogeochemical cycling during diagenesis, as 423 

discussed below. 424 

 425 

3.4.2 Iron speciation 426 

In the euxinic core, abundant Fe(II)unsulf is present throughout (reaching almost 2 wt%), 427 

but the depth profile shows an overall decrease to ~15 cm, and then a subsequent increase 428 

below ~20 cm (Fig. 8). In the chemocline and oxic cores, Fe(II)unsulf is present at lower 429 

concentrations, with an overall slight decrease with depth. With the exception of two isolated 430 

samples in the euxinic core, the most reactive iron oxide pool (Feox1) is low in all cores (Fig. 431 

8). In contrast, the more crystalline iron (Feox2) are more abundant and remain relatively 432 

constant with depth (Fig. 8). Femag tends to be a minor constituent (Fig. 8), but concentrations 433 

are higher from 12.5-20 cm in the euxinic core. Since there is abundant dissolved sulfide at this 434 

depth in the euxinic core (Fig. 5), it is unlikely that this is magnetite formed by magnetotactic 435 

bacteria (e.g., Karlin et al., 1987), although we cannot rule out the possibility that the magnetite 436 
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formed in situ before sulfidic conditions were re-established after the landslide. Alternatively, 437 

the increase in magnetite may be due to increased magnetite concentrations in the landslide 438 

sediment, although this is not observed in the lower landslide interval.  439 

FeAVS is present at relatively low concentrations in all cores, with a general decrease with 440 

depth (Fig. 8), presumably due to conversion to pyrite. Fepy is relatively constant at ~1 wt% in 441 

the chemocline and oxic cores, although concentrations show a slight increase with depth over 442 

the top 12 cm of the oxic core (Fig. 8). In the euxinic core, Fepy shows an overall increase to a 443 

depth of ~20 cm, but with a pronounced shift to lower concentrations in association with the 444 

most recent landslide. After reaching concentrations of almost 3 wt% below the most recent 445 

landslide, Fepy progressively decreases to ~0.1 wt% through the earlier landslide interval (Fig. 446 

8).  447 

 448 

3.4.3. Phosphorus speciation 449 

Loosely-bound P (Psorb) concentrations are very low in all three cores (Fig. 9). In the 450 

euxinic core, Fe-associated P (PFe) decreases to a depth of ~15 cm, but then progressively 451 

increases below ~18 cm. In the chemocline and oxic cores, PFe concentration generally 452 

decreases with depth, with a particularly strong decrease from relatively high surface 453 

concentrations in the oxic core (Fig. 9). PFe concentration also increases slightly from 15-22 454 

cm depth in the chemocline core. Authigenic carbonate flourapatite (Pauth) is a minor 455 

component of all three cores and concentrations remain relatively constant with depth, although 456 

there is some suggestion of slightly lower values in landslide intervals (Fig. 9). Detrital P (Pdetr) 457 

varies considerably, particularly across landslide intervals. In the euxinic core, the two 458 

landslide intervals are associated with excursions to much higher concentrations of Pdetr. Higher 459 

concentrations of Pdetr are also a feature of the landslide interval in the chemocline core (Fig. 460 

9), which presumably reflects differences in the mineralogy of landslide sediment relative to 461 

the normal sediment input to the lake. The oxic core displays much less variability in Pdetr, but 462 

there is a clear gradual increase in concentration with depth. Organic-bound P (Porg) 463 

concentrations decrease with depth in each core, but with excursions to lower values in 464 

association with landslide intervals in the euxinic and chemocline cores (Fig. 9). 465 

 466 

4. DISCUSSION 467 

4.1. Water column chemistry 468 

Water column data are broadly consistent with previous studies, demonstrating the 469 

persistent sulfidic nature of the basin below a depth of ~12 m (Fig. 2). In detail, however, our 470 
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data highlight temporal variability in the concentrations of different dissolved species. In 471 

particular, the concentration of dissolved sulfide at depth (65 ± 5 µM; Fig. 2) is lower than 472 

previous reports of 100-300 µM (Halm et al., 2009; Dahl et al., 2010; Canfield et al., 2010). 473 

This may be a consequence of lower rates of bacterial sulfate reduction driven by a decrease in 474 

the flux of sulfate into the basin (see Boudreau and Westrich, 1984), since concentrations of 475 

up to 1.2 mM at depth in the present study (Fig. 2) are significantly lower than previous reports 476 

of 1.7-2 mM (Tonolla et al., 1998; Dahl et al., 2010; Canfield et al., 2010). Alternatively, the 477 

lower sulfide and sulfate concentrations in the present study may be due to more active mixing 478 

between the denser deep lake waters and the upper waters. Similarly, relatively low 479 

concentrations of dissolved Fe(II) (~1 µM below the chemocline; Fig. 2) relative to previous 480 

reports of up to 3 µM (Tonolla et al., 1998; Halm et al., 2009) may be linked to enhanced water 481 

column mixing. Nevertheless, the concentrations of dissolved Fe(II) and sulfide at the time of 482 

sampling are in very good agreement with concentrations that would be expected to co-exist 483 

according to the solubility of FeS, suggesting that dissolved Fe(II) species are dominated by 484 

aqueous FeS clusters (Rickard, 2006).  485 

A pertinent feature of the water column chemistry is the increase in phosphate with depth 486 

below the chemocline. Concentrations of up to 2 µM in deeper waters are consistent with 487 

previous studies (Tonolla et al., 1998), and the gradual increase observed with depth might be 488 

a consequence of release of phosphate either from sinking organic matter during 489 

remineralisation via bacterial sulfate reduction, or from the sulfidation of Fe (oxyhydr)oxide 490 

minerals. Alternatively, the phosphate profile may also be generated from the release of 491 

phosphate from porewaters, which we consider in more detail below.  492 

 493 

4.2. Fe-S systematics  494 

The Fe speciation data show several prominent features of importance to the present study. 495 

Firstly, discounting the landslide-affected sediment, there is an overall increase in Fepy to a 496 

sediment depth of ~20 cm (Fig. 8). This is consistent with diagenetic pyrite formation 497 

augmenting the flux of Fe-sulfide minerals from the water column. The reaction of dissolved 498 

sulfide with Fe (oxyhydr)oxide minerals produces mineral surface-associated Fe(II) (i.e., 499 

Fe(II)unsulf), which subsequently dissolves slowly at the pH of most porewaters (Dos Santos 500 

Afonso and Stumm, 1992; Poulton, 2003). The most reactive Feox1 minerals are initially 501 

reduced via this process, and thus this phase is almost entirely consumed in all three cores, 502 

whereas the more crystalline Fe (oxyhydr)oxides comprising the Feox2 pool react more slowly 503 

(Canfield, 1989; Canfield et al., 1992; Poulton et al., 2004b) and persist with depth (Fig. 8). 504 
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After dissolution, Fe(II) can react with dissolved sulfide to form FeAVS and ultimately pyrite. 505 

Thus, the associated decrease in Fe(II)unsulf over the top 15 cm of the euxinic core (and to a 506 

lesser extent in the other cores; Fig. 8) is consistent with the progressive formation of pyrite 507 

via this process.  508 

By contrast, rapid sedimentation during landslides would dilute the flux of Fe-sulfide 509 

minerals forming in the water column, resulting in lower initial concentrations in the deposited 510 

sediment. In addition, rapid burial decreases the exposure time of reactive Fe minerals to the 511 

highest concentrations of dissolved sulfide, which occurs in the upper portion of sediment (Fig. 512 

5). Dissolved sulfide concentration exerts a primary control on the rate of reductive dissolution 513 

of reactive Fe minerals (Canfield et al., 1992; Dos Santos Afonso and Stumm, 1992; Poulton 514 

et al., 2003), which would also contribute to the observed decrease in pyrite concentrations in 515 

landslide-affected sediment (Fig. 8).  516 

A second prominent feature concerns the persistence of ferric (oxyhydr)oxide mineral 517 

phases with depth in all the three cores (dominantly Feox2, with minor Feox1 in some cases). 518 

However, the relatively constant Feox2 depth trends (Fig. 8) are potentially misleading, as the 519 

profiles are affected by variable sediment dilution factors arising from the water column 520 

formation of TOC, carbonate minerals and pyrite, as well as the landslides. To evaluate whether 521 

Feox2 minerals, which are dominantly introduced to the basin in association with detrital phases, 522 

participate in biogeochemical reactions during diagenesis, we plot this phase normalised to Al 523 

(as a proxy for the detrital flux) in Fig. 10. These Feox2/Al depth profiles demonstrate that the 524 

Feox2 pool is progressively dissolved in both the chemocline and oxic cores, but in particular, 525 

there is a major decrease below ~15 cm depth in the euxinic core. The reductive dissolution of 526 

Feox2 minerals at depth in the euxinic core would provide the dissolved Fe(II) required to 527 

precipitate the high concentrations of pyrite observed at this depth (Fig. 8), and would also 528 

source the increase in porewater Fe(II) concentrations observed lower in the core (Fig. 5). In 529 

addition, the reduction of Feox2 minerals would account for the progressive increase in 530 

Fe(II)unsulf below ~15 cm (Fig. 8). Thus, although a proportion of the more crystalline Feox2 531 

minerals persist with depth, these phases are biogeochemically reactive in all cores during 532 

diagenesis. 533 

The reduction of crystalline ferric (oxyhydr)oxide minerals deeper in the euxinic core may 534 

occur via more than one pathway. Although methane was not measured in our study, anaerobic 535 

oxidation of methane has been demonstrated at depths of 16-20 cm in the euxinic sediments of 536 

Lake Cadagno (Schubert et al., 2011). Thus AOM using Fe(III) in (oxyhydr)oxide minerals 537 

may be responsible for the generation of dissolved Fe(II) (Beal et al., 2009). Alternatively, it 538 
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is also possible that Fe(II) is sourced from dissimilatory Fe reduction. The production of 539 

unsulfidized Fe(II) deeper in the euxinic sediment is a direct consequence of insufficient sulfate 540 

(and hence sulfide) to fully sulfidize the FeHR pool, and we consider the nature of this Fe(II)unsulf 541 

phase in more detail below. 542 

 543 

4.3. Phosphorus cycling 544 

4.3.1. Diagenetic recycling 545 

The dissolved (Fig. 5) and solid phase (Fig. 9) P distributions clearly demonstrate active P 546 

cycling in each of the cores. The initial increase in dissolved phosphate observed over the top 547 

few cm of each core (Fig. 5), coupled with higher porewater concentrations than in the 548 

overlying water column (Fig. 2), likely reflects a balance between release of P from organic 549 

matter degradation and Fe (oxyhydr)oxide dissolution during early diagenesis, coupled with 550 

diffusive loss of dissolved P to the overlying water column. Although the Porg profiles in the 551 

euxinic and chemocline cores have clearly been affected by the landslides (Fig. 9), molar 552 

TOC/Porg ratios (Fig. 11) provide strong evidence for extensive P mobilisation during organic 553 

matter degradation. In all cores at depths were the sediment has not been affected by landslides, 554 

molar TOC/Porg ratios are considerably higher (>600:1) than the Redfield Ratio of 106:1, which 555 

is entirely consistent with the preferential recycling of P during bacterial sulfate reduction 556 

(Ingall et al., 1993; Slomp et al., 2002, 2004; Jilbert et al., 2011). In landslide-affected intervals, 557 

organic matter is more rapidly buried and hence there is less preferential release of P from 558 

organic matter degradation, although even in the most rapidly deposited sediment, TOC/Porg 559 

ratios are significantly higher than the Redfield Ratio. 560 

 561 

4.3.2. Controls on P recycling 562 

The P released from Fe (oxyhydr)oxide reduction and organic matter degradation may 563 

either be retained in the sediment as secondary phases, or may be recycled back to the water 564 

column (e.g., Ruttenberg and Berner, 1993; Ingall and Jahnke, 1994, 1997; Van Cappellen and 565 

Ingall, 1994; Slomp et al., 1996b, 2002, 2004). We evaluate these processes by first noting that 566 

molar TOC/Preactive ratios are considerably lower than TOC/Porg ratios (Fig. 11). These lower 567 

TOC/Preactive ratios suggest that some of the recycled organic P is sequestered in authigenic 568 

phases, although Fe (oxyhydr)oxide minerals may also contribute an additional source of P to 569 

the sediment, consistent with the higher concentrations of PFe observed in surface sediments 570 

(Fig. 9). Nevertheless, despite possible additional P drawdown in association with Fe 571 

(oxyhydr)oxides, TOC/Preactive ratios remain well above the Redfield Ratio for sediment 572 
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intervals not affected by landslides, demonstrating that a significant proportion of the P 573 

released during organic matter degradation and Fe (oxyhydr)oxide reduction is recycled back 574 

to the water column. This observation is further supported by the relatively low Pauth 575 

concentrations in all three cores (Fig. 9).  576 

Since the actual fluxes of the different primary reactive P fractions to the sediment are not 577 

known, it is not possible to evaluate the relative extent of recycling of different P phases back 578 

to the water column. However, close to the sediment water interface, molar TOC/Preactive ratios 579 

increase from the oxic core (260:1), through the chemocline core (345:1), to the euxinic core 580 

(452:1), consistent with previous studies highlighting the role of water column anoxia, and 581 

particularly sulfidic conditions, in enhancing P recycling back to the water column (e.g., Ingall 582 

and Jahnke, 1994, 1997; Van Cappellen and Ingall, 1994; Slomp et al., 2002, 2004). A 583 

significant flux of P from the sediments under euxinic conditions is supported by the increase 584 

in dissolved water column phosphate at depth (Fig. 2). The contrasting behaviour of the P cycle 585 

across intervals affected by landslides is also entirely as expected. The rapid burial of sediment 586 

would result in a greatly reduced flux of mobilised P back to the water column. Hence, 587 

TOC/Preactive ratios are considerably lower across all landslide intervals (Fig. 11). 588 

In terms of retention of dissolved P in the sediment, the carbonate-fluorapatite (Paut) sink 589 

is relatively minor (Fig. 9), and much lower than proportions of the total P burial flux typically 590 

found in marine sediments deposited beneath oxic bottom waters (~50%; Ruttenberg and 591 

Berner, 1993). The Pdetr profiles in the euxinic and chemocline core have been strongly affected 592 

by the deposition of landslide sediment, but in the oxic core there is a minor increase in Pdetr 593 

with depth. This could potentially be due to slight conversion of carbonate fluroapatite to more 594 

crystalline apatite, which would be extracted as Pdetr. Alternatively, this could be due to a 595 

gradual change in the mineralogy of the sediment entering the lake. In either case, this pool 596 

does not constitute a major sink for reactive P. 597 

The gradual decrease in dissolved P with depth in the euxinic and chemocline cores does, 598 

however, imply the formation of a secondary P phase. In this context, the observed increase in 599 

PFe at depth in the euxinic core (Fig. 9) is particularly significant. The concentration of PFe 600 

begins to increase at a depth of ~20 cm, which is where sulfide concentrations rapidly decrease 601 

to low concentrations, and a little below this depth, dissolved Fe(II) increases when dissolved 602 

sulfide is completely depleted (Fig. 5). There is no evidence for an increase in reactive Fe 603 

(oxyhydr)oxide minerals at this depth (and no evidence for re-adsorption of P; Figs. 8 and 9), 604 

and thus this increase in secondary PFe is unlikely to be due to uptake by ferric oxides (or 605 

carbonate minerals; c.f., Kraal et al., 2017). As discussed above, however, there is a clear 606 
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concomitant increase in Fe(II)unsulf with the increase in PFe. Unlike some of the other solid phase 607 

parameters (such as Fepy; Fig. 8), the increase in Fe(II)unsulf does not fluctuate in relation to the 608 

landslide-affected sediment. Instead, there is a gradual increase in Fe(II)unsulf below ~15 cm 609 

depth, indicating that the formation of this phase was not significantly affected by the landslides. 610 

Taken together, the porewater and solid phase geochemical profiles strongly imply the 611 

progressive formation of Fe(II) phosphate (vivianite) as porewater sulfate and sulfide become 612 

depleted. High concentrations of vivianite are unlikely to occur higher in the core where 613 

significant sulfide is present (although vivianite could form in microenvironments, at least as 614 

a transient phase; Jilbert and Slomp, 2013), as its formation is suppressed by the formation of 615 

FeS (Manning et al., 1994; Reed et al., 2016). 616 

The fine-grained, potentially poorly crystalline nature of vivianite makes direct 617 

mineralogical identification problematic at low concentrations in sediments (see Egger et al., 618 

2015). However, geochemical modelling provides support for the formation of vivianite. We 619 

initially consider the saturation index (SI) of vivianite and other key diagenetic minerals (pyrite 620 

and siderite). The SI of pyrite is high throughout the euxinic core (Fig. 12), but the very low 621 

level of sulfide at depth allows dissolved Fe(II) to accumulate in porewaters (Fig. 5). The 622 

increased availability of dissolved Fe(II) at depth increases the SI for both siderite and vivianite 623 

(Fig. 12), suggesting that both may potentially form. When additionally considered in terms of 624 

Eh-pH (Fig. 13), the stability field for pyrite decreases deeper in the sediment, and at the pH 625 

of the euxinic porewaters (~8; Fig. 4), the formation of vivianite is promoted over the formation 626 

of siderite. 627 

Our geochemical and modelling data thus support a growing body of evidence for the 628 

importance of vivianite as a significant sink for P during sediment diagenesis in a variety of 629 

aquatic environments (Rothe et al., 2014; Jilbert and Slomp, 2013; Slomp et al., 2013; Hsu et 630 

al., 2014; Egger et al., 2015; O’Connell et al., 2015; Dijkstra et al., 2014; 2016; März et al., 631 

2018). Significantly, however, we provide the first evidence for this process as a major control 632 

on the permanent sequestration of P below the sulfate/methane transition in a low sulfate, 633 

persistently euxinic water column setting. Egger et al. (2015) found that vivianite formation 634 

accounts for 40-50% of total P burial below the sulfate/methane transition zone in sediments 635 

deposited beneath the oxic water column of the Bothnian Sea. The total burial flux of P in our 636 

euxinic core has been considerably affected by enhanced detrital P inputs from landslide 637 

sediment (Fig. 9). However, if we reasonably assume that the majority of PFe measured at depth 638 

in the euxinic core is present as vivianite, then this accounts for up to ~60% of the total reactive 639 

P burial flux (i.e., discounting Pdetr) in euxinic Lake Cadagno sediments. Thus, in low sulfate, 640 
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euxinic water column settings, vivianite can be a major permanent sink for remobilised 641 

phosphorus. 642 

 643 

5. SUMMARY AND IMPLICATIONS 644 

We provide the first detailed study of Fe and P cycling in a low sulfate, persistently euxinic 645 

setting. Phosphorus recycling to the water column is extensive throughout the basin, but is 646 

particularly enhanced beneath the deeper euxinic waters. This is entirely consistent with 647 

previous studies of P cycling in anoxic water column settings (e.g., Ingall and Jahnke, 1994, 648 

1997; van Cappellen and Ingall, 1994; Slomp et al., 2002, 2004), but specifically extends this 649 

observation to the low sulfate, euxinic settings that were prevalent during Precambrian and 650 

Phanerozoic episodes of water column euxinia. Phosphorus recycling significantly diminishes 651 

the overall P burial efficiency (Ingall and Jahnke, 1994; 1997), thus altering the total P content 652 

of the sediment, as well as TOC/Porg ratios, providing support for the suggestion (Poulton, 2017) 653 

that the total P content of ancient euxinic shales is unlikely to track water column P 654 

concentrations (c.f., Reinhard et al., 2017). 655 

As previously suggested, the recycling of P back to the water column in ancient euxinic 656 

settings would promote a positive productivity feedback, significantly enhancing organic 657 

carbon burial (Ingall and Jahnke, 1994; 1997; Van Cappellen and Ingall, 1994) and hence 658 

oxygen production. However, our data also suggest that the flux of recycled P to the water 659 

column in ancient euxinic settings would have been modulated by the formation of authigenic 660 

Fe(II) phosphate minerals. This would specifically occur because, as demonstrated in Lake 661 

Cadagno, the low-sulfate concentrations result in sulfide depletion (through precipitation as 662 

pyrite), and hence vivianite precipitation, relatively close to the sediment-water interface. This 663 

scenario is very different to other modern, high sulfate euxinic settings, where in shallow 664 

sediments vivianite has been found forming in microenvironments within sediments that still 665 

contain significant dissolved sulfide (Jilbert and Slomp, 2013), but only as a transient phase 666 

(Kraal et al., 2017) that does not significantly impact P cycling (Reed et al., 2016). Thus, the 667 

recycling flux of P to the water column from high sulfate, euxinic settings is unlikely to be 668 

significantly modified by the precipitation of vivianite. 669 

More often, vivianite formation has been observed at significant depth in the sediment 670 

profile, where internal P recycling below the sulfate-methane transition promotes vivianite 671 

formation at depths of several metres (e.g., Dijkstra et al., 2016; 2018; März et al., 2018), with 672 

no net effect on P recycling from the sediment. We additionally note that in addition to 673 

requiring dissolved P, the formation of Fe(II) phosphate requires that unsulfidized FeHR 674 
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minerals persist beneath the sulfate/methane transition zone. This persistence of unsulfidized 675 

FeHR minerals would also be enhanced in low sulfate, euxinic settings, compared to high sulfate, 676 

euxinic settings, due to the decreased average exposure time of Fe (oxyhydr)oxide minerals to 677 

high concentrations of dissolved sulfide (see Poulton et al., 2004a). In this context, we note 678 

that studies of ancient marine settings have demonstrated that ~30% of the FeHR pool 679 

commonly remains unsulfidized under low sulfate, euxinic water column conditions (März et 680 

al., 2008b). Thus, ancient euxinic settings commonly contained sufficient unsulfidized FeHR to 681 

promote vivianite formation beneath a shallow sulfate/methane transition zone.  682 

The relative extent of water column P regeneration under euxinic conditions through 683 

Earth’s history can be considered to be sulfate-dependent, since on a global scale, sulfate 684 

concentration will (at least partly) determine the depth in the sediment at which Fe(II) 685 

phosphate becomes a significant sink for remobilised P. In other words, on a global scale, low 686 

sulfate promotes vivianite formation closer to the sediment-water interface, due to the more 687 

rapid consumption of all of the dissolved sulfate and sulfide during early diagenesis. Enhanced 688 

vivianite formation closer to the sediment-water interface under low sulfate conditions would 689 

decrease the flux of P back to the water column. Thus, as sulfate concentrations increased from 690 

the low micromolar range typical of the early Archean (Habicht et al., 2002; Crowe et al., 2014), 691 

through the low millimolar range of the later Proterozoic (Kah et al., 2004; Guilbaud et al., 692 

2015), to the moderate millimolar range of many Phanerozoic euxinic episodes (e.g., Adams 693 

et al., 2010; Newton et al., 2011; Song et al., 2013; Poulton et al., 2015), the significance of 694 

the Fe(II) phosphate trap for remobilised P under euxinic conditions likely progressively 695 

diminished. As such, the formation of vivianite would be not be expected to exert such a strong 696 

control on P recycling under the higher sulfate concentrations typical of modern euxinic marine 697 

settings. As a natural extension of these observations, our data suggest that P recycling likely 698 

maintained mid-Proterozoic, shallow marine phosphate concentrations at moderate, rather than 699 

very low (c.f., Reinhard et al., 2017) levels, under the widespread euxinic conditions envisaged 700 

for such settings (e.g., Canfield, 1998; Scott et al., 2008; Poulton et al., 2010; Poulton and 701 

Canfield, 2011; Kendall et al., 2011), with significant implications for organic carbon 702 

production and burial, and hence the production of atmospheric oxygen. 703 
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Figure Captions 1051 

Fig. 1. Geographical map and bathymetric map of Lake Cadagno, Switzerland (after Wirth et 1052 
al., 2013; Tonolla et al., 1998). Circles indicate the three sediment core locations, and the 1053 
squares indicates the position of the subaquatic springs.  1054 

 1055 

Fig. 2. Vertical distribution of dissolved O2, SO4
2-, Fe2+, sulfide, and PO43- in the water column 1056 

of Lake Cadagno. The O2 profile is from Canfield et al. (2010). 1057 

 1058 

Fig. 3. Water content profiles; a) euxinic core; b) chemocline core. Dashed lines indicate 1059 
general depth trends. 1060 

 1061 

Fig. 4. Dissolved inorganic carbon (DIC) and pH in the euxinic core porewaters. 1062 

 1063 

Fig. 5. Porewater profiles for dissolved Fe2+, PO4
3-, sulfide and SO42-; a) sulfide and SO42- in 1064 

the euxinic core; b) Fe2+ and PO4
3- in the euxinic core; c) sulfide and SO4

2- in the chemocline 1065 
core; d) Fe2+ and PO4

3- in the chemocline core; e) sulfide and SO4
2- in the oxic core; f) Fe2+ and 1066 

PO4
3- in the oxic core. 1067 

 1068 

Fig. 6. Profiles of TIC, TOC, TS, Fe, Al, Ti and P for the three sediment cores. Grey shading 1069 
marks landslide intervals. 1070 

 1071 

Fig. 7. Profiles of total Fe, Al, Ti, S and P on a TOC-free and TIC-free basis for the euxinic 1072 
and chemocline cores. Grey shading marks landslide intervals. 1073 

 1074 

Fig 8. Iron speciation profiles in the three sediment cores. Grey shading marks landslide 1075 
intervals. 1076 

 1077 

Fig 9. P speciation profiles for the three sediment cores. Grey shading marks landslide intervals. 1078 

 1079 

Fig. 10. Feox2/Al depth profiles for the three sediment cores; a) euxinic core; b) chemocline 1080 
core; c) oxic core. Grey shading marks landslide intervals. 1081 
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 1082 

Fig. 11. Molar TOC/Porg and TOC/Preactive for the three sediment cores; a) euxinic core; b) 1083 
chemocline core; c) oxic core. Dashed lines represent the Redfield TOC/P ratio (106:1). Grey 1084 
shading marks landslide intervals. 1085 

 1086 

Fig. 12. Saturation index for vivianite, siderite and pyrite in the euxinic core. 1087 

 1088 

Fig. 13. Eh-pH diagram showing stability fields for different iron minerals at different depths 1089 
in the euxinic core (strengite is ferric phosphate mineral: FePO4·2H2O); a) at 0-5 cm; b) at 1090 
29.5-31.5 cm; c) enlargement of highlighted area. 1091 

 1092 

  1093 
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Table 1. Fe extraction protocol. Steps I-III  are performed sequentially on a sub-sample, and 1094 
steps IV and V are performed sequentially on a separate sub-sample. 1095 

Step Extraction details Target Fe phases RSD (%) 

I 5 mL 0.5 M HCl (shake for 1h)  

Fe(II)unsulf: Extraction targets 
reduced solid phase Fe, 
including AVS and Fe(II) 
phosphates.  
Subtraction of FeAVS (step IV) 
gives unsulfidized solid phase 
Fe(II) 
 
Feox1: Extraction also gives 
total Fe (i.e., Fe(II) + Fe(III)) 
solubilized by this technique. 
Subtraction of Fe(II) gives 
highly reducible ferric oxides 
such as ferrihydrite 

3 
 
 
 
 
 

11 
 

II 

10 mL sodium citrate/acetic 
acid/sodium dithionite solution (58.82 
g/L sodium citrate,  20 mL/L acetic 
acid, 50 g/L sodium dithionite, shake 
for 2 h) 

Feox2: Reducible ferric oxides 
such as goethite and hematite 

4 

III 
10 mL ammonium oxalate/oxalic acid 
(28.42g/L ammonium oxalate, 21.45 
g/L oxalic acid, shake for 6h) 

Femag: Magnetite 5 

IV 8 mL 50% HCl (boil for 1h) FeAVS: Acid volatile sulfide 5 

V 
5 mL 1M chromous chloride dissolved 
in 50% HCl (boil for 1 h) Fepy: Pyrite 5 

 1096 

  1097 
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Table 2. Sequential SEDEX steps for different target P phases. 1098 

Step Extractant Target P phase RSD (%) 

I 
5 mL 1 M MgCl2 (pH 8, shake for 2h) × 2 
 
5 mL MilliQ water (shake for 2h) × 2 

Psorb: loosely sorbed P 5 

II 

10 mL sodium citrate/sodium bicarbonate/sodium 
dithionite solution (88.23 g/L sodium citrate, 84.01 g/L 
sodium bicarbonate, 24.38 g/L sodium dithionite, shake 
for 8 h) 
 
5 mL 1 M MgCl2 (pH 8, shake for 2 h) 
 
5 mL MilliQ water (shake for 2 h) 

PFe: Fe-bound P 2 

III 

10 mL, 1 M acetate sodium (pH 4, shake for 6h) 
 
5 mL 1 M MgCl2 (pH 8, shake for 2 h) × 2 
 
5 mL MilliQ water (shake for 2 h) 

Pauth: Carbonate-
associated P, authigenic 
apatite and biogenic 
apatite 

3 

IV 10 mL 10% HCl (shake for 16 h) Pdetr: Detrital apatite and 
other inorganic P phases 2 

V 
Ash at 550 Ԩ 
 
10 mL 10% HCl (shake for 16 h) 

Porg: Organic 
phosphorus 3 

1099 
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